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Abstract

Carbon dioxide (CO.), produced and released to the atmosphere by human activities, has
been accumulating in the oceans for approximately two centuries and will continue to do so well
beyond the end of this century if emissions are not curbed. One direct consequence of CO> build-
up in the atmosphere and its transfer to the ocean is the acidification of seawater. Calcite, a mineral
secreted by many organisms living in the surface ocean to produce their shells and skeletons,
covers a large part of the seafloor and acts as a natural anti-acid, neutralizing CO.. Thus, a precise
knowledge of the kinetics of this dissolution reaction is necessary to predict the ocean recovery
time towards its pre-acidification state once anthropogenic CO, emissions are curbed. Over the
past decades, numerous studies of calcium carbonate (CaCO3) mineral dissolution kinetics have
been performed in seawater. Despite this ongoing effort, the mechanisms controlling the
dissolution rate of the two most common CaCOz minerals and polymorphs (calcite and aragonite)
in seawater are still poorly understood and large discrepancies exist between results of in-situ and
laboratory studies, most of which have been carried out under conditions (e.g., mineral
suspensions) that are not representative of processes taking place at the seafloor. This thesis
combines laboratory experiments, oceanographic measurements and model outputs to explore and
unravel the mechanisms that control calcite dissolution at the sediment-water interface (SWI) on
the seafloor in the context of current anthropogenic ocean acidification.

Using a newly developed temperature-controlled rotating-disk reactor, as well as a stirred
reactor, we were able to measure the rate of dissolution of simulated and natural sediment disks of
variable calcite content under environmental and hydrodynamic conditions representative of deep-
sea benthic environments. These experiments revealed that, in contrast to the reigning paradigm
that calcite dissolution Kkinetics in seawater is surface reaction-controlled and of high order, calcite
dissolution at the SW1 and under deep-sea conditions is linearly dependent on the undersaturation
state of the overlying seawater with respect to calcite and controlled by the presence of a diffusive-
boundary layer (DBL) above the sediment bed. The DBL is a thin layer of fluid at the interface
with a solid surface, in which frictional forces cause molecular diffusion to become the dominant
mode of solute transport and whose thickness is inversely correlated with the turbulence of the
fluid above or the speed of bottom currents. Therefore, irrespective of the mineralogy and sediment
properties, the dissolution rate is simply a function of the saturation state of the overlying seawater
with respect to calcite, the calcite content of the sediment, and hydrodynamics at the seafloor.

From these observations, using a compilation of seawater chemical variables in the global
ocean, corresponding sediment calcite content and rain rates, as well as recently modeled bottom
current velocities, we have been able to identify the loci of current anthropogenic calcite
dissolution and its rate. We found that significant anthropogenic dissolution of calcite at the
seafloor currently occurs in the western North Atlantic, where the bottom waters are youngest, and
at various hot spots in the southern Atlantic, Indian and Pacific Oceans. Using model projections
for the 21% century, under a “business as usual” scenario, we found that while seawater will become



more corrosive to this mineral, calcite dissolution at the seafloor will decrease in intensity because
bottom currents will slow down and the amount of calcite particles delivered to the seafloor will
diminish. These results indicate that the neutralization of human-made CO; by calcite dissolution
at the seafloor may take longer than previously thought. The amount of anthropogenic CO>
currently neutralized each year by seafloor or water-column calcite dissolution is negligible, less
than 1% of the current CO, emission rate, and will remain so throughout the 21% century.

These findings are of critical interest to the scientific community and the public, as these
results have far reaching implications for ocean acidification mitigation, to the fate of benthic
communities living under increasing environmental stress, and to geologists contemplating both
present and past records of ocean acidification.



Résumé

Le dioxyde de carbone (CO>), produit et libéré a 1’atmosphére par les activités humaines,
s’est accumulé dans les océans depuis environ deux siecles et continuera ainsi bien apres la fin du
siecle si les émissions actuelles ne sont pas freinées. Une des conséquences directes de cette
accumulation de CO; dans I’atmosphére et son transfert aux océans est I’acidification de ’cau de
mer. La calcite, un minéral secrété par de nombreux organismes vivant a la surface des océans afin
de former leur coquille ou squelette, recouvre une large partie du plancher océanique et agit comme
un antiacide naturel, neutralisant le CO>. De ce fait, une connaissance précise de la cinétique de
cette réaction de dissolution est requise afin de prédire le temps nécessaire a I’océan de retrouver
son état pré-acidification une fois que les émissions de CO> anthropiques ralentiront. Durant les
décennies passées, de nombreuses études de la cinétique de dissolution des carbonates de calcium
(CaCO03) ont été effectuées dans I’eau de mer. Malgré cet effort continu, les mécanismes contrdlant
la dissolution des deux plus communs minéraux et polymorphes du CaCOs (calcite et aragonite)
dans 1’eau de mer ne sont toujours pas bien compris, et il existe de larges différences entre les
résultats d’études in situ et en laboratoire, dont la plupart ont été effectuées sous des conditions
(par exemple, des minéraux gardés en suspension) qui ne sont pas représentatives des processus
ayant lieu au niveau du plancher océanique. Cette thése rassemble les résultats d’expériences en
laboratoire, des données océanographiques et des sorties de modéles afin d’explorer les
mécanismes contrdlant la vitesse de dissolution de la calcite a I’interface eau-sédiment (IES) sur
les fonds océaniques, et dans le contexte actuel d’acidification des océans.

En utilisant un nouveau réacteur a disque rotatif, sous température controlée, ainsi qu’un
réacteur mélange, nous avons été capables de mesurer les taux de dissolution de disques de
sédiment contenant des quantités variées de calcite, sous des conditions hydrodynamiques et
environnementales représentatives des environnements benthiques profonds. Ces expériences ont
montré que, au contraire du paradigme selon lequel la cinétique de dissolution de la calcite dans
I’eau de mer est contr6lée par des processus a la surface des grains et d’ordre élevé, la dissolution
de la calcite a I’'ES et sous des conditions d’océan profond est une fonction linéaire de 1’état de
sous-saturation de I’eau de mer surnageante par rapport a la calcite, et contrlée par la présence
d’une couche limite de diffusion (CLD) au-dessus du sédiment. La CLD est une mince couche de
fluide a I’interface d’une surface solide dans laquelle les forces de friction font de la diffusion
moléculaire le mode de transport dominant pour les espéces en solution, et dont 1’épaisseur est
inversement proportionnelle a la turbulence du fluide ou la vitesse des courants de fond. Par
conséquent, indépendamment de la minéralogie ou des propriétés des sédiments, la vitesse de
dissolution est simplement une fonction de 1’état de saturation de 1’eau de mer par rapport a la
calcite, du contenu en calcite des sédiments, et des conditions hydrodynamiques au niveau du
plancher océanique.

A partir de ces observations, une compilation de variables chimiques de 1’eau de mer a
travers I’océan global, des teneurs en calcite des sédiments et de taux d’accumulation de calcite,



ainsi que des vitesses de courant de fond récemment modélisées, nous avons identifié les lieux ou
la dissolution anthropique de calcite a lieu, ainsi que sa vitesse. Nous avons trouvé qu’une
dissolution significative de calcite s’effectuait présentement au niveau du plancher océanique dans
I’ Atlantique nord, ou les eaux de fond sont jeunes, ainsi qu’a divers points chauds dans le sud des
oceéans Atlantique, Indien et Pacifique. Par la suite, en utilisant des predictions de modelés pour le
21°™ sigcle, sous un scenario de « statut quo », nous avons déterminé que bien que ’eau de mer
deviendra davantage corrosive pour la calcite, la dissolution de ce minéral au plancher océanique
allait décroitre en intensité parce que les courants de fond ralentiront, et que la quantité de
particules de calcite livrée au plancher océanique diminuera. Ces résultats indiquent que la
neutralisation du CO, d’origine humaine par la dissolution de calcite du plancher océanique
pourrait prendre plus de temps que prévu. La quantité de CO: anthropique présentement
neutralisée par la dissolution de calcite dans la colonne d’eau ou dans les sédiments est négligeable,
inférieure & 1% des émissions de CO; actuelles, et il en sera ainsi durant tout le 21°™ siécle.

Ces trouvailles sont d’un intérét capital pour la communauté scientifique aussi bien que
pour le grand publique, car elles ont d’importantes implications pour [’atténuation de
I’acidification des océans, le devenir des communautés benthiques vivant sous des conditions
environnementales qui se dégradent, et pour les géologues étudiant a la fois les enregistrements
sédimentaires présents et passés de 1’acidification des océans.
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Chapter 1

Ocean acidification and CaCOs dissolution at the deep
seafloor

1.1 Anthropogenic CO2 and ocean acidification

1.1.1 Atmospheric CO2 emissions

The growing interference of mankind with the Earth System over the past century has
become a topic of concern to all nations. The term Anthropocene was suggested by Crutzen and
Stoermer (2000) to underscore the role of mankind as a recognizable force that significantly
impacts its surroundings. Human population has increased 10-fold over the past 3 centuries,
reaching an estimated 7.5 billion people in 2015, and is projected to exceed 11 billion by 2100
(McNeill, 2001; United Nations, 2017). Along with technological and economic progress arose
the need for energy. Fossil fuels (petroleum, natural gas, and coal) are currently the major and the
cheapest sources of energy. The remaining reserves of fossil fuel carbon available for energy are
estimated at about 5000 Gt C (Archer, 2005). Most of it is found in the form of coal, whereas
extractable oil resources are evaluated at about 250 Gt C, and traditional natural gas reserves
represent about 200 Gt C, with the potential to expand these reserves several times if
unconventional sources such as oil sands or methane hydrates are considered (Milkov, 2004;
Rogner, 1997). Projections for anthropogenic carbon release to the atmosphere usually do not
exceed 2100. Although very speculative, the worst-case scenario would call for the burning of the
totality of the 5000 Gt C available for energy production.

Anthropogenic CO emissions to the atmosphere were 555 + 85 Pg C between 1750 and
2011. Of this amount, fossil fuel combustion and cement production contributed 375 + 30 Pg C
and land use change (including deforestation and reforestation) contributed 180 + 80 Pg C (Ciais
et al., 2013), see also Fig. 1.1a. The annual mean growth rate of the atmospheric CO>
concentration, as measured at Mauna Loa, has more than doubled between 1960 and 2015,
reaching a value of 2 parts per million (ppm) per year. The atmospheric CO2 concentration was
~280 ppm in 1750 (Joos and Spahni, 2008), reached 405 ppm in 2017 (Dlugokencky and Tans,



2018), and may exceed 1000 ppm by 2100 according to the “business as usual” Representative
Concentration Pathway 8.5 (RCP8.5, van Vuuren et al. (2011)), a high-CO, emission scenario
developped by the Intergovernmental Panel on Climate Change (IPCC) in which no specific
climate mitigation action is taken (Riahi et al., 2011). The pCO, for the RCP8.5 scenario is shown
in Fig. 1.1b.

Between 1960 and 2015, atmospheric CO> concentrations increased at only 43% of the rate
of fossil fuel emissions, the rest being either dissolved in the oceans or taken up by the terrestrial
reservoir (Le Quéré et al., 2016). Oceanic uptake plays a major role in the regulation of the
atmospheric CO2 budget, accounting for ~26 % of the annual anthropogenic CO> emissions (Le
Quéré et al., 2016). Without this oceanic uptake, atmospheric pCO2 concentrations would be 55
ppm higher than today (Sabine et al., 2004). The ocean takes up anthropogenic CO; at a rate of
about 10° tons of CO2 per hour, meaning that if these emissions were partitioned equally per capita,
each human would be contributing 4 kg of CO: per day to the ocean (Brewer and Peltzer, 20009;
Orr, 2011).

; : RCP8.5
10 Fossil fuels and instustry 100 Scenario categories 3.2-54°C
Land-use change >1000 ppm CO; eq. relative to
H 1850-1900
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Fig. 1.1 | a) Annual anthropogenic CO. emissions and their partitioning among the atmosphere, land and
ocean (Gt C a-') reservoirs from 1870 to 2015. The emissions and their partitioning only include fluxes that
have changed since 1750, and not the natural CO: fluxes between the atmosphere, land and ocean
reservoirs that existed before that time and still exist today (source: Le Quéré et al., 2016). b) Measured
annual CO. emissions between 1980 and 2015 and predicted emissions between 2006 and 2100 for
various RCP scenarios (source: Global Carbon Budget, 2016).



One of the consequences of massive CO; dissolution in the ocean is ocean acidification.
Absorption of anthropogenic CO2 by the oceans is lowering surface ocean water pH, and,
according to the business-as-usual scenario, a pH change larger than any inferred from the
geological record of the past 300 Ma (with the possible exception of those resulting from
extreme/catastrophic events such as impacts of celestial objects or massive methane hydrate
degassing) is predicted by the end of this century (Caldeira and Wickett, 2003). Before discussing
the chemistry of ocean acidification and its impact on marine ecosystems, | will review the
chemistry of the carbonate system in seawater and factors that control the dissolution of

anthropogenic CO> in the ocean.

1.1.2 The carbonate system

A strong acid, once in solution, is very nearly completely dissociated into its constituent
ions except in very concentrated solutions (in water, one mole of strong acid yield one mole of
protons and one mole of the conjugate base). Conversely, a weak acid undergoes only partial
dissociation in water, the extent of which is dependent on pH and can be described by a mass-
action law or equilibrium reaction (Pauling, 1970). Upon the dissolution of CO> in seawater, CO-
takes on the form of solvated CO> (CO2 (ag) 0r CO2-H20) or carbonic acid (H2CO3). As carbonic
acid can successively, but partially shed two protons, it is considered a weak diacid. The reactions

that describe these dissociations are:

€0, (aq) + H,0 & H,CO0; (L1)
K

H,CO, < H* + HCO; (1.2)
K

HCO; < H* + 0%~ (1.3)

where K and K> are the first and second dissociation constants of carbonic acid. If defined in terms
of the ratio of the activities (effective concentrations) of the products over the reactants, they are
referred to as thermodynamic constants (K°, conventionally denoted by a naught).
Thermodynamic constants vary with temperature and pressure, but not solution composition. On
the other hand, the activity of the carbonic acid species cannot readily be measured directly and
must be derived from concentrations and model estimates of the activity coefficients (coefficients
that reflect their deviation from ideal behavior) of each species. To avoid estimating activity



coefficients, marine scientists have developed a set of stoichiometric equilibrium constants to
represent the state of the system for a given pressure, temperature and salinity. To describe the
carbonate system, K;” and K2" or stoichiometric constants (conventionally denoted by a uppercase
star) are defined in terms of the concentrations of the different species:

K+, = [HCOs A" (1.4)
[H2€037]
2-ry+

K, = 1] (15)
[HCO3™]

We use H2COs* to represent the sum of H2COz and CO: @q) since they can only be readily be
distinguished by infra-red spectrometry, but the true acid only makes up ~ 0.3% of the H>COs*.

1.0

0.1+

0.01+

Fractional contribution

an acidification

0.001

Fig. 1.2 | Speciation (Bjerrum) diagram of the carbonate system in seawater, for different temperatures,
salinities and pressures (heavy curves are for S=35, T=25°C, P=0bar, narrow curves are S=35, T=0°C,
P=0bar, dashed curves are S=35, T=0°C, P=300bar). The shaded region reflecting the range of modern
(annual average) ocean surface, with the hashed region reflecting the corresponding projected year 2010
range (Source: Barker and Ridgwell, 2012).

Using these stoichiometric equilibrium constants, we can calculate the relative quantities
of the dissolved inorganic carbon species, as plotted on the speciation (or Bjerrum) diagram as a
function of pH (Fig. 1.2). According to this diagram, if a strong acid is added to seawater, CO3*
and HCOs™ ions will be successively converted to H.CO3z*. Upon this conversion, the pH will
remain between 6 and 8, and, given the total alkalinity of normal seawater (~ 2.4 mmol/kg at a
practical salinity (Sp) of 35), will drop appreciably only after 3 mmol of protons are added per kg

of seawater (Zeebe and Wolf-Gladrow, 2001). If a weak acid like CO> is added to seawater, most



of the protons released to solution following the dissociation of the carbonic acid will be
neutralized by reaction with the carbonate ions. Thus, the carbonate system is a natural buffer for
the seawater pH (Sillén, 1967).

To understand what limits the capacity of seawater to absorb anthropogenic COy, it is
necessary to first define the basic variables of the carbonate system. Two conservative tracers (in
closed systems, i.e., isolated from the atmosphere) are commonly used to describe the carbonate

system: the dissolved inorganic carbon (DIC) and the total alkalinity (TA).

DIC = [H,C03"] + [HCO;™] + [CO3*7] (1.6)
TA = [HCO3™]+2[C0% |+ [B(OH), ]+ [0H] — [H*] (1.7)

DIC is the sum of the dissolved inorganic carbon species (Eq. 1.6), and TA represents a measurable
parameter that reflects the acid neutralizing capacity of seawater. The formula presented here (Eq.
1.7) for TA approximates the definition provided by Dickson (1981), who defined the total
alkalinity as “the number of moles of hydrogen ion equivalent to the excess of proton acceptors
over proton donors in one kilogram of sample”, taking in account the carbonate, borate, phosphate,
silicate, hydrogen sulfide and ammonia acid-base systems. In more practical terms, it is the sum
of all bases that are titratable with a strong acid to an equivalence point corresponding to the
conversion of HCO3™ to H.COz. In open ocean waters at low nutrient concentrations, when the pH
is around 8, the alkalinity of natural seawater can be approximated by Eq. 1.7 (Zeebe and Wolf-
Gladrow, 2001). Irrespective, this is generally not true in sediment porewaters or where phosphate,
silicate and dissolved organic carbon concentrations are elevated.

Given that HCOs* contributes little to DIC at pH > 8 (see Fig. 1.2), these two variables
can be combined to provide estimates (within a 10% uncertainty, as explained in Sarmiento and
Gruber (2006)) of the concentrations of inorganic carbon species:

[c0%"] ~TA - DIC (1.8)
[HCO3] ~ 2DIC —TA (1.9)
The concentration of CO3% ions in seawater decreases with acidification, as the ions react with
protons released upon the dissociation of the added carbonic acid and buffers the pH change. As a

result, reaction 1.3 is driven to the left, which can be represented by the overall acid-base

neutralization reaction:



CO, + H,0 + CO03* & 2HCO;~ (1.10)

The equilibrium of reactions 1.1 to 1.3 shifts when the pH of the solution is changed (see Fig.
1.2). The pH, on the total proton concentration scale, in the surface ocean is usually around 8.
Consequently, the bicarbonate ion is the most abundant dissolved inorganic carbon species, as
shown in Fig. 1.2. Reaction 1.10 demonstrates that, when CO dissolves in seawater (i.e., DIC is
increased), most of it is converted to bicarbonate. This phenomenon explains why the CO, (or
H2COz3*) concentration in solution increases only slightly upon the addition of anthropogenic CO>
in the surface ocean, because the system is buffered by COs? ions (Zeebe and Wolf-Gladrow,
2001).

1.1.3 Air-sea CO3 flux

A common model used to represent the process of gas exchange at the air-sea interface is
the stagnant boundary model. This model assumes a well-mixed atmosphere and a well-mixed
surface ocean separated by a thin stagnant film through which gas exchange is controlled by
molecular diffusion across a concentration gradient and turbulence (Bolin, 1960; Broecker and
Peng, 1971; Liss and Slater, 1974). In the stagnant boundary layer, molecular diffusion transport

is described by Fick’s first law as:

F = =D, (152) (1.12)

where Dco2 is the molecular diffusion coefficient, a function of the nature of the gas and
temperature (= 1.86x10™° cm?/s for CO; at 25°C; Broecker and Peng (1974)), J is the thickness of
the stagnant film, and A[COz] is the concentration gradient within the film. The water at the top of
the stagnant film is assumed to be in equilibrium with the atmosphere, and its CO> concentration
can be computed using the solubility of CO in seawater, a function of its salinity, temperature and

pCO: in the atmosphere, as determined by Henry’s law:
[COz]sw = Ky pCO, (1.12)

where [CO2]sw is the concentration of CO; in the aqueous phase in mol L, Ky is Henry’s law
constant or the solubility constant at a given temperature and salinity (3.4 x 102 mol L atm™ in

pure water under standard conditions - 1 bar and 298 K - as determined by Morgan and Maass



(1931), and 2.84 x 102 mol L* atm™ in seawater at 298 K and a Sp of 35.00 as determined by
Weiss (1974)), and pCOz is the partial pressure of CO2 expressed in atm in the gas phase.

The thickness of the stagnant boundary at the air-sea interface has been parameterized as a
function of wind speed by several authors (Bates et al., 2011; Deacon, 1980; Liss and Merlivat,
1986; Takahashi et al., 2002; Tans et al., 1990). The expression used by Wanninkhof (1992) is:

D
5= o (113)

0.39 U102 (@

where U is the wind speed corrected to 10-m elevation, and Sc is the Schmidt number for COg,
a dimensionless number defined as the ratio of the kinematic viscosity and the mass diffusivity
(see Bergman et al. (2011) and Wanninkhof (1992) for further information). From Eqg. 1.13, it can
be inferred that strong winds decrease the thickness of the stagnant boundary, which enhances the
diffusive flux (Eq. 1.11).

1.1.4 Anthropogenic CO2 penetration to the deep ocean

Regions where deep-water formation takes place are very limited geographically (e.g.,
Antarctic or Northern Atlantic) and critically important as they act as windows through which

anthropogenic CO- can enter the deep ocean (Sigman and Boyle, 2000).

Main deep-water formation areas include the Southern Ocean and the North Atlantic.
Recent paleo-oceanographic studies have highlighted large changes in the rates of deep-water
formation and of deep-ocean circulation patterns in response to current climate changes (Clark et
al., 2002; Lynch-Stieglitz et al., 2007; Oke and England, 2003). Dense water is formed by
buoyancy loss, due to heat loss across the air-sea interface, sea-ice formation, or caballing (mixing
of two water masses of equal density resulting in a denser fluid; Bullister et al., 2013). For instance,
rapid sea-ice formation increases the salinity of the underlying waters, which may promote their

sinking and carry anthropogenic CO- to depth.

In the North Atlantic, as a part of the Atlantic meridional overturning circulation (AMOC),
two separate source regions for deep-water formation can be identified, one is located in the
Labrador Sea and the other is at the southeastern tip of Greenland, as shown in Fig. 1.3. Upper
North Atlantic Deep Water is formed in the Labrador Sea by deep convection in late winter when
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the density stratification is erased in the upper 1000-2500 meters of the water column (Bullister et
al., 2013; Marshall and Schott, 1999). In general, deep convection, favoring the formation of deep
waters, takes place in areas near land where cold continental air flows over the surface ocean and
leads to high heat loss, and where surface ocean circulation is weakly cyclonic, helping to maintain

the convection (Lazier, 2001).

Fig. 1.3 | Schematic representation of the
Atlantic meridional overturning circulation
(AMOC). The counter-clockwise circulation
between 45°N and 60°N is called the
subpolar gyre. NAC: North Atlantic Current,
LSW: Labrador Sea Water, ISOW: Iceland
Scotland Overflow Water, DSOW: Denmark
Strait Overflow Water, C: convection regions
(Rhein et al., 2011).

In addition, anthropogenic CO> can also be brought to the deep-ocean through the
‘biological pump’. The latter refers to the biologically-driven processes that sequester CO: in
surface waters and transfer it to the deep ocean (Passow and Carlson, 2012). Phytoplanktonic
organisms produce organic matter from DIC through photosynthesis. In order to grow, they require
three essential resources: light, nutrients and turbulence (Cullen et al., 1992; Kirk, 1992).
Turbulence is essential because it impacts the position of the organisms in the water column and
it redistributes nutrients within the surface mixed-layer as well as brings them up from depth to
the surface through upwelling. According to the “law of the minimum” popularized by Liebig and
Playfair (1840), growth of phytoplankton is limited by the least abundant resource. Some factors
influence the efficiency and the rate at which organisms can use these resources, such as
temperature or the intrinsic capacities of organisms (e.g., pigments, anatomy, and morphology). In
the modern ocean, photosynthetic DIC fixation by marine phytoplankton leads to the formation of

about 45 Gt of organic carbon per year (Falkowski et al., 1998).



As a part of the food web, phytoplankton are grazed upon by zooplankton and undigested
material is packaged into fecal pellets. These pellets can sink from surface waters to the abyss in
only a few days or weeks (Fowler and Small, 1972; Smayda, 1969). Some particulate organic
carbon also aggregates in marine snow (i.e., an assemblage of particulate organic matter and
bacteria often held together by a mucus formed of exopolymeric substances; (Passow et al., 2012))
or adsorbs onto mineral particles that carry them down to the deep ocean (ballasting) (Fowler and
Knauer, 1986). Finally, sinking zooplankton carcasses also participate to this organic carbon
transfer from the surface to the deep ocean (Frangoulis et al., 2011). This sinking particulate
organic matter is used as a source of food for organisms living in deep waters and on the deep-sea

floor (Eppley and Peterson, 1979) or remineralized to CO..

1.2 CaCO; chemistry in the marine environment
1.2.1 CaCO;s dissolution

Ocean acidification perturbs the CaCOs oceanic cycle, impeding biogenic calcification and
promoting the dissolution of biogenic carbonates (Delille et al., 2005; Feely et al., 2004). One of
the most important geochemical reactions regulating pH in marine and fresh waters on short time
scales (decades to millenia, while the CO2-H2O buffer described in section 1.1.2 is nearly
instantaneous, on the time scale of gas exchange) is the equilibrium with calcium carbonate

minerals. The dissolution of these minerals can be described by the following reaction:
CaC0; < Ca** + CO3” (1.14)
The saturation state of seawater with respect to calcium carbonate minerals is defined by:

_ (ca?*)(c0%™) _ [ca?*][c0o}7] (1.15)

K°sp K*sp

Q

where K°sp and K*p are, respectively, the thermodynamic and stoichiometric solubility constants
of calcite or aragonite at a given temperature and pressure, (i) are the ion activities, and [i] are total

ion concentrations.

Kosp = (Ca2+)eq(cog_)eq (1.16)



Ksp = YT,Ca2+[Ca2+]eq YT,COSE[Cog_]eq = Ksp* yT_Ca2+yT,C0§_ (1'17)

where yr¢) are total ion activity coefficients. In strong electrolyte solutions, electrostatic
interactions between solutes and water molecules bias their solubility behavior. The activity, or
effective concentration of an electrolyte, is related to its concentration by a factor that accounts for
its deviation from ideal behavior. This factor is called the activity coefficient and can be estimated
by various models, depending on the range of ionic strengths and complexity of the solution
investigated (Garrels and Thompson, 1962; Kester and Pytkowicz, 1969; Millero and Pierrot,
1998; Millero and Schreiber, 1982; Pytkowicz and Hawley, 1974; Pitzer, 1973; Pitzer and Kim,
1974). To avoid the use of these activity coefficients, stoichiometric equilibrium constants are
commonly used in marine sciences, as they represent the state of the system for a given pressure,

temperature and salinity.

The saturation state (Q) represents the thermodynamic potential for the mineral of interest
to precipitate or to dissolve. If Q < 1, the solution is undersaturated with respect to the mineral
and, thus, the mineral should normally dissolve if exposed to this solution. Conversely, if Q > 1,
the solution is supersaturated with respect to the mineral and the latter should spontaneously
precipitate from the solution. Finally, if Q = 1, the solution is in equilibrium with the mineral, and
there should be no net dissolution or precipitation. The most common calcium carbonate minerals
in marine environments are calcite and aragonite. Calcite is the most stable polymorph of CaCO3
under Earth surface conditions, predominates in deep-sea sediments and crystallizes in the
hexagonal crystallographic system, with a rhombohedral unit cell. Aragonite, which is often most
abundant in shallower and warmer waters, belongs to the orthorhombic system, has a structure
significantly denser and topologically far more complex than that of calcite, and is metastable
under Earth surface conditions. Nevertheless, in reality, the precipitation of a stable phase, such as
calcite in the contemporary surface ocean, is most often preceded by the formation of amorphous
phases or metastable polymorphs, such as aragonite, a theory that is known as Ostwald’s step rule.
As explained by Sun et al. (2015), in today’s ocean, due to its lower surface energy and the
inhibitory effect of Mg?*ions in seawater, the nucleation rate of the metastable aragonite can

surpass that of the more stable calcite.

The influence of salinity and temperature on the stoichiometric solubility constants of

aragonite and calcite in seawater was studied by Mucci (1983) at 1 bar total pressure. The
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stoichiometric solubility constants increase systematically with salinity and decrease slightly with
temperature. Given that seawater has nearly the same relative composition in all open oceans, these
constants are expressed as a simple function of salinity rather than a detailed solution composition.
Salinity in the pelagic ocean, below a few hundred meters depth, is nearly constant and its value
is around 35 (Schlitzer, 2000).
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Fig. 1.4 | Stoichiometric solubility products (in mol? kg-2) of aragonite and calcite in seawater, with a Sp of
35, for various pressures and temperatures. Based on the equations of Mucci (1983) and Millero (1995).

Increasing pressure and, to a lesser extent, decreasing temperature, increase the solubility
of CaCOs minerals in the deep ocean. Millero (1995) used the molal volume and compressibility
changes for the dissociation reactions of CaCO3 minerals to quantify the pressure dependence of
the CaCOs solubility.

n(55) =~ ()P + (2 w2

where Ki” and Ki® are, respectively, the solubility constants of aragonite or calcite at the applied
pressure (P, in bars) and at atmospheric pressure, AV and Ax; are, respectively, the molal volume
and compressibility change for reaction 1.14 and can be estimated as a function of temperature for
both aragonite and calcite (refer to Millero (1995) for more details), and R is the gas constant and
equal to 83.131 cm™ mol™ bar deg™. Note that the effect of pressure on the solubility of aragonite
and calcite in seawater was also determined experimentally, including by Ingle (1975). The
equation of Millero (1995), along with the temperature effect parameterized by Mucci (1983) were
used to draw Fig. 1.4, for a Sp of 35. The greater solubility of aragonite relative to that of calcite

is observable on this figure. Furthermore, that pressure has a greater influence than temperature on
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the solubility constants over the range of temperatures and pressures encountered in the open ocean

is clearly represented.

Injection of anthropogenic CO> in seawater decreases the pH and shifts the equilibria of
reactions 1.1 to 1.3, causing a measurable decrease in COs% concentration in seawater (see the
Bjerrum diagram depicted on Fig. 1.2) and leading to a lowering of the saturation state of seawater
with respect to calcium carbonate minerals. Once the latter becomes smaller to 1, seawater is
undersaturated with respect to calcium carbonate minerals and their dissolution occurs. Thus,

combining Egs. 1.1 to 1.3 and Eq. 1.14, we can write the overall reaction:
CaCO3 + CO0; (4q) + H,0 < 2HCO3 + Ca** (1.19)

According to Eq. 1.25, CaCOs dissolution releases one Ca?* ion and one COs? ion to
seawater and leads to an increase in TA and DIC in a ratio of 2:1 (Egs. 1.6 and 1.7). The direct
consequence of this is a higher buffer capacity of seawater and an acceleration of anthropogenic
CO: uptake. CaCOg precipitation, such as it occurs during biogenic calcification, has the reverse
effect, decreasing DIC and TA and counterintuitively increasing [CO2] in seawater. It has been
determined by Zeebe and Wolf-Gladrow (2001) that under surface ocean conditions, [CO2]
increases by ~0.03 umol per umol of CaCO3 precipitated.

The projected changes in seawater chemistry due to ocean acidification may have
deleterious consequences for calcifying organisms. Smith and Buddemeier (1992) suggested that,
even under supersaturated conditions, a decrease in the saturation state of seawater with respect to
calcium carbonate minerals would cause a decrease in biogenic calcification rates, implying a
competitive advantage for non-calcifying reef organisms. Whether they are composed of calcite
or aragonite, the increasing scarcity of COz> ions makes it harder for calcifying organisms to

access it and build their shell, as CaCOs precipitation will require greater Gibb’s free energy.

1.2.2 Inhibitors and catalysts of CaCOs3 dissolution

The adsorption of foreign ions or impurities on mineral surfaces, or their co-precipitation
with the mineral, are known to have a significant influence on the reactivity of CaCO3z minerals
(Terjesen et al., 1961). In this section, the role of magnesium, soluble reactive phosphate and
dissolved organic carbon as inhibitors or catalysts of CaCO3z dissolution are briefly reviewed.
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Under Earth surface conditions, high Mg-calcite minerals are thermodynamically
metastable and persist owing to kinetic constraints (Andersson et al., 2008; Goldschmidt, 1983).
Furthermore, surface waters are often supersaturated with respect to these minerals, promoting
their formation (Andersson et al., 2008). High Mg-calcites whose magnesium content exceed 12

mol% are more soluble than aragonite (see Fig. 1.5 and Bischoff et al. (1987)).

Fig. 1.5 | Compilation of experimental determinations of
magnesian calcite solubilities as a function of the MgCQO3
mole fraction. The minimum solubility is reached for a
MgCOs mole fraction of ~4%. The solubilities of calcite and
aragonite are taken from Plummer and Busenberg (1982).
For a detailed description of the experimental conditions
under which each dataset was generated, see the original
article by Mucci and Morse (1990).
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Calcifying organisms are a major component of all marine ecosystems. The composition
of the shells, tests or skeletons of these organisms can vary widely in shallow water sediments.
Some organisms precipitate calcium carbonate minerals containing significant amounts of
magnesium (see Fig. 1.6). In the case of calcite, low to high Mg-calcites occur in shallow marine
environments. They are usually distinguished on the basis of their MgCO3 content with a boundary
at typically 4 mol%, a value that is representative of the Mg-calcite of minimum solubility, as
depicted in Fig. 1.5 (Mackenzie et al., 1983; Reeder, 1983). Chave (1954) analyzed the
composition of a large number of calcareous organisms, highlighting a strong taxonomic control
of the magnesium content of calcitic tests. The most important and common - due to their ubiquity
— Mg-calcite producers are the red coralline algae, benthic foraminifera, bryozoans and
echinoderms, crustaceans or brachiopods (Andersson et al., 2008; Chave, 1954). The Mg-calcite
composition of these species ranges from a few mol% to as much as 30 mol%. In addition, Mg?*
is also found to occur in abiotic calcite, upon the formation of Mg-calcite cements or overgrowths
(Mucci and Morse, 1983; Mucci et al., 1985).
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Fig. 1.6 | Histogram showing the magnesium content of biogenic calcites in a selection of marine species

that proliferate at various locations and temperatures. From the data of Chave (1954). Pictures are taken

from (left to right) Wikimedia, Enature.qa, Benison Media, Foraminifera.eu, marinespecies.org, Habitas,
Oikonos, Reeflex, Wikimedia and Wikimedia.

Today, the Mg:Ca molar ratio of seawater is ~5.2 (Villiers and Nelson, 1999) and is
controlled by the differential supply and removal of these elements in the oceanic reservoir. Rivers
carry Mg and Ca originating from continental weathering to the oceanic reservoir, and the
precipitation of carbonate minerals or evaporites is a sink for these elements. Hydrothermal
activity plays an important part in the oceanic cycle of Mg and Ca. The Ca input from ridge crest
hydrothermal activity was estimated at ~1.8 x 10> mol/a whereas Mg removal was evaluated as
~2.2 x 10'2 mol/a (Arvidson et al., 2013). In fact, high-temperature hydrothermal circulation
through mid-ocean ridge crust can remove 20-60% of the river input of Mg to the oceans and is
consequently a major Mg sink (Mottl and Wheat, 1994; Elderfield and Schultz, 1996; Arvidson et
al., 2013). The river input flux of Ca is estimated at ~1.2 x 10*® mol/a (Elderfield and Schultz,
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1996), and is consequently the major source of Ca to the oceans, approximately 7 times greater
than the hydrothermal Ca flux calculated by Arvidson et al. (2013). Over the Phanerozoic eon, the
Mg:Ca ratio in seawater has oscillated between ~1.3 and 5.0 (Hardie, 1996; Mackenzie and
Andersson, 2013). Given the kinetic inhibition and thermodynamic destabilization of calcite by
the magnesium ion, the dominant carbonate mineralogy of shelf sediments has oscillated between
calcite and aragonite (“calcite seas” and ‘““aragonite seas”). These variations (seawater Mg:Ca ratio
and dominant CaCOs mineralogy) are thought to be correlated with the rate of seafloor spreading,
atmospheric CO2 concentration, sea-level fluctuations and “greenhouse” or “icehouse” conditions
(Dickson, 2002; Sandberg, 1983; Wilkinson et al., 1985; Kump, 2013). Hence, the average Mg:Ca
ratio in shallow-water calcium carbonate sediments is heterogeneous, and its value varies over

geological history.

The ocean is currently in an “aragonite sea” episode. Calcite in tropical shelf sediments of
the ocean is particularly rich in Mg, with Mg contents often exceeding 12 mol% (Chave, 1954).
Under the business-as-usual CO2 emission scenario, models predict that tropical surface seawater
could become undersaturated with respect to calcite minerals with a magnesium content > 12
mol% by the end of the century (Andersson et al., 2008). Thus, high Mg-calcite-rich shelf
sediments will be the “first responders” to ocean acidification, and anthropogenic emissions of
CO:2 may ultimately lead the oceans towards a “calcite sea” episode, as modelled by Morse et al.
(2006).

Soluble reactive phosphate (SRP) has been recognized as a strong inhibitor of both calcite
precipitation and dissolution (Berner and Morse, 1974; Morse, 1974a; Nancollas et al., 1981,
Reddy, 1977). All living organisms require phosphorus to synthetize nucleotides and nucleic acids.
Orthophosphate, the main biologically-available form of phosphorus in the ocean, originates from
continental weathering and is brought to the oceans by rivers. It displays a nutrient-type vertical
distribution profile in the oceanic water column (Levitus et al., 1993; Redfield, 1958). Phosphorus
compounds in seawater occur as organic or inorganic, particulate or dissolved forms. Dissolved
inorganic species include phosphate (POs*), hydrogen phosphate (HPO42) and dihydrogen
phosphate (H2PO4) ions. In surface seawater, at pHt = 8.1, Sp = 35 and 25°C, their respective
proportions are 20.4 %, 79.2 % and 0.5 %, making HPO4?" the dominant species. In deep waters,
at a pressure of 500 bar (~5000 m depth), the relative concentration of PO4> increases slightly due
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to the effect of pressure on the dissociation constants, but the decrease in pH with depth (resulting
for the accumulation of metabolic CO2) overcompensates this effect and HPO4? remains the
dominant species (see Fig. 1.7 and Millero (2013)). Ocean waters usually contain only traces of
soluble reactive phosphate (SRP), on average only about 3 uM (Turekian, 1976), but in marine
sediment pore waters, organic matter decomposition/remineralization increases this concentration
to values as high as 30 uM, with the effective concentration on carbonate mineral surfaces being
even higher as phosphate strongly adsorbs onto these surfaces (Burton and Walter, 1990; Krom
and Berner, 1980).
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Fig. 1.7 | Speciation diagram of the orthophosphate species showing the effect of pressure. The
dissociation constants and the effect of pressure are computed for a temperature of 25°C and are taken
from Millero (2013).

The inhibition of calcite precipitation and dissolution by SRP is attributed to its adsorption
at high-energy sites (e.g., steps, kinks, dislocations) on the calcite mineral surface (Alkattan et al.,
2002; Millero et al., 2001). Svensson and Dreybrodt (1992) studied the differential effect of SRP
on the dissolution of a synthetic and natural (limestone) calcite in CO2-H>0 solutions containing
10 uM of SRP. Whereas they observed an inhibition of the synthetic calcite dissolution rate, no
significant inhibition by phosphate was observed on the dissolution rates of natural samples. Their
interpretation of this differential behavior was that other “unknown inhibitors” similar to

phosphate were already present on the surface of the natural calcite samples.
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Mucci (1986) and Burton and Walter (1990) demonstrated a pH-dependency of the calcite
precipitation inhibition by SRP at a fixed calcite supersaturation, identifying which of the
orthophosphate species is mostly responsible for the inhibition. They concluded that for calcite,
precipitation rates were inhibited by both POs* and HPO4*, whereas only POs* influenced

aragonite precipitation rates.

Finally, dissolved inorganic carbon (DOC) is a well-known CaCOs
precipitation/dissolution inhibitor and many researchers studied its role in the precipitation of
CaCOs minerals (Carter and Mitterer, 1978; Chave and Suess, 1970; Kitano and Hood, 1965;
Lebron and Suarez, 1996). Murray and Renard (1891) first suggested that organic coatings initially
act as a protection for coccoliths and other marine calcitic organisms against dissolution by
undersaturated seawater. Morse (1974b) carried out a quantitative study of the CaCO3 dissolution
inhibition in the presence of various dissolved aliphatic organic compounds (the DOC
concentrations were greater than 250 uM C in each solution). He found that when the DOC
concentration is increased in solution by a factor of 5, the CaCOs dissolution inhibition is also
increased by a factor of 5.

1.2.3 CaCO3 marker horizons in the water column

The effect of seawater saturation state with respect to CaCO3 on the fate of biogenic CaCO3
in the water column is an old problem that has been studied since the HMS Challenger expedition
in the Atlantic, Antarctic, Pacific and Indian Oceans. Murray and Renard (1891) observed that
pteropods (i.e., marine organisms that secrete an aragonitic shell) were slowly dissolved at rather
shallow depths. During the Meteor oceanographic expedition in the Atlantic and Antarctic Oceans
between 1925 and 1927, a team of German scientists determined the saturation state of seawater
with respect to CaCOs throughout the water column and related it to pCO2, pH, alkalinity, salinity,

temperature and pressure (Barth et al., 1939).

Whereas surface ocean waters are generally supersaturated with respect to calcite and
aragonite, cold deep-ocean waters are typically undersaturated with respect to both minerals,
mainly because CaCOs solubility increases with increasing water depth (pressure, see Eq. 1.18)
(Mackenzie and Lerman, 2006) and pH decreases as metabolic CO, accumulates and DIC
increases as the water masses age. The injection of anthropogenic CO> to the deep ocean results in
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a further decrease in both pH and CO3? ion concentrations which, in turn, reduces the saturation
state of seawater with respect to aragonite and calcite (see Eq. 1.15) and raises the depth at which
the waters become undersaturated (the saturation depth/level). The degree of undersaturation (1 -

Q) with respect to each mineral is the thermodynamic driving force behind CaCO3 dissolution.
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Fig. 1.8 | Distribution of aragonite (A) and calcite (B) saturation depths (Q=1) in the global oceans. Data are
from the US Joint Global Ocean Flux Study that took place between 1989 and 1996 (Feely et al., 2004).

As shown in Fig. 1.8, the saturation level sits at a greater depth for calcite (Qc=1, ~4000
m deep in Atlantic, ~500 m deep in the Northern Pacific; Feely et al. (2004)) than for aragonite
(Qa=1, ~2500 m deep in the Atlantic, ~300 m deep in the Northern Pacific; Feely et al. (2004))
because aragonite is 1.5 times more soluble than calcite (ratio of their respective solubility product
from Mucci (1983)) at any given pressure, salinity and temperature encountered in the ocean
(Berner, 1981; Drever, 1997; Millero, 2013). The difference in the depth of the saturation level
between the Atlantic and Northern Pacific is a manifestation of the thermohaline circulation
pattern, Northern Pacific deep waters being older and having accumulated more metabolic CO>
than the young and recently ventilated Northern Atlantic deep waters. Assuming that TA is

conservative, we can approximate [COs%] to the difference between TA and DIC (see Eq. 1.8).
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Accordingly, as DIC increases with the age of the water mass or with anthropogenic CO injection,

[COs?] decreases and, thus, the saturation state of the waters is reduced.

The CaCOz content of deep-sea sediments varies considerably throughout the oceans,
higher carbonate contents being found in sediments accumulated on topographic highs (Chester
and Jickells, 2012). The geochemical behavior of aragonite in the water column is close to what
would be predicted based on thermodynamic principles, i.e., significant dissolution occurs once
the sinking particles reach undersaturated seawater with respect to aragonite, below the aragonite
saturation depth (ASD; Qa = 1). Thus, the ASD typically coincides with the depth below which
little or no aragonite accumulates in the sediments, more commonly referred to as the aragonite
compensation depth (ACD) (Morse and Mackenzie, 1990).

Calcite has a more complex behavior and a multiple calcite dissolution marker horizons
have been defined, causing much confusion amongst marine geochemists. Throughout this
document, | will use three different calcite marker horizons, the calcite saturation depth (CSD),
the calcite compensation depth (CCD) and the snowline, defined in the following manner. The
CSD is a thermodynamic marker, defined as the water-column depth(s) below which seawater is
undersaturated with respect to calcite. The CCD is the water-column depth in the oceans at which
the rate of calcite accumulation equals its rate of dissolution. Below the CCD, little or no calcite
accumulates in the sediment (Bramlette, 1961). The snowline denotes the depth below which no
calcite is found in the sediment (Boudreau et al., 2018). At steady-state, the snowline and the CCD

coincide. These markers are represented in Fig. 1.9.

Whereas seawater is corrosive to calcite below its saturation depth, calcite still accumulates
in deep-sea sediments down to the CCD. In the Atlantic, the CCD can be as much as 2 km below
the calcite saturation level. Thus, both thermodynamic and kinetic factors affect the distribution
and preservation of CaCOs sinking to the seafloor. The balance between the calcite flux from the
surface to the deep ocean and the dissolution rate is the dominant factor that determines the
distance that separates the CCD from the CSD. In areas of low productivity, the CCD will be close
to the CSD. Conversely, there can be a considerable separation of the two horizons below fertile
regions where the supply of calcitic material is abundant (e.g., tropical regions).
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Fig. 1.9 | Schematic representation of calcite dissolution marker horizons (adapted from Boudreau et al.,
2018).

It should be noted that dissolution of both calcite and aragonite may take place in sediments
that are overlain by supersaturated waters, as the microbial degradation of sedimentary organic
matter within sediments releases metabolic CO> (see reaction 1.20), acidifies and lower the
saturation state of the porewaters (Berger et al., 1982; Schulte and Bard, 2003).

(CH,0)106(NH3)14H3P0, + 1380, » H3PO, + 16HNO; + 106C0, + 122H,0  (1.20)

Porewaters depth profiles of Oz, pH and COz aq) reveal that microbial respiration can take
place even in deep-sea sediments and that most of it is located in the oxic layer, within a few
millimeters of the sediment-water interface where most of the reactive organic matter is found
(Hales, 2003; Hales and Emerson, 1997a). Likewise, but to a smaller extent, and limited to
continental shelf and slope sediments, the oxidation of reduced iron or manganese, diffusing up
from the suboxic and anoxic zones of the sediment (Burdige, 1993; Emerson et al., 1982; Tebo
and Emerson, 1986; Tebo et al., 2005), produces protons that acidify the porewaters and further
reduces their saturation state, triggering CaCOs dissolution (Emerson and Bender, 1981). The
hypothesis of significant respiration-driven dissolution above the CSD has been criticized

(Broecker and Clark, 2003) and early models taking into account respiration and dissolution rates
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failed to reproduce TA and Ca®* fluxes observed from deep-sea benthic chamber incubations
carried out in the North Atlantic and western equatorial Pacific Oceans (Archer et al., 1989a;
Archer et al., 1989b; Archer and Maier-Reimer, 1994; Jahnke et al., 1994). Nevertheless, Gehlen
et al. (1999), using a first-order kinetic expression to describe calcite dissolution, developed a
model that successfully reproduces the observed porewater distribution of DIC and Ca?*, and
allows a quantification of the TA flux induced by metabolic CO. released to porewaters within
deep-sea sediments. Jahnke and Jahnke (2004) proposed that, in CaCOs-rich sediments overlain
by supersaturated seawater, precipitation of fresh CaCOs3 at the sediment surface masks the
influence of breathing organisms, but that respiration-driven dissolution occurs deeper in response

to the accumulation of metabolic CO».

Conversely, deviations from an ideal thermodynamic behaviour also occur through the
preservation of CaCOs below the saturation level. Fecal pellets and aggregates of calcitic
organisms account for most of the mass flux of sinking CaCOs3 particles to the deep sea (Alldredge
and Silver, 1988; Honjo, 1976). The rapid settling of fecal pellets and encapsulation allows CaCOs
particles to reach the deep-sea floor — assuming a 5 km water column — in a few days (versus from
50 to 150 years for individual coccoliths; Honjo, 1976) and be preserved below the CSD. On the
other hand, Harris (1994) observed that only 27-50% of the coccolith tests ingested by copepods
(zooplankton) in the surface ocean where egested and encapsulated in fecal pellets, the remainder
being dissolved in the copepod guts and in the water column above the CSD. As it is processed
through each of these steps, the calcitic-shell assemblage is modified, since the reactive surface
area of shells varies among species and shells have variable vulnerabilities with respect to
dissolution (Peterson and Prell, 1985). Alternatively, Morse (1974a) proposed that SRP
concentrations in the deep sea inhibit calcite dissolution (discussed later). Finally, the dissolution
of most of the CaCOs reaching the seafloor allows some of it to be preserved by maintaining the
saturation state of the porewaters at or near saturation until the particles are isolated from the

undersaturated overlying waters.

1.2.4 Shoaling of the aragonite and calcite marker horizons

Early studies of the response of ocean carbonate chemistry to future increases in

atmospheric anthropogenic CO> concentrations assumed equilibrium between the atmosphere and
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surface ocean waters at their in situ TA, temperature and salinity (Broecker et al., 1979; Feely et
al., 1988; Feely et al., 1984). Under these assumptions, undersaturation of surface waters with
respect to aragonite will occur too soon (Orr et al., 2005). In reality, the oceanic response to
anthropogenic CO, emissions lags that of the atmosphere and, thus, a non-equilibrium approach is
required to model future changes in ocean chemistry. Orr et al. (2005) modelled the impact of
anthropogenic ocean acidification on the vertical migration of CaCOz marker horizons. Under a
“business-as-usual” scenario, by 2100, the average tropical surface ocean [CO3z*] will have
dropped by 45% relative to preindustrial levels, corresponding to a decline from ~330 pmol kg
to 149 + 14 umol kg. Despite this change, surface waters will remain supersaturated with respect
to aragonite over most of the oceans, as shown in Fig. 1.10. In the Southern Ocean (below 60°S),
[CO3s%] will decrease to 55 + 5 umol.kg™ in surface waters, a value that is 18% below the aragonite
saturation threshold (66 pmol.kg™). These changes are not limited to the surface and may extend
to the entire water column. In fact, according to the model of Orr et al. (2005), the Southern
Ocean’s ASD will shoal from its present average depth of ~800 m to the surface by 2100. A
shoaling of the ASD is also predicted to occur in the subarctic Pacific (from 120 m deep to the
surface by 2100) and in the North Atlantic (from 2600 m to 115 m below the surface by 2100),
under a “business-as-usual” scenario. According to the same model, calcite saturation depths will
show less pronounced changes, and the average CSD will remain below 2200m, although the
Weddell Sea could become slightly undersaturated with respect to calcite by the end of the century
(Orr et al., 2005). More recently, Negrete-Garcia et al. (2019), using GLODAP observations and
seawater chemistry predictions under the RCP8.5 scenario, confirmed the sharp ASD shoaling to
occur in the Southern Ocean during the 21% century and estimated that more than 80% of the

Southern Ocean surface waters will be undersaturated with respect to aragonite by 2100.

Using their coupled climate-carbon Earth system model, Dunne et al. (2012) were able to
model calcite exports through the water column and its burial in deep-sea sediments. Their results
match observations of deep-sea sediment distributions (Chester and Jickells, 2012; Murray and
Renard, 1891) and calcite dissolution horizons in the water column (Feely et al., 2004; Feely et
al., 2002). Dunne et al. (2012) assumed that the sinking flux of calcite is proportional to the
particulate organic carbon export (although regional variations in the Ca:Corg utilization ratios
exist, as described in Sarmiento et al. (2002)) and were able to model the CaCOs burial rate and
content in deep-sea sediments. Highest estimated CaCO3 fluxes to the seafloor are found in the
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equatorial upwelling zones, the sub-Antarctic zones and in the Northern Pacific. These are areas
of high primary productivity, in agreement with satellite-based estimates of sea surface
temperatures and chlorophyll concentrations. The Eastern Equatorial Pacific is also an area of high
primary productivity, high CaCOzs burial flux and high CaCOs sediment content, in apparent
contradiction with the presence of undersaturated bottom waters shown in Fig. 1.11. It emphasizes
the kinetic control exerted on the spatial distribution of calcitic sediment discussed in the previous

section, as a balance between sinking and dissolution rates.
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1.3 Dissolution of shallow and deep-sea sediments

1.3.1 CaCOs sediments dissolution

Shallow-water (<200 m) carbonate-rich sediments represent a major CaCOs3 reservoir that
is particularly vulnerable to ocean acidification and the resulting decrease in the saturation state of

seawater with respect to carbonate minerals. In low latitude shallow-water carbonate-rich
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sediments, most calcites are magnesium-rich >12 mol% MgCOs and, given their higher solubility
(higher than aragonite, see Fig. 1.4), are considered to likely be the ocean’s first responders to
ocean acidification. The median Mg content of both abiotic (cements) and biogenic tropical and
subtropical calcites is about 13-15 mol% MgCOz (Morse et al., 2006). Morse et al. (2006)
estimated that seawater will become undersaturated with respect to 18 mol% Mg-calcite once the
surface ocean pCO; reaches 1414 ppmv, a value that may be reached before 2200 if we keep pace
with the IPCC business-as-usual scenario depicted in Fig. 1.1. (Meinshausen et al., 2011).
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Fig. 1.11 | Observation-based oceanic bottom-water properties and fluxes. A) Bathymetry. B) Calcite saturation state

of bottom water. C) Burial flux of CaCO3 based on sediment observations. D) CaCO; content of sediment. (Dunne et
al., 2012).

In this section, the role of deep-sea CaCOs-rich sediments as the ultimate sink for
anthropogenic COz is reviewed. The deep sea represents all marine domains that extend seaward
of the continental shelf break, an area that covers 63.6% of the Earth’s surface (Mulder et al.,
2011). Deep-sea sediments consist of clastic particles derived from eroded rocks and sediments,
volcanic particles, biogenic compounds, and particles formed by chemical precipitation of
elements dissolved in seawater (referred to as authigenic sediments).
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Mekik et al. (2002) identified three main variables that control the preservation of CaCOs
in deep-sea sediments: bottom-water chemistry and its saturation state, carbonate flux to the
seafloor, and organic carbon flux from the surface euphotic zone. A fast burial of the sinking
calcitic particles and a high CaCOgs:organic carbon flux ratio are as important to CaCOs3
preservation as is the bottom-water chemistry (Archer et al., 1989a; Emerson and Bender, 1981,
Hales and Emerson, 1997a, b).

Only a small fraction of the particulate organic carbon (POC) produced in the surface ocean
reaches the deep seafloor, and most of it is oxidized upon burial. In the open oceans, it is estimated
that 0.014% of the POC produced at the surface is buried in the sediments (Seiter et al., 2004). As
discussed before, a high flux of CaCOs particles causes a greater distance between the CSD and
the CCD. Above the latter, pelagic sediments are composed mostly of biogenic constituents,
predominantly carbonates or mixed carbonate/siliceous components. Below the CCD, they consist
of siliceous tests and detrital sediments (Hesse and Schacht, 2011). In areas of low surface
productivity, very little biogenic material reaches the deep-sea floor and sediments are formed of
brown abyssal clay (which can turn red upon the conversion of iron-hydroxide to hematite) that
typically accumulate at rates of less than 5m per million years (Hesse and Schacht, 2011). In
comparison, biogenic pelagic sediments can accumulate at rates of up to 200m per million years
(Scholle et al., 1983). A detailed description of the classification and the composition of deep-sea
sediments is beyond the scope of this document, but an excellent review is provided by Chester
and Jickells (2012).

Nearly one third of the ocean floor is covered by CaCOz-rich sediments (>30% w/w)
(Morse and Mackenzie, 1990). Their distribution is a function of the surface productivity
(production factor), the saturation state of the overlying waters (dissolution factor) and potential

dilution by terrigenous, atmospheric, authigenic or other biogenic solids (dilution factor).

Coccoliths dominate the surface sediment composition in the oligotrophic gyres of the
South Atlantic. In fact, coccolithophores, in their haploid form (i.e., a cell that contains a single
set of chromosomes), have a relatively high level of tolerance for nutrient-depleted media and,
thus, tend to thrive in oligotrophic habitats where other phytoplankton would not survive (Houdan
et al., 2006). Conversely, the contribution of planktonic foraminifera to surface sediments is

highest in regions of elevated fertility, like the mesotrophic equatorial divergence zone (Huineke
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and Henrich, 2011). Pteropods, which have shells composed of aragonite, dominate regionally
(Bednarsek et al., 2012). The pteropod carbon biomass is high along the margin of the western
Atlantic, reaching up to 50% in the underlying surface sediments, as depicted in Fig. 1.12
(Baumann et al., 2003).
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Fig. 1.12 | Total carbonate, coccolith (calcite) and pteropod (aragonite) content in surface sediments of the
South Atlantic (modified from Baumann et al. (2003)). NADW: North Atlantic Deep Waters; AABW:

Antarctic Bottom Waters. The deep-water flow paths are drawn from Henrich et al. (2003).

The location of CaCOs-rich surface sediments highlighted in Fig. 1.12 corresponds roughly
to the mid-Atlantic ridge. This area of high topography allows calcitic particles to accumulate in
sediments above the CCD. On each side of the ridge, cold and dense corrosive deep-waters (from
the North Atlantic and Antarctica) circulate. Note that in Fig. 1.12 the relatively CaCOs-poor
sediments near the African coastline are partially explained by the huge discharge of non-carbonate
particles brought by the Niger and Congo Rivers to the coast (dilution factor; Dai and Trenberth
(2002)). The depth at which the calcite content of sediments starts to drop is encountered at a depth
of 3500 m at 35°S and becomes gradually deeper northward (3900 m at 25°S), as the contact
between the North Atlantic deep waters and the underlying undersaturated Weddell Sea deep

waters becomes deeper. The saturation states of bottom waters with respect to calcite and aragonite
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are represented in Fig. 1.11. A comparison between these two maps reveals that the most CaCO3

depleted surface sediments are overlain by the lowest saturation state waters.

1.3.2 Future projections for CaCOs dissolution

As a consequence of ocean acidification, the ability of organisms to produce CaCOs3 could
decrease while the rates of bioerosion and CaCOz3 dissolution could increase (Andersson and
Gledhill, 2013; Langdon et al., 2003; Morse et al., 2006). It is estimated that, at present, coral reefs
produce 0.9 Pg CaCOg per year, of which 0.7 Pg is accumulating in reef areas and the remainder
(0.2 Pg) is exported or dissolved (Andersson and Gledhill, 2013; Iglesias-Rodriguez et al., 2002).
Observations of net community dissolution (gross dissolution minus reef calcification) under
various environmental and experimental (in situ vs laboratory studies) conditions show dissolution
rates varying from 1x10* to nearly 7x101° mol cm s* (Burdige and Zimmerman, 2002; Conand
etal., 1997). The extent of CaCOs dissolution can vary widely because it is controlled by a number
of parameters that are highly variable in sediments, including their organic matter content and
porosity (or permeability). For instance, CaCOz dissolution rates in sediments have been
demonstrated to be linearly correlated with seagrass density (Burdige and Zimmerman, 2002).
Therefore, predicting the rate of CaCOz dissolution is a complicated task and has been the focus

of numerous studies.

The degree of supersaturation (Q2-1) or undersaturation (1-Q) of seawater with respect to
CaCOs minerals is a measure of the thermodynamic potential of a reaction towards a state of
equilibrium (Q=1, the rate of dissolution is equal to the rate of precipitation). When seawater is
undersaturated, CaCO3z minerals should dissolve if exposed to this solution. Nevertheless, the
dissolution reaction is not instantaneous, and a kinetic description is necessary to predict the
evolution of the system towards equilibrium. The dissolution rate of calcite is commonly fitted to

an empirical kinetic expression of the form (Morse and Berner, 1972):

r = _dm;:;;cite — k(l_ﬂc)n (121)

where k is the dissolution rate constant, Qc is the saturation state, and n is the reaction order.
Unfortunately, predicting the dissolution rate of deep-sea sediments from the undersaturation state
of bottom waters (see Fig. 1.11) is not straightforward, because the dissolution rate constant (k)
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and the reaction order (n) in reaction 1.21 are not well constrained. In fact, kinetic studies carried
out to date on synthetic (Keir, 1980, 1983; Morse et al., 1979; Subhas et al., 2015; Walter and
Morse, 1985) and biogenic (Keir, 1980; Walter and Morse, 1985; Subhas et al., 2018) calcite and
aragonite, as well as on deep-sea sediments (Gehlen et al., 2005; Keir, 1980, 1983; Morse, 1978;
Walter and Morse, 1985), show huge discrepancies in the magnitude of the dissolution rates and
in reaction orders (from linearity to high reaction orders of up ~7; Morse (1978)), as reviewd later

in section 1.4.

If the rate of dissolution of CaCOz minerals as a function of the saturation state of seawater
and the surface area of CaCO3 material available for dissolution were known, it would be possible
to model the response time of CaCOz dissolution induced by the penetration of anthropogenic CO-
into the deep ocean. Smith and Mackenzie (2016) recently elaborated a comprehensive CaCO3
budget in the oceans. They estimated the total visible reef area in the world oceans at about 0.15 x
102 m?, the carbonate banks and bays cover an area of 0.8 x 10*? m?, and the extratropical high-
carbonate shelves extend over 1.3 x 10'2 m?. Sedimentary shelf areas to a depth of ~100 m for the
tropical and extratropical oceans were estimated to occupy 7.7 x 10%2 and 11.7 x 102 m?
respectively. Smith and Mackenzie (2016) then computed the CaCO3 production rates for each of
these environments (expressed in mol m2 al), along with the plankton production. By comparing
the CaCOs production fluxes to its accumulation in shelves and pelagic sediments, they estimated
their respective dissolution fluxes. According to their calculations, more than 90% of the
planktonic CaCOs production dissolves in the water column or in the sediments. Given an
estimated global ocean CaCOs production of 175 x 10* mol a* and a total accumulation rate of
31 x 10 mol a, an average of 144 x 10*2 moles of CaCOjs are currently dissolving in the world

ocean every year.

According to reaction 1.19, for each mole of CaCOs dissolved, one mole of CO: is
consumed. Nevertheless, because of the weak buffer capacity of the CO,-H,0O system described in
section 1.1.2, reaction 1.19 is a quantitatively inappropriate representation of CaCO3z dissolution
and precipitation (Lyman, 1958). The carbonate buffer capacity of the ocean decreases with
increasing pCO.. Thus, the larger the cumulative anthropogenic CO2 emissions, the higher the
remaining atmospheric fraction (Eby et al., 2009; Joos et al., 2013). Frankignoulle et al. (1994)
introduced the molar ratio of CaCO3 dissolved to CO» neutralized, referred to as v, to represent
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the net CO> flux associated with CaCOs dissolution/precipitation reactions such that it can be

empirically represented by the following equation (Smith and Mackenzie, 2016):
CaC03 () + IIJCOZ (aq) + Hzo o Rd (1 + lp)HCO3_(aq) + Ca2+(aq) + (1 — II))OH_ (122)

Because some of the bicarbonate ions (HCO3") produced by this reaction will react with protons to
generate COg, in the deep-sea (below a depth of 1000 m, where dissolution, estimated at 144 x
102 mol CaCOs a'?, takes place (Smith and Mackenzie (2016)) and under current conditions, v is
~0.85 and shows a positive correlation with seawater pCOz, implying that the efficiency of the
CaCOs dissolution reaction to sequester CO. will increase as ocean acidification persists and
intensifies (Smith and Gattuso, 2011; Smith and Mackenzie, 2016). In the contemporary surface
ocean, where an estimated 175 x 10 mol CaCOs a* are precipitated, y is ~0.66. Thus, a
comparison of y and the CaCOz precipitation / dissolution balance in these two reservoirs (surface
and deep oceans) yields an estimate of the net CaCOz-mediated CO> uptake into the ocean of 7 x
10*2 mol a. In comparison, for the decade 2005-2014, the mean ocean CO2 sink due to fossil fuel
(amount of CO> absorbed by the oceans in response to these emissions), cement production and
land-use change emissions was about 240 x 10*2 mol a*. Thus, the anthropogenic CO; influx is
substantially higher than the small net CO. flux driven by oceanic C + CaCOz metabolism (Smith
and Mackenzie, 2016). Moreover, CaCOs dissolution is expected to increase in the next
centuries/millennia as anthropogenic CO; penetrates the deep-ocean and is brought in contact with

CaCOgz-rich deep-sea sediments.

In a modelling study, Gehlen et al. (2008) assessed changes in bottom-water chemistry and
benthic CaCOs dissolution under a scenario where atmospheric pCOz is increased 4-fold over a
140-year period. Although they note that their model likely overestimates bottom-water saturation
states, they report bottom-water [CO3%] decreases by up to -100 umol kgt in the North Atlantic
and Arctic Oceans. The modelled CaCOs3 content of surface sediments drops by up to 5% over the
same period, in the North Atlantic and Southern Oceans, due to a combination of enhanced CaCOs3

dissolution and reduced CaCOs flux to the bottom.

Ridgwell and Hargreaves (2007), using an Earth system model (GENIE-1) that takes in

account the preservation and burial of CaCOs in deep-sea sediments, modelled the response of
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Fig. 1.13 | Evolution of sediment CaCQj3 surface content in response to fossil fuel CO> release to the
atmosphere for the calendar years 1765, 2300, 3000, 10000 and 50000 (Ridgwell and Hargreaves, 2007).

deep-sea sediments to a massive release of anthropogenic CO2 on multi-millennial timescales. The
deep-sea sediment module in their model considers that bioturbation effectively homogenizes a 5-
cm-thick surface sediment layer that sits on top of a series of 1-cm-thick sub-layers. Dissolution
only takes place in the surface layers of the simulated sediment, but bioturbation and advective
transport bring new material to the surface in case of surface deficit (i.e., dissolution). They used
an empirical function to represent the depth variation of the porosity profile which decreased from
0.95 at the surface of the sediments and leveled off at ~0.7 at 5 cm-depth (Ridgwell, 2001). The
results of their model in terms of the long-term fate of fossil fuel CO; are presented in Figure 1.13.
Assuming a peak of CO; release in 2400 followed by an instantaneous cut in emissions (the “rapid”
emission scenario described in Lenton et al. (2006)), the surface sediment CaCOz content
decreases as dissolution occurs. In the calendar year 10000, CaCO3 nearly disappears from surface
sediments, although some rare CaCOs-rich areas remain, mostly in shallow-tropical platforms.
Upon the release of bicarbonate ions in seawater due to CaCO3 dissolution, ocean acidification is
more strongly buffered, and dissolution eventually reaches a steady state. The timescale of
drawdown is much longer and, in the year 50000, anthropogenic CO- stored by the ocean will
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account for 92.4% of the total atmospheric CO2 emissions, mostly stored in CaCOs-rich sediments

whose areal distribution would be similar to today’s.

Processes Time scale (years) | Reactions

Land uptake: Photosynthesis-respiration 1-10? 6C0, + 6H,0 + photons — CH,,0, + 60,
CH,,0, + 60, — 6CO, + 6H,0 + heat

Ocean invasion: Seawater buffer 10-10° CO, + COy* + H,0 = 2HCO;

Reaction with calcium carbonate 103-10¢ C0, + CaCo, + H,0 — Ca’ + 2HCO,

Silicate weathering 104108 CO0, + Casi0, — CaCo, + Si0,
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Fig. 1.14 | Table: The main natural processes that remove CO> following a large emission pulse to the
atmosphere, their atmospheric CO> adjustment time scales, and the main (bio)chemical reactions involved.
Plot: Decay of 5000 Pg C-CO. emitted at time zero into the atmosphere, and its subsequent redistribution
into the land and ocean reservoirs as a function of time, computed by coupled carbon-cycle climate models.

The width of the colour bands is proportional to the carbon uptake by each reservoir. The first two panels
show a multi-model mean from a model inter-comparison project (Joos et al., 2013). The last panel shows
the longer-term redistribution of CO.-C, including ocean dissolution of carbonate sediments as computed

with an Earth System Model of Intermediate Complexity (after Archer et al. (2009)) (Ciais et al., 2013).

The main natural processes and the time scales over which CO; is removed from the
atmosphere following a large pulse are summarized in Fig. 1.14. In the first 2 centuries after the
pulse, about one third of the CO2 goes into the land and ocean, while the remainder stays in the
atmosphere. As anthropogenic CO- invades the deep ocean, and within a thousand years, the
fraction of an initial pulse of 5000 Gt remaining in the atmosphere would be about 40%. Within a
few thousands of years, the decrease in ocean pH is restored by dissolution of CaCO3 minerals on
the seafloor, partly replenishing the buffer capacity of the ocean and removing a further 3-8% of
added CO- from the atmosphere on a timescale of 8-10 ka (Archer et al., 1998; Ciais et al., 2013;
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Lenton and Britton, 2006). Archer (1996) estimated that the total sedimentary CaCO3 inventory
available to neutralize anthropogenic CO> is approximately 1600 Gt C, a quantity that may be
exceeded by the amount of fossil fuels potentially burnable in the next centuries. Ultimately, within
several hundreds of thousands of years, the remainder of the anthropogenic CO- will be neutralized
by silicate weathering and other igneous minerals (Ridgwell and Zeebe, 2005; Tyrrell et al., 2007;
Walker and Kasting, 1992).

1.4 Calcite dissolution kinetics

1.4.1 Brief literature review

Oceanic uptake plays a major role in the regulation of the atmospheric CO2 budget,
mitigating climate change. The dissolution of anthropogenic CO; in seawater and transfer to the
deep ocean results in a decrease in the pH, [COs%] and Q, triggering the dissolution of CaCO3
minerals. The dissolution of the latter represents the strongest short-term (decades to millennia)
pH buffering mechanism in the oceans, and is commonly referred to as the ultimate sink of
anthropogenic CO, for which an estimate of the response time requires a quantitative description

of the dissolution kinetics.

The first study of calcite dissolution kinetics was performed by Gortikov and Panteleva
(1937) who measured the rate of dissolution of calcite crystals mounted on a disk that was rotated
at high speed in an acidic solution. They observed a positive, linear correlation between the rotation
speed and the dissolution rate until the dissolution rate asymptotically approached a value of about
~3150 mol/m?/a. Weyl (1958), based on results of his dissolution experiments of a porous
limestone in a CO,-saturated aqueous solution, proposed that the leveling-off of the dissolution
rate might be attributed to 1) the dissociation of CaCO3 at the mineral-water interface, 2) the
conversion of COs% to HCOg', 3) the outgassing of CO2 (aq) Or 4) the transport of the various species
through the solution. He found that the CaCOs3 dissolution rate increased linearly with the flow
velocity and reported maximum rates of dissolution well above those observed by Gortikov and
Panteleva (1937). The conical shape of the depression that formed at the surface of the crystal
where the water flow was greatest, lead Weyl to conclude that the rate of dissolution is not limited
by the rate of dissolution at the mineral-water interface but by diffusion. Furthermore, based on

the results of Shternina and Frolova (1952), who observed an increased rate of calcite dissolution
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with increasing stirring and CO2-gas bubbling, Weyl (1958) stated that the calcite dissolution rate
depends solely on the rate of solute transport away from the dissolving solid. Later, Weyl (1961,
1967) developed a method to measure the degree of departure of a solution from equilibrium with
respect to the mineral of interest, which he called the carbonate saturometer. Solid calcium
carbonate was added to a solution and dissolved until equilibrium was reached. The evolution of
the reaction was followed with a pH-sensitive electrode and the pH excursion served as a measure
of the disequilibrium. A version of this method is still in use today and referred to as the free-drift
technique. Alternatively, another experimental approach was established in which a constant
degree of disequilibrium is maintained in solution through the metered or constant injection of an
acidic solution, allowing the dissolution kinetics of carbonate minerals to be studied at close to
constant undersaturations (Morse, 1974b, 1978). This technique is referred to as the pH-stat or the
chemostatic method.

Great strides in the study of calcium carbonate mineral dissolution kinetics in seawater
were made by John W. Morse and Robert A. Berner in the 70’s. Their preliminary studies (Berner
and Morse, 1974; Morse and Berner, 1972) dealt with the relationship between calcite dissolution
kinetics and the lysocline (that they define as the depth in the ocean below which the calcite
dissolution rate increases substantially) as well as the theoretical interpretation of their results in
terms of rate controlling mechanisms in relation to the saturation state of the solution, a concept
introduced earlier by Larson et al. (1942). Studies of calcite dissolution rates carried out in artificial
and natural seawater, using both the pH-stat (Morse, 1978; Walter and Morse, 1985) and the free-
drift methods (Keir 1980, 1983), reported highly nonlinear dissolution kinetics. The most heralded
study to date was performed by Keir (1980) who found the dissolution kinetics of suspended calcite
powders to be strongly nonlinear and reported a reaction order, n, of 4.5 (see Eq. 1.21). High
reaction orders were observed for synthetic calcite (Keir, 1980, 1983), biogenic calcite (Keir, 1983;
Walter and Morse, 1985), and for natural calcite-rich sediments. The latter, recovered from
sediment cores taken at sea, were washed and kept resuspended (Keir, 1980; Morse, 1978) or
spread at the bottom of a reactor and overlaid by seawater (Keir, 1983). Morse et al. (1979) used
the pH-stat method to investigate the dissolution kinetics of synthetic aragonite in seawater. They
found a dissolution reaction order of 2.93 close to equilibrium and a reaction order of 7.27 at
greater undersaturations. They compared the dissolution rates obtained for synthetic samples with
those of pteropods, organisms with aragonitic shells. The rates of pteropod dissolution were more
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than 30 times slower than those of synthetic aragonite. They ascribed the discrepancy to the fact

that only a small fraction of the pteropod surface is directly exposed to seawater. The high reaction

order for the dissolution kinetics of pteropods and synthetic aragonite was later confirmed by Keir

(1980) using the free-drift method, and by Walter and Morse (1985) on various organisms with

aragonitic skeletons. It is interesting to note that, although all these authors consistently reported

high reaction orders for both the aragonite and calcite dissolution kinetics, the measured rates of

dissolution (reaction order and rate constants) showed important discrepancies, as discussed later
and highlighted in Table 1.1.

Table 1.1 | Summary of the main dissolution kinetics studies carried out in natural or artificial seawater, as
reported by their respective authors.

Compilation of results of calcite dissolution kinetics studies, as reported by their respective authors

Author Material Method Solution Rate constant Rate constant Reaction
unit order
Morse, 1978 Indian Ocean pH-stat Natural 1043 %/day 5.2
sediment seawater
Keir, 1980 Reagent grade Free drift Artificial 1.31x103 %/day 4.5
calcite seawater
Keir, 1983 Synthetic calcite Free drift Artificial 0.16 day? 4.5
seawater
Walter & Morse, 1985 | Low Mg-synthetic  pH-stat Natural 3.39x103 umoles gt hr!  2.96
calcite seawater
Walter & Morse, 1985 | Mg-calcite: pH-stat Natural 5.37 x 10?2 umoles gt hrl  3.20
Goniolithon seawater
Gehlen et al., 2005 Sierra Leon Rise Free drift Artificial 0.346 meq/m?/day 2.1
natural sediments seawater
Subhas et al., 2015 Synthetic calcite A13C Artificial 7.21+0.6 x10*% g/cm?/day 3.9+0.1
seawater
Compilation of results of aragonite dissolution kinetics studies as reported by their respective authors
Author Material Method Solution Rate constant  Rate constant Reaction
unit order
Morse, 1979 Synthetic pH-stat Natural 110 %/day 2.93
aragonite seawater
Keir, 1980 Synthetic Free drift Artificial 1.32 x 104 %/day 4.2
aragonite seawater
Keir, 1980 Pteropods Free drift Artificial 3.18 x 10? %/day 3.5
seawater
Walter & Morse, 1985 | Biogenic pH-stat Natural 7.79 x 102 umoles gl hrl  2.484
aragonites seawater
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Keir (1983) determined the dissolution rate of calcite in a stirred-flow reactor with (non-
suspended) beds of synthetic and natural carbonate sediments. Considering a reaction order similar
to his previous experiments on suspended sediment (n=4.5; Keir, 1980), the dissolution rate
constant was approximately two orders of magnitude lower. Keir (1983) proposed that the
presence of a diffusive boundary layer (DBL) at the sediment-water interface (SWI) might explain
the discrepancy between his experimental results. The DBL is defined as a thin layer of fluid
between the solid (possibly porous) surface and the bulk solution, within which molecular
diffusion dominates over turbulent transport and whose thickness is influenced by the
hydrodynamic conditions (Schlichting, 1979). The DBL can behave as a region of mass-transfer
resistance and thus may limit the dissolution at the solid-water interface (Boudreau and Guinasso,
1982; Dade, 1993; Jargensen and Revsbech, 1985; Santschi et al., 1983; Steinberger and Hondzo,
1999). Later, Boudreau (2013) showed that the dissolution rates, measured by Keir (1983) on (non-
suspended) beds of synthetic and natural carbonate sediments, were in fact linearly dependent on
the undersaturation states of the solution. A linear relationship would be easier to implement in
oceanographic or geochemical models and was adopted by Hales and Emerson (1997b) and Dunne
et al. (2012). First-order calcite dissolution kinetics appear to be more consistent with results of in
situ studies of CaCOs dissolution in the deep sea (Hales and Emerson, 1996, 1997a, b), but
diagenetic processes, such as metabolic CO> production and bioturbation, may significantly
influence these in situ rate measurements. It is important to note and keep in mind that, while
studies focusing on the dissolution of suspended particles (e.g., Keir, 1980; Walter and Morse,
1985; Subhas et al., 2015) report their rates as a function of the grain surface area, sediment-based
studies (e.g., Keir, 1983 and as in the experimental data reported in this document) conveniently

use the SWI-surface area to normalize the dissolution rate.

More recently, Gehlen et al. (2005) measured an average reaction order of 2.3 + 4 for the
dissolution of calcitic sediment particles suspended in seawater. Subhas et al. (2015) found a
reaction order of 3.9 + 0.1, based on the dissolution rate measurements of *C-enriched calcite
under near steady-state conditions, as monitored by changes in the §*3C of the dissolved inorganic
carbon (DIC) with time using a cavity ringdown spectrometer (CRDS). Recently, Naviaux et al.
(2019), based on laboratory dissolution experiments on **C-enriched calcites and variations of the
reaction order with the degree of undersaturation (1 - Qc), proposed that close to equilibrium (Qc
> 0.9), dissolution is limited to the retreat of pre-existing steps, kinks and adatoms on the calcite
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surface, further away from equilibrium (0.9 > Q¢ > ~0.75), defect-assisted dissolution dominates,
and below Qc ~ 0.75, the measured rates show a sharp increase, as undersaturation is high enough
to allow dissolution to occur homogeneously across the mineral surface. This apparent criticality
in the mineral-solution system might explain the nonlinear dissolution behaviors observed by

several authors for calcite grains kept in suspension in seawater.

When dissolution of a sediment at the seafloor is controlled by the combined solid-solution
reaction and transport rates within the sediment, then “deep” solute gradients develop within the
sediment, on a scale far greater than the thickness of the DBL; the DBL is typically one millimeter
thick under deep-sea conditions but can be thinner in a reactor. In this document, we will refer to
transport and surface reaction limitations that take place within the sediment as “sediment-side
control” and to diffusion limitation through the DBL above the bed as “water-side control”. This
distinction is adopted because transport across the DBL will be affected by benthic currents,
whereas control by processes within the sediments (transport through the pore network, reactions
involving the minerals that compose the sediment, respiration or degradation of organic matter,
adsorption/desorption, etc.) will be impervious to such effects (baring resuspension or flow
penetration). Note that dissolution controlled by water-side processes (DBL transport) are
inherently linear, as dictated by Fick’s first law of diffusion (e.g., Eq. 1.11), which would stand in
stark contrast to past assertions of high-order nonlinearity for calcite dissolution rates and be
consistent with the linear calcite dissolution kinetics of the experiments of Keir (1983) on calcite-
rich sediments. If controlled by diffusive transport through the DBL, the calcite dissolution rate at
the SW1 should also be dependent on the bottom-current velocity, as the air-sea CO- diffusive flux
discussed above is a function in the wind speed, see Eq. 1.13. Yet, most sediment models published
to date either ignore the presence of a DBL above the sediment-water interface (Van Cappellen
and Wang, 1996; Archer et al., 2002; Hales, 2003; Munhoven, 2007; Tschumi et al., 2011) or
consider a DBL with a thickness set to a constant arbitrary value (Boudreau, 1996; Heinze et al.,
1999). Instead, the DBL thickness should be expressed as a function of current-speed, as
formulated by various authors (Boudreau and Guinasso, 1982; Levich, 1962; Higashino and
Stefan, 2004) and confirmed by experimentalists (Larkum et al., 2003; Lorke et al., 2003; Santschi
et al., 1983; Santschi et al., 1991).
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1.4.2 Scope and outline of the dissertation

With the exception of Keir (1983), all previous laboratory-based CaCOz dissolution studies
avoided the role of water-side processes by re-suspending the sediment in seawater in order to
expose all the mineral surfaces and minimize the boundary layer around each grain (Gehlen et al.,
2005; Keir, 1980; Morse, 1978; Walter and Morse, 1985). Although these studies provide good
insights on calcite dissolution kinetics in the water column (after normalization to the exposed
surface area), they are not representative of sediment dissolution conditions (Boudreau, 2013).
Thus, current Kinetic expressions cannot be applied to the seafloor because transport conditions
that are specific to sediments (i.e., the presence of a continuous DBL between the grains, the
transport of solutes and reactions products through the pore network, a different conception of
surface area normalization) are disregarded in dissolution experiments carried out on suspended
materials. There is no proper quantification nor understanding of the mechanisms controlling
CaCOz mineral dissolution kinetics at the seafloor. Although mathematical formulations of CaCO3
mineral dissolution kinetics in marine sediments exist in the literature, they have never been

compared with laboratory or in situ observations.

The overarching hypothesis to be tested in this Ph.D. thesis is the following: calcite
dissolution kinetics in deep-sea sediments are a linear function to the saturation state of the
overlying waters and water-side transport-controlled. The hypothesis will be tested by reaching

the following three main objectives:

1) Determine the dissolution rate of synthetic calcite and aragonite at the interface between
natural seawater and a synthetic sediment of various porosities and calcium carbonate
content.

2) Qualitatively and quantitatively describe the rate controlling mechanism(s) under
conditions that simulate the range of hydrodynamic conditions encountered at the seafloor.

3) Using bottom-seawater chemistry and bottom-current databases, as well as the calcite
dissolution rate laws derived from laboratory experiments, compute the calcite dissolution

rate at the seafloor on a global scale.

In Chapter 2, a stirred flow-through reactor is used to measure the dissolution rates of a
synthetic sediment disk placed at the bottom of the reactor and overlain by natural, acidified

seawater, under a range of undersaturation states and seawater stirring rates. The dissolution rates,
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normalized to the interfacial area of the sediment disks, are linear functions on the undersaturation
state of the experimental seawater solution and display a square-root dependence on the calcite
content, under both quiescent and stirred conditions. The rate of release of reaction products from
the sediment to the solution increases with stirring rate, i.e., shear stress, until it becomes invariant
at higher stirring rates. This latter result argues that calcite dissolution is transport (water-side)
controlled for shear stress levels known to exist at the seafloor, which advises a simpler Kinetic

description of benthic calcite dissolution.

In Chapter 3, we describe a novel, simple temperature-controlled rotating-disk reactor that
is suitable for use with natural sediments and capable of generating thick DBLs such as those
encountered in deep-sea conditions. In this reactor, water overlying the rotating sediment can be
sampled discretely or continuously to monitor the chemical reaction progress. The worthiness of
the reactor is tested by dissolving a foraminiferal sand bed in natural seawater. The results (1)
show that measured dissolution fluxes agree with those predicted by theory and (2) confirm that
the dissolution of calcite under seafloor-like hydrodynamic conditions is controlled by mass
transfer across the DBL above the bed. Guidelines for best practices under various experimental
conditions, possible future developments, and the theoretical equations to compute the DBL

thickness and diffusive fluxes in this reactor are described.

Chapter 4 presents a large dataset of dissolution experiments carried out using the newly
designed flow-through rotating-disk reactor and simulated deep-sea sediment disks, to provide a
quantitative description of the calcite dissolution kinetics under quantitatively well-constrained
and seafloor-representative hydrodynamic conditions and unravel the mechanisms that control this
dissolution. Among all the investigated oceanographic variables that may potentially influence the
dissolution rate, i.e., sediment porosity, permeability, grain size and specific surface area, biogenic
or synthetic particles, seawater temperature, current speed and carbonate ion concentration [CO3*
], results show that only seawater [CO3%] and the current speed have a statistically significant
influence on calcite dissolution rates. The current-speed dependency is explained by the presence
of a diffusive boundary layer (DBL) above the SWI. Based on these observations, it is argued that
geologically long- or medium-term changes in bottom-current velocities, such as those that may

be induced by changes in continental positions or evolving climate, should be considered along
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with variations of calcite deposition fluxes or seawater acidification when interpreting calcite

preservation data through time.

In Chapter 5, recent databases of bottom-water chemistry, benthic currents, and CaCO3
content of deep-sea sediments are combined with our rate model to derive the global distribution
of benthic calcite dissolution rates and obtain primary confirmation of an anthropogenic
component. By comparing preindustrial with present-day rates, it is determined that significant
anthropogenic dissolution now occurs in the western North Atlantic, accounting for 40-100% of
the total seafloor dissolution at its most intense locations. At these locations, the calcite
compensation depth has risen ~300 m. Increased benthic dissolution is also revealed at various

hot spots in the southern extent of the Atlantic, Indian, and Pacific Oceans.

The aim of Chapter 6 is to test the paradigm that seafloor CaCO3 dissolution will spread
spatially and accelerate as ocean acidification persists and intensifies. Results from a range of Earth
System and climate models run under high-CO- emission scenarios and at various resolutions are
used to test the paradigm. Following the “business-as-usual” RCP8.5 scenario, which is a high
anthropogenic CO; emission scenario in which no specific climate mitigation action is taken,
results show that while CaCQOg dissolution will increase over the 21% century in some areas of the
deep ocean, such as the eastern central Pacific Ocean, it is projected to decrease in the Northern
Pacific and abyssal Atlantic Oceans. The decrease is due to reduced CaCOz delivery to the
seafloor, as well as slower bottom-water circulation, which leads to thicker diffusive boundary
layers above the sediment bed and a consequent stronger Kinetic barrier to the dissolution reaction.
Although a projected weakening of bottom currents is consistent over most of the seafloor into the
21% century, irrespective of the model, strong discrepancies exist in the magnitude of predicted
bottom-current speeds among models. Modern bottom-current speeds returned by most models
consistently underestimate observations made by current meters, and the discrepancy between
model results and observations narrows as the model resolution increases. The poor performance
of most models in representing bottom velocities, as well as the large disparities encountered
across bottom-water chemical variables, reduce our ability to estimate the magnitude and temporal

evolution of anthropogenic CaCO3 dissolution rates and the accompanying carbon neutralization.

Finally, Chapter 7 summarizes the main results from this thesis and places them into the

broader context of the marine CaCOs cycle in the Anthropocene. Implications for our
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understanding and quantification of water-column CaCO3z dissolution and CaCOsz burial in
sediments are discussed. Future methodological improvements for the study of calcite dissolution

kinetics at the SW1 in the laboratory, and perspectives for future research are presented.
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Preface to Chapter 2

The absorption, or uptake, of anthropogenic CO: by the oceans results in a decrease in pH and
carbonate ion concentration, [CO3%]; as a consequence, the saturation state of seawater with
respect to CaCO3 minerals (calcite, aragonite) falls, leading to a shallowing of their saturation
depths and triggering an increase in their dissolution at the seafloor. Nearly one-third of the
seabed is composed of CaCOs-rich sediments (> 30% CaCQO3), and their dissolution is the
ultimate short-term (millennia) marine sink of anthropogenic CO,. Despite numerous past
studies, much confusion and uncertainty still surround our understanding of factors that control
the rates CaCOs dissolution at the deep seafloor. Results from in situ studies disagree with those
of laboratory studies, most of which have been carried out under conditions, e.g., mineral
suspensions, that are not representative of processes at the seafloor.

Herein, we report measurements of the dissolution rate of calcite, formed into synthetic sediment
disks by mixing various amounts of this mineral with a purified montmorillonite. These disks
were placed in a stirred-flow reactor and exposed to a range of saturation states and shear stress
conditions to simulate conditions at the sediment-water interface. The dissolution rates,
normalized to the interfacial area of the sediment disks, were linearly dependent on the
undersaturation state of the experimental seawater solution and displayed a square-root
dependence on the calcite content of the synthetic sediment, under both quiescent and stirred
conditions. The rate of release of reaction products from the sediment increased with stirring
rate, i.e., shear stress, until it became invariant at higher stirring rates. This latter result argues
that calcite dissolution is transport (water-side) controlled for shear stress levels known to exist
at the seafloor, which advises a simpler kinetic description of benthic calcite dissolution.
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Abstract

The absorption, or uptake, of anthropogenic CO; by the oceans results in a decrease in pH
and carbonate ion concentration, [CO3*]; as a consequence, the saturation state of seawater with
respect to CaCOz minerals (calcite, aragonite) falls, leading to a shallowing of their saturation
depths and triggering an increase in their dissolution at the seafloor. Nearly one-third of the seabed
is composed of CaCOs-rich sediments, and their dissolution is the ultimate marine sink of
anthropogenic CO>. Despite numerous past studies, much confusion and uncertainty still surround
our understanding of the rates and kinetics of CaCOz dissolution at the deep seafloor. Results from
in situ studies disagree with laboratory studies, most of which have been carried out under
conditions, e.g., mineral suspensions, that are not representative of processes at the seafloor.
Herein, we report measurements of the dissolution rate of calcite, formed into synthetic sediment
disks by mixing various amounts of this mineral with montmorillonite. These disks were placed in
a stirred-flow reactor and exposed to a range of saturation states and shear stress conditions to
simulate conditions at the sediment-water interface. The dissolution rates, normalized to the
interfacial area of the sediment disks, were linearly dependent on the undersaturation state of the
experimental seawater solution and displayed a square-root dependence on the calcite content,
under both quiescent and stirred conditions. The rate of release of reaction products from the
sediment increased with stirring rate, i.e., shear stress, until it became invariant at higher stirring

rates. This latter result argues that calcite dissolution is transport (water-side) controlled for shear
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stress levels known to exist at the seafloor, which advises a simpler kinetic description of benthic

calcite dissolution.

2.1 Introduction

In 2014, the global atmospheric CO. concentration first reached 400 ppm (Tans and
Keeling, 2016), exceeding any recorded level for at least the past 800,000 years (Luthi et al., 2008).
Between 1959 and 2008, atmospheric CO. concentrations increased at only 43% of the rate of
fossil fuel emissions, the rest being either dissolved in the oceans or taken up by the terrestrial
reservoir (Le Quéreé et al., 2009). The ocean is the largest reservoir of carbon dioxide on Earth and,
thus, the largest sink for anthropogenic CO> (Gehlen et al., 2007). Consequently, oceanic uptake
plays a major role in the regulation of the atmospheric CO> budget, mitigating climate change.
Whereas it was estimated that ~26% of the anthropogenic CO2 emitted to the atmosphere between
1960 and 2012 was absorbed by the ocean (Gattuso and Hansson, 2011; Sabine and Feely, 2007),
the mean anthropogenic CO- uptake rate by the ocean increased significantly from 1.2 + 0.5 Gt C
yr! between 1960 and 1969 to 2.9 + 0.5 Gt C yrt in 2012 (Le Quéré et al., 2014).

One of the consequences of massive CO. uptake in the ocean is ocean acidification, as
absorbed anthropogenic CO: is lowering surface ocean water pH. At the end of this century, the
pH of surface ocean waters is expected to drop by an average of 0.4 pH unit (Ciais et al., 2013),
reaching values as low as those estimated in the surface waters of the Jurassic and Cretaceous
oceans (Honisch et al., 2012). Anthropogenic ocean acidification will perturb the oceanic CaCOs
cycle, impeding biogenic calcification and promoting its dissolution (Delille et al., 2005; Feely et
al., 2004). The dissolution of CaCOs-rich sediments is the ultimate marine sink of anthropogenic
CO- and, if anthropogenic emissions were to cease, would restore the pH of the oceans back to its

pre-anthropogenic value on timescales on the order of 10 kyr (Archer, 2005).

The uptake of CO2 induces CaCOg dissolution by lowering the carbonate ion concentration,
[COs?%], and consequently, the saturation state of seawater with respect to calcium carbonate
minerals:

_ [ca**][co3"] (2.1)

Q :
Kep
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where the square brackets indicate total concentrations in mol kg™ of seawater and Ks* is the
stoichiometric solubility constant of the mineral of interest (calcite, aragonite, mol? kg2 seawater)

at ambient temperature, pressure and salinity (Millero, 1979; Mucci, 1983).

Whereas surface ocean waters are generally supersaturated with respect to calcite and
aragonite, cold deep ocean waters are typically undersaturated with respect to both minerals,
mainly because CaCOs solubility increases with increasing water depth (pressure) (Millero, 1979)
and metabolic CO2 accumulates as deep waters age. Anthropogenic CO2 invasion in the deep-sea
is dictated by the rate at which biologically-driven processes that sequester CO> in the surface
waters transfer it to the deep ocean (biological pump, see Passow and Carlson (2012)) and the rate
at which anthropogenic CO. absorbed by the surface ocean is advected to the deep ocean
(physical/solubility pump). Thus, the acidification of the deep ocean lags behind that of the surface
ocean. For instance, if today’s rate of anthropogenic CO2 emissions were doubled by the end of
this century, Ridgwell and Hargreaves (2007) predict that it would take a thousand years before
the deep ocean reached near-equilibrium with the atmospheric CO2. The injection of anthropogenic
CO> to the deep ocean results in a further decrease in COs% ion concentrations, which in turn
reduces the saturation state of seawater (equation 2.1) and raises the depth at which the waters
become undersaturated. When overlying waters are undersaturated, biogenic aragonite or calcite
reaching the seafloor can dissolve. The degree of undersaturation (1 - Q) with respect to each
mineral is the driving force behind this dissolution. As the calcite saturation depth (Qc = 1) rises,
the area of the seafloor covered by calcitic sediments and overlain by calcite-undersaturated
seawater will increase, triggering additional dissolution. The present study aims to characterize the
dissolution kinetics of calcite-bearing sediments or how fast the calcite-component of these

sediments will dissolve in response to ocean acidification.

CaCOg-rich sediments (>30 wt%), which constitute nearly a third of the ocean floor (Morse
and Mackenzie, 1990), will ultimately serve to neutralize a large part of the anthropogenic CO-
delivered to the deep ocean according to the overall reaction (Archer et al., 1998),

CaCO0s3 + CO; (4q) + H,0 < 2HCO3 + Ca** (2.2)
The time required for neutralization of the anthropogenic CO: is dependent on the CO; transfer

rate from the surface ocean to the deep ocean, as well as benthic CaCOs3 dissolution kinetics
(Boudreau, 2013; Caldeira and Wickett, 2003; Tyrrell, 2011).
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The kinetics of calcite dissolution are often expressed by a simple empirical equation of

the form:

r = k(1- Q)" (2.3)
where r is the dissolution rate normalized to the mass (mol g yr?) or surface area (mol m=2 yr?)
of the mineral, k is the dissolution rate constant (mol g yr* or mol m?2 yrt), Qc is the saturation

state of the solution with respect to calcite, see Eq. 2.1, and n is the reaction order.

Rate constants (k) and reaction orders (n) derived from laboratory studies diverge widely.
Keir (1980) derived a high reaction order (n = 4.5) to represent the dissolution rates of suspended
biogenic and synthetic calcites in seawater. Likewise, Walter and Morse (1985) obtained a high
order dependence (n = 3) from their study of synthetic calcite dissolution rates in seawater.
However, several researchers have argued recently that calcite dissolution Kinetics is linearly
dependent (i.e., n = 1) on the seawater undersaturation (Boudreau, 2013; Hales and Emerson,
1997b). First-order calcite dissolution Kinetics appear to be more consistent with results of in situ
studies of CaCOg dissolution in the deep-sea (Hales and Emerson, 1996, 1997a,b), but diagenetic
processes, such as metabolic CO2 production and bioturbation, may significantly influence these

in situ rate measurements.

Keir (1983) determined the dissolution rate of calcite in a stirred-flow reactor with (non-
suspended) beds of synthetic and natural carbonate sediments. Although his calculated reaction
order was nearly the same as found with previous kinetic experiments on suspended sediment
(Keir, 1980), the dissolution rate constant was approximately two orders of magnitude lower. Keir
(1983) proposed that the presence of a diffusive boundary layer (DBL) at the sediment-water
interface (SWI) of his samples might explain the discrepancy in the experimental results.

The DBL is a thin layer of fluid between a solid (possibly porous) surface and a flowing bulk
solution, within which molecular diffusion dominates over turbulent transport and whose thickness
is determined by the hydrodynamic conditions (Schlichting, 1979). The DBL behaves as a region
of mass-transfer resistance and, thus, may limit the dissolution at a solid-water interface (Boudreau
and Guinasso, 1982; Dade, 1993; Jargensen and Revsbech, 1985; Santschi et al., 1983; Steinberger
and Hondzo, 1999).
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When dealing with a single crystal or suspended grains, calcite dissolution can be broken
up into several processes or steps taking place concurrently near the dissolving mineral grain, as
described in Morse and Arvidson (2002). In such a scheme, one or more reactions occur at the
grain surface, while reactants and products must be transported to or from the grain surface. The
slowest of these steps determines the rate of the overall reaction, giving rise to the concept of

transport versus reaction control.

The transport-reaction “geometry” for the sediment disks in our reactor or for sediments at
the seafloor is more nuanced than that of a single crystal or grains in suspension, and the concept
of control is treated differently (Boudreau and Guinasso, 1982). Whereas the dissolution reaction
still occurs at solid surfaces, transport must move reactants within sediment pores and also across
a DBL that exists on the water side of the disk or above the sediment-water interface (SWI). The
dissolution reaction generates a concentration gradient that drives a flux of solute products through
both the pores and across the DBL. The question of control shifts from consideration of kinetics
of reaction at grain surfaces versus transport of solutes to/away from a crystal/grain to a
comparison of rates of processes in the sediment versus transport on the water side of the SWI.

When dissolution of a disk or at seafloor is controlled by rates of the combined reaction
and transport within the sediment, then “deep” solute gradients develop within the sediment, on a
scale far greater than the thickness on the DBL; the DBL is typically about a millimeter thick for
deep-sea conditions, but can be thinner (or thicker) in a reactor. Conversely, under this geometry,
transport control refers not to the rate of diffusion (or perhaps advection) of solutes within the
sediments, but to the rate of transfer across the DBL (Boudreau and Guinasso, 1982). This
particular dichotomy is adopted because control by DBL transport will cause the reaction rate to
be affected by benthic currents, whereas control by processes within the sediments will be
impervious to such effects, baring resuspension or flow penetration. In this study, we will refer to
transport and surface reaction limitations that take place within the sediment as “sediment-side
control” and to diffusion limitation through the DBL above the bed as “water-side control”. Note
that dissolution controlled by water-side processes (DBL transport) are inherently linear, which

would stand in contrast to past assertions of high-order nonlinearity for calcite dissolution.

Previous laboratory-based CaCOz dissolution studies have removed the role of water-side

processes by re-suspending the sediment in seawater, in order to expose all the mineral surfaces
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and minimize the boundary layer around each grain (Gehlen et al., 2005; Keir, 1980; Morse, 1978;
Walter and Morse, 1985). Although these studies provide good insights on calcite dissolution
kinetics in the water column (after normalization to the exposed surface area), they are not
representative of benthic dissolution conditions (Boudreau, 2013). Whereas several research
groups have demonstrated that calcite dissolution rates become (classically) transport-controlled
for pH < 4 and low saturation states, i.e., Q¢ < 0.4 (Berner and Morse, 1974; Morse and Arvidson,
2002; Sj6berg and Rickard, 1984), these conditions diverge widely from those encountered at the
seafloor. In this study, we investigated the dissolution kinetics of a simulated, organic-free, and
carbonate-rich sediment in natural seawater, held in a thermostated, stirred-flow reactor and
subject to a range of undersaturations and shear stresses, all to simulate conditions more

representative of the seafloor.

2.2 Materials and methods

2.2 .1 Stirred-flow reactor

The experimental design depicted in Fig. 2.1 is based on the principle of the stirred-flow
reactor (Denbigh, 1944; Keir, 1980, 1983). Dissolution experiments were carried out in a water-
jacketed reaction vessel held at 25.0 (+ 0.1) °C and in which a synthetic sediment, including its
low-density polyethylene (LDPE) mold, was immersed. Between 104 and 872 mL of the treated
natural seawater (depending on the volume of the reactor and thickness of the sediment disk) were

added to the reactor without disturbing the sediment surface.

The natural seawater used for our experiments was collected between 2013 and 2016 at
300 to 400 meters depth in the Gulf of St. Lawrence and stored in high-density polyethylene
(HDPE) carboys. These waters originate from the northwestern Atlantic Ocean (Koutitonsky and
Bugden, 1991). The practical salinities (Sp) of the seawater were between 34.55 and 34.79 at the
time of sampling, as determined with a Seabird SBE-911 conductivity probe mounted on the
sampling rosette. Aliquots stored in glass bottles revealed that the soluble reactive phosphate
(SRP) concentrations at the time of sampling were between 1.94 and 2.24 uM, whereas dissolved
organic carbon (DOC) concentrations were between 53 and 67 uM (Y. Gélinas, pers. comm.).
Prior to use, the seawater was pre-equilibrated for several days in the presence of calcite powder
(solid:solution ratio of 15g:1L) to scavenge SRP and DOC, both strong calcite dissolution and
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precipitation inhibitors (Berner and Morse, 1974; Sj6berg, 1978), by adsorption onto the mineral
surface. The slurry was then vacuum-filtered through a 0.45 um Millipore polycarbonate filter and
the seawater stored in Nalgene (LDPE or HDPE) bottles for several months. After that period, the
SRP concentrations were between 1.48 and 1.67 pM.
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Fig. 2.1 | Schematic representation of the experimental design.

The calcite contained in the synthetic sediment, if exposed to a solution undersaturated
with respect to calcite (Q¢ < 1), should dissolve. In order to obtain an undersaturated solution, a
fraction of the treated seawater was acidified by adding dilute hydrochloric acid (~1N) to reduce
the total alkalinity (TA) from ~2300 pmol kg™ to ~400 umol kg (“TA in” in Tables 2.1 and 2.2)
and Qc from ~4 to ~0.15. This treatment did not modify the original salinity of the seawater by
more than 0.2% (relative). The acidified seawater was equilibrated with the ambient atmosphere
(pCO2 ~ 400 ppm) by bubbling laboratory air with an aquaria pump at a constant flow rate of ~1
mL sL. The air was pre-humidified, by bubbling it through a distilled water-filled, glass-washing
bottle equipped with a fritted disk, to avoid evaporation and salinity variations of the seawater

solutions. At room temperature (23 + 1°C), it took approximately 24 hours to equilibrate the
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solutions with the atmosphere, as determined from measurements of the pHt (pH on the total
hydrogen ion scale) and TA of the solution. This acidified seawater served as the input solution
and was injected into the reactor, initially filled with calcite-equilibrated seawater (Qc = 1), at a
constant rate through a 0.51 mm inner diameter (ID) Tygon polyvinylchloride (PVC) tube, using
a multi-channel peristaltic pump (Gilson’s Minipuls™ 3 Peristaltic Pump). The pumping rate was
determined for each setting in each experiment by weighing the amount of solution pumped out of
the reactor over a fixed period of time. To keep a constant volume of solution in the reactor, the
solution was withdrawn from the reactor by the same pump through a 0.76 mm ID tube fixed at
the surface of the solution. The batch reactor was capped by a PVC cover equipped with multiple
openings for insertion of the stirrer, the solution input and output tubes, and a combination glass-
reference pH electrode. The outer shell of the reactors was wrapped in opaque paper to avoid the
proliferation of bacteria that otherwise developed at the surface of the sediment disk within a few
weeks. A stirrer, whose design was inspired by the shear stress inducer described by Javadi and
Khalili (2009), was used and driven by an overhead, variable-speed motor. In theory, the stirrer is
designed to generate a uniform, bottom shear stress and consists of a rotating 3.5 cm diameter PVC
cone held at the tip of a 13 cm long PVC shaft (Fig. 2.1). The diameter of the stirrer (3.5 cm) was,
depending on the diameter of the reactor (between 6.5 and 8.5 cm), between 54 and 41% of the

latter, respectively.

The evolution of the dissolution reaction was assessed by monitoring the pHt of the
experimental solution inside the reactor at a fixed acidified seawater pumping rate. Once a steady-
state pHrt was achieved, an aliquot of the output solution was collected and analyzed to determine
the steady-state TA, Sp and SRP concentration. The pumping rate was then increased and,
consequently, the residence time of the solution in the reactor as well as the saturation state of the
reactor solution decreased, triggering an increase of the calcite dissolution rate. Residence times
of the input solution in the reactors varied between 8.2 and 603.1 hours, corresponding to input
flow rates between 72.2 and 0.4 g hrl, respectively. The experiments were carried out over several
weeks or months depending on the injection rate and the range of saturation states investigated.
The sediment disks were replaced after no more than two months. Note that, in our experimental
design, the saturation state of the bulk solution was not fixed and reached a steady state upon

balancing the pumping rate of acidified seawater and the calcite dissolution rate.
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2.2.2 Sediment preparation

The montmorillonite-calcite mixture was prepared by mixing 35 g of montmorillonite and
40 g of calcite powder (53 wt% calcite) into 100 mL of calcite-equilibrated seawater (Qc = 1) under
constant stirring and the homogeneous mixture laid out in the cut-out bottom of LDPE bottles to
form uniform disks of various thicknesses and diameters. Disks containing 10, 30, 90 and 100 wt%

calcite on a dry weight basis were also prepared following the same procedure.

Montmorillonite grain size (um) Calcite grain size (um)

Fig. 2.2 | Scanning electron microscope image of (left) montmorillonite and (right) calcite powder. Boxplots
represent the distribution of grain size (diameter expressed in um) of the montmorillonite powder for a
sample of 100 grains, and of calcite powder for a sample of 150 grains. Each boxplot depicts the minimum
and maximum measured grain sizes, the median value, and the first and third quartiles.

ACS reagent-grade CaCO3z powder was purchased from Baker® and an XRD analysis
confirmed that it was pure calcite, although trace amounts of other polymorphs would have gone
undetected if present at less than a few weight percent. The average length of the grains was
estimated at 5.65 + 0.92 um from a sample of 150 grains examined in a scanning electron
microscope (SEM). Based on the latter, and assuming that the shape of the grains is cubic, the
geometric specific surface area of the calcite was estimated at 0.39 + 0.23 m? g*. The calcite
powder and the rhombohedral shape of the grains can be seen in Fig. 2.2. A highly purified
montmorillonite clay (Mineral Colloid® BP) with specific gravity of 2.6 g cm=, purchased from
Southern Clay Products Inc. USA, was used to make the simulated carbonate-rich sediment. The
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main criteria used to assess the suitability of the synthetic sediment was the cohesion and stability
of the mixture, especially at the sediment-seawater interface when the beaker was jiggled. The
fresh disks were stored in calcite-equilibrated seawater and kept in the dark to avoid the
proliferation of bacteria until used within a few days. Porosity was measured from weight loss
upon drying at low temperature (~ 50°C). Sediment disks were placed in an oven for several weeks
at a temperature ~ 50°C until porewater was completely evaporated. Based on the measured
salinity of the seawater, the weight of salts precipitated during evaporation was computed and
subtracted from the total weight of solids, to obtain the weight of dry sediments. Given an average
solid density of 2.65, the volume of dry sediment was calculated. Dividing the volume of dry
sediment by the volume of bulk (wet) sediment gave the porosity (®). For the simulated 53 wt%
calcite sediment, ® was estimated at 0.79 £ 0.01 (n = 5). Given the similar specific gravity of the
calcite and montmorillonite powders (respectively 2.71 and 2.6 g cm?), the sediment disks
porosity was, within the uncertainty of our determinations, independent of the calcite content.
Freeze-drying of the wet 53 wt% calcite sediment yielded a similar primary porosity of 0.801 +
0.002 (n =4).

Dissolution experiments were also performed on cylindrical cores (4.9 to 7.2 cm in
diameter, 3.5 to 6.5 cm thick) of Indiana limestone (see ILI (2007)) inserted tightly into the cut-
out bottom of LDPE bottles so that only the flat surface of the disk was exposed to the solution.
The limestone porosity was estimated at 0.144 using the Mercury Intrusion Porosimetry (MIP)
technique (P. Selvadurai, pers. comm.). The grain size of Indiana limestone is usually quite
variable, ranging from < 5 um to > 300 um and its macropores (i.e., features with diameter > 33
pm) are not interconnected (i.e., isolated; Ji et al. (2012)). Assuming that only the surface of the
Indiana limestone is dissolving, it is possible to observe the dependence of the measured alkalinity
flux on the stirring rate due to the diffusion through the DBL, regardless of potential variations of
the diffusion depth, i.e., the maximum sediment depth over which the reactants and reaction

products diffuse within the sediment.

2.2.3 Analytical methods

pHr was measured inside the reactor with a Radiometer Analytical® GK2401C
combination glass electrode connected to a Radiometer Analytical® PHM84 pH/millivolt-meter.

62



Prior to each measurement, the electrode was calibrated against three NIST-traceable buffer
solutions: pH-4.00, pH-7.00 and pH-10.00 at 25°C. The pH values of these low ionic strength
buffers are assigned under the infinite-dilution convention. The electrode response to these buffers
was then least-squares fitted to obtain the Nernstian slope and measurements converted to the
“total” hydrogen ion concentration scale (pHt), defined under the constant ionic medium
convention (Dickson, 1984), using a TRIS buffer solution with an assigned pH+ of 8.089 at Sp =
35 and 25°C.

TA was determined by potentiometric titration of the initial reservoir and steady-state
solutions with a dilute hydrochloric acid solution (0.01N), using an automated Radiometer
(TitraLab865®) titrator and a Red Rod® combination pH electrode (pHC2001). The dilute HCI
titrant was calibrated prior, during, and after each titration session, using certified reference
materials (CRM Batch #131 and #140) provided by Andrew Dickson (Scripps Institute of
Oceanography) and a laboratory sub-standard of Lower St. Lawrence Estuary seawater (Sp =
34.41; TA = 2283 + 3 umol kg™). The reproducibility of the method was better than 0.5%. The
uncertainties presented in this study for total alkalinity, as well as steady-state pHr, were estimated

based on multiple replicate measurements of each sample.

The change in calcium concentration brought by the dissolution of calcite was computed
from the difference in TA between the input (“TA in”) and the output (“TA out”) solutions.

AlCa?*] = =2 (2.4)

The salinity of the experimental solution was monitored regularly by potentiometric
titration of an aliquot of the output solution with a AgNO3 solution calibrated with IAPSO standard
seawater. The measurements were performed with an automated Radiometer (TTT80) titrator, a
silver electrode, and a mercuric sulfate reference electrode. The reproducibility was better than
0.2%.

The SRP concentration of the initial reservoir and steady-state solutions was determined
spectrophotometrically using the technique developed by Murphy and Riley (1962) and described
in Grasshoff et al. (1999). The absorbance of the phosphomolybdate reaction product was
measured manually at 880 nm on a Hewlett-Packard Agilent 8453 UV-visible spectrophotometer

using a 10-cm cell. The detection limit was 0.01 uM and the reproducibility was better than 0.5%.
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Calibration curves were constructed by 4 successive dilutions of a 10 mM standard phosphate
stock solution in a 0.7M NaCl solution to prevent salt effects and the corresponding R? values were

always better than 0.999.

2.2.4 Analytical methods

At a given temperature, salinity and pressure, only two of the following four measurable
carbonate-system parameters, i.e., TA, pH, pCO2 and DIC, and the appropriate carbonic acid and
boric acid dissociation constants are sufficient to estimate the speciation of dissolved inorganic
carbon in solution. The Microsoft Excel version of CO2SYS (Pierrot et al., 2006), based on the
original algorithm of Lewis and Wallace (1998), was used to calculate the initial reservoir and
steady-state solution pCO>, carbonate ion concentration and saturation state with respect to calcite
(Qc) from the steady-state pHt and TA. The uncertainties on € values reported in Tables 2.1 and
2.2 were computed separately and included errors on the solubility constant. All calculations were
carried out on the total hydrogen ion concentration scale, using the stoichiometric carbonic acid
dissociation constants determined by Lueker et al. (2000), as recommended by Dickson et al.
(2007) (see Orr et al. (2015)), the total boron concentration [B]r value from Uppstrém (1974), and
the standard acidity constant of the HSO4™ ion (K(HSO4)) from Dickson (1990). The SRP, Sp, T,
TA and pHt were used as input parameters in CO2SYSS.

2.2.5 Dissolution rate estimates

The dissolution rate r (mol m yr?) was determined from the difference in the composition
of the input and output solutions (ATA/2 or A[Cal]), according to:
_ msw ATA (2.5)
2S At
where msw is the mass of seawater present in the reactor, 4t is the residence time of the solution
in the reactor (yr), as given by the volume of solution in the reactor divided by the pumping rate,

and S is the surface area of the simulated sediment disk (interface surface area; ISA).

As shown in Tables 2.1 and 2.2, although the steady-state experimental solutions have

significantly lower total alkalinities than modern-day seawater at an equivalent salinity, dissolution

64



experiments were carried out over a range of undersaturations representative of deep-sea
conditions, i.e., Q¢ between 1.0 and 0.6 (Dunne et al., 2012), and a few data points were obtained
at higher degrees of undersaturation (Q¢ ~ 0.4). The data were fitted to the logarithmic form of
Eq. 2.3, i.e, log(r) vs log(1-Qc), to estimate the dissolution rate constant (intercept) and the
reaction order (slope). Given the nearly invariant calcium concentration in the deep ocean, and in
our reactors, the degree of undersaturation, (1-€¢), can also be expressed as a difference between
the carbonate ion concentration at equilibrium with CaCOg, Cs, and the carbonate concentration
in the overlying water, Co (Boudreau, 2013; Boudreau and Guinasso, 1982). Under this formalism,
the dissolution rate, r, is related to the product of a concentration difference, (Cs — Co), and an
overall (or apparent) mass-transfer coefficient for the dissolved CO3s?>, here referred to as k*. As
explained in Boudreau and Guinasso (1982), for linear dissolution kinetics, k* has units of length
per unit time and is a non-linear combination of both the sediment-side mass transfer coefficient
(ks) and the water-side mass transfer coefficient, g, calculated as the CO3? diffusion coefficient
divided by the thickness of the DBL (Boudreau, 2013), i.e.,

I = ks B (2.6)
(ks + B)

We chose to use the Williamson-York bivariate, iterative, fitting method described in
Cantrell (2008), based on the work of Williamson (1968) and York (1969), to fit our data to Eqn.
(2.3). This method accounts for uncertainties in both the dissolution rate (r) and undersaturation
state (1-Qc) (or in both k* and (Cs — Co), as discussed above), and minimizes the deviation between
data points and the fitted line along both axes, rather than a standard least-squares fit that simply
considers variations in the y-direction. For each fit, we report both the determination coefficient
(R?) and the goodness of the bivariate fit as defined in York et al. (2004) and Cantrell (2008), with
its expected value being unity.

2.2.6 Shear-stress generation

Hydrodynamic conditions at the reactive surface of a non-porous media are commonly
represented in the framework of the diffusive boundary-layer model (Boudreau and Jgrgensen,
2001; Levich, 1962; Santschi et al., 1983; Schink and Guinasso, 1977). As noted above, the
thickness of the DBL is influenced by hydrodynamic conditions or shear stress at the solid-solution
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interface (Schlichting, 1979). Higher stirring speeds, generating high current velocities, such as
those encountered on shallow carbonate platforms or near-shore environments and that usually
exceed tens of centimeters per second, thin the DBL and increase the rate at which a solute (i.e.,
carbonate ions) can diffuse to the overlying waters, i.e., its mass transfer coefficient. Conversely,
lower stirring speeds are representative of areas of the seafloor where the current velocities are

slow, i.e., a few centimeters per second or less, such as abyssal plains, and generate a thick DBL.

Experimental reactor designs that yield a uniform bottom shear stress have been the subject
of numerous studies, but have not been entirely satisfactory (Buchholtz-ten Brink et al., 1989;
Khalili et al., 2008). Our shear-stress inducer device presumably generates a quasi-uniform bottom
shear stress and consists of a right circular cone (cone radius of 1.75 cm, cone angle of 5°), rotating
(stirring speed between 0 and 416 rpm) in a fixed cylindrical container, with a vertical gap between
the SWI and the apex of the cone of approximatively 1.5 cm (Javadi and Khalili, 2009; Khalili et
al., 2008). The bottom surface shear stress (z), neglecting the vertical side wall, can be computed
from the cone parameters and the equations of Javadi and Khalili (2009). Nevertheless, qualitative
observations of the water flow in the reactor using a dye with a density similar to seawater reveal
that the shear stress estimates derived from the equations of Javadi and Khalili (2009)
underestimate the fluid velocity by at least one order of magnitude under our experimental

conditions.

Sediment disk descriptions, experimental conditions, and dissolution rate measurement
results, along with all their relative uncertainties, are reported in Table 2.1 (sediment disks with
53 wt% calcite at various stirring speeds) and Table 2.2 (sediment disks of various calcite content
in both stirred and unstirred reactors). Salinity measurements of aliquots of the steady-state output
solutions (Sp varied between 34.45 + 0.04 and 36.88 + 0.04) reveal that even after two months,
evaporation was minimal and all calculations were carried out at the in situ salinity. During each
phase of the experimental protocol, seawater was nearly in equilibrium with the atmosphere. pCO>
values computed using CO2SYS from the steady-state Sp, TA, pHr and [SRP] values of samples
varied between 333 and 557 ppm.
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Table 2.1 | Description of dissolution experiments for synthetic sediments with 53 wt% of calcite,
with the computed steady-state saturation states with respect to calcite and dissolution rates normalized to
the interface surface area (ISA).

stirring | total sed. sed. ISA res. pHr TAin TA out Qc ISA-norm. [SRP]
speed mass thickness time dissolution
(rpm) (g) (cm) (cm?) (hr) (umol kg?) | (umolkg?) rate (M)
(x0.1) (x0.1) (x5%) | (+0.1) | (+0.003) (mol m2yr?) | (£0.5%)
0 108.3 2.0 39.6 71.7 7.569 454.6 + 4.4 758.3+3.9 0.64 +0.03 1.4+0.1 4.3
0 71.9 1.3 39.6 38.5 7.583 520.1+25 696.8 +1.9 0.61 +0.02 1.5+0.1 0.8
1] 62.3 1.6 28.3 22.3 7.506 520.1+2.5 629.5+0.2 0.46 +0.02 1.3+0.1 1.3
1] 62.3 1.6 28.3 18.1 7.494 555.0 +1.8 644.6 +5.0 0.47 +0.02 1.3+0.1 -
0 278.2 5.1 39.6 28.6 7.502 357.2+0.7 529.6 +5.6 0.38 +0.02 1.1+0.1 0.8
1] 132.8 2.5 38.3 27.9 7.510 575.3+0.2 810.2 +3.0 0.61 #+0.03 1.7+0.1 0.6
1] 132.8 2.5 38.3 27.9 7.555 575.3+0.2 773.7 3.0 0.64 +0.03 1.5+0.1 0.6
0 132.8 2.5 38.3 27.9 7.540 575.3+0.2 739.2+3.0 0.59 #0.03 1.2+01 0.6
0 132.8 2.5 38.3 17.3 7.522 585.0+0.8 660.3 +3.0 0.50 £0.02 0.9z+0.1 0.9
0 132.8 2.5 38.3 17.3 7.522 585.0+0.8 673.3+3.0 0.51+0.02 1.1+01 0.9
0 132.8 2.5 38.3 13.2 7.548 585.0+0.8 669.6 + 3.0 0.54 +0.03 1.3+0.1 1.1
0 132.8 2.4 38.5 603.1 7.655 581.6+1.5 913.0+3.0 0.93 £0.04 0.1+00 2.3
0 132.8 2.4 38.5 384.5 7.644 574.7 +2.0 827.0+3.0 0.82 +0.04 0.1+00 1.9
0 132.8 2.4 38.5 233.3 7.642 574.7 +2.0 792.0+3.0 0.78 +0.04 0.2+0.0 1.4
39 1324 2.4 39.6 464.9 7.661 581.6+1.5 943.1+4.7 0.97 +0.05 0.2+00 2.7
39 1324 2.4 39.6 296.4 7.647 574.7 +2.0 854.1+4.3 0.85 +0.04 0.3+00 1.9
39 132.4 2.4 39.6 179.8 7.644 574.7 +2.0 832.8+4.2 0.82 +0.04 0.4=+00 1.4
39 1324 2.4 39.6 75.5 7.641 574.7 +2.0 982.4+4.9 0.97 +0.05 1.6+0.1 1.2
50 132.4 2.4 39.6 66.7 7.636 1045.0+4.2 | 1062.4+0.8 | 1.0520.05 0.1+00 -
74 112.1 2.0 39.6 131.0 7.588 454.6 + 4.4 873.0+1.0 0.77 £0.04 1.0+0.1 2.3
74 112.1 2.0 39.6 103.1 7.569 454.6 + 4.4 874.0+3.0 0.75 #0.04 1.3+0.1 2.2
74 115.6 2.1 39.6 74.9 7.592 454.6 + 4.4 866.6 + 8.1 0.78 +0.04 1.7+0.1 -
74 115.6 2.1 39.6 66.1 7.593 454.6 + 4.4 788.6 +4.4 0.71 +0.03 1.6+0.1 3.7
74 108.3 2.0 39.6 193.3 7.617 454.6 + 4.4 903.1+1.0 0.85 #0.04 0.7 +0.0 2.6
74 108.3 2.0 39.6 145.3 7.598 454.6 + 4.4 866.7 +0.5 0.79 20.04 0.9z+0.1 -
74 108.2 1.1 72.4 278.7 7.640 454.6 + 4.4 933.5+6.9 0.92 +0.04 09+00 2.0
74 108.2 1.1 72.4 196.0 7.623 454.6 + 4.4 837.9+34 0.80 #0.04 1.0+00 1.1
74 98.2 1.0 72.4 166.6 7.605 454.6 + 4.4 815.3+5.1 0.74 +0.04 1.1+00 1.4
74 120.7 2.2 39.6 26.3 7.613 520.1+25 730.8 +5.4 0.67 +0.03 24 +0.1 0.8
74 98.2 1.0 72.4 79.2 7.666 520.1+2.5 729.0+0.2 0.74 +0.03 1.4+00 0.9
74 206.8 3.8 39.6 21.2 7.532 520.1+2.5 758.3+5.2 0.59 #0.03 2.7+0.2 1.6
74 120.7 2.2 39.6 23.4 7.576 555.0+1.8 746.8 +0.9 0.64 +0.03 25+01 -
74 627.9 11.4 39.6 41.6 7.626 357.2+07 736.7+1.2 0.70 £ 0.03 3.6+0.2 2.2
96 108.3 2.0 39.6 89.0 7.577 454.6 + 4.4 845.0+4.5 0.73 £0.03 1.4+0.1 1.8
96 278.2 5.1 39.6 29.2 7.579 357.2+0.7 832.9+14 0.72 +0.03 3.0+0.2 0.8
96 205.8 3.7 39.6 22.6 7.617 357.2+0.7 690.7 +0.3 0.64 £0.03 33102 0.8
96 205.8 3.7 39.6 22.7 7.585 357.2+0.7 699.7 +2.6 0.61 #0.03 3.4+02 0.8
96 480.7 8.8 39.6 29.7 7.614 357.2+0.7 651.1+3.6 0.60 #0.03 3.2+02 2.0
96 104.9 1.9 39.6 8.8 7.517 397.4+05 553.4+3.5 0.42 £0.02 6.00.3 6.3
96 97.5 1.8 39.6 10.0 7.532 397.4+05 555.1+2.6 0.4320.02 5.6+0.3 6.8
96 92.8 1.7 39.6 8.2 7.507 397.4+0.5 513.6+1.0 0.37 £0.02 9.3+0.5 4.7
229 132.4 2.4 39.6 75.8 7.646 989.9+5.5 1041.3+5.2 1.04 +0.05 0.2+00 1.2
416 1324 2.4 39.6 75.8 7.651 982.1+1.1 1025.7 5.1 1.04 +0.05 0.2+00 1.2
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Table 2.2 | Description of dissolution experiments for synthetic sediments with various calcite contents, with
the computed steady-state saturation states with respect to calcite and dissolution rates normalized to the
interface surface area (ISA).

calcite total sed. sed. ISA res. pHr TA in TA out Qc ISA-norm. [SRP]
dry mass thickness time dissolution

content (g) (cm) (cm?) (hr) (umol kg?) | (umol kg?) rate (M)

(wt%) (t0.1) (t0.1) (t5%) | (£0.1) | (+0.003) (mol m2yrt) | (£0.5%)

Dissolution experiments carried out in unstirred reactors
10 99.7 2.1 39.6 50.0 7.497 367.5+0.3 567.5+0.2 0.41 +0.02 0.5+00 10.7
10 99.7 2.1 39.6 106.6 7.520 367.5+0.3 662.1+1.0 0.50 +0.01 0.3+00 13.4
10 99.7 2.1 39.6 502.1 7.652 367.5+0.3 823.4+29 0.81+0.04 0.1+00 12.8
30 106.2 2.3 374 35.9 7.501 367.5+0.3 636.2+2.5 0.46 +0.02 0.9+01 12.7
30 106.2 2.3 374 119.3 7.567 367.5+0.3 722.1+2.1 0.60 +0.03 0.4+00 13.3
30 106.2 2.3 37.4 465.3 7.648 367.5+0.3 855.6 +3.5 0.84 +0.04 0.1+00 13.1
90 111.3 1.7 52.8 52.1 7.604 367.5+0.3 763.5+0.7 0.69 +0.03 0.7+00 6.8
90 111.3 1.7 52.8 105.5 7.653 367.5+0.3 793.2+26 0.80 £ 0.04 0.3+00 7.9
90 111.3 1.7 52.8 410.0 7.665 367.5+0.3 891.2+3.9 0.92 +0.04 0.1+00 5.9
100 40.0 0.7 44.2 51.5 7.570 572.3+0.2 774.1+1.0 0.66 +0.03 1.0+0.1 0.4
100 40.0 0.7 44.2 23.8 7.468 572.3+0.2 676.1+3.0 0.46 £ 0.02 1.1+01 0.4
100 40.0 0.7 44.2 23.8 7.525 572.3+0.2 687.5+0.9 0.53 +0.03 13+0.1 0.4
100 40.0 0.7 44.2 23.8 7.589 572.3+0.2 698.9+0.9 0.61 +0.03 1.4+0.1 0.7
100 40.0 0.7 44.2 14.7 7.540 585.0+0.8 649.7 +1.9 0.51+0.02 1.1+01 0.7
100 40.0 0.7 44.2 14.7 7.522 585.0+0.8 640.4 +1.5 0.49 +0.02 1.0+00 0.9
100 40.0 0.7 44.2 11.7 7.550 585.0+0.8 656.9+1.1 0.53 +0.03 1.6+0.1 0.9
100 96.4 1.5 52.8 512.3 7.671 367.5+0.3 902.1+2.4 0.94 +0.04 0.1+00 1.0
Dissolution experiments carried out in reactors stirred at a constant rate of 74 rom

10 99.0 2.1 39.6 2123 7.683 319.0+1.4 861.0+3.6 0.91+0.04 0.8+0.0 12.4
10 99.0 2.1 39.6 164.1 7.631 319.0+1.4 803.9+3.1 0.76 +0.04 09+01 13.6
10 98.7 2.1 39.6 54.0 7.584 486.7 +3.1 790.1+2.2 0.68 +0.03 1.8+0.1 15.1
10 98.7 2.1 39.6 26.4 7.591 486.7 +3.1 690.9 3.5 0.59 +0.03 24+0.1 16.4
30 106.5 2.3 37.4 164.6 7.659 319.0+1.4 855.4+3.2 0.86 +0.04 1.0+0.1 10.8
30 106.5 2.3 37.4 1433 7.647 319.0+1.4 804.5+0.9 0.79 £0.04 1.1+01 11.2
30 109.1 2.3 37.4 50.4 7.584 486.7 +3.1 786.2 +4.1 0.68 +0.03 19+0.1 11.6
30 109.1 2.3 37.4 22.3 7.580 486.7 +3.1 685.0+2.3 0.58 +0.03 2.8+0.2 12.4
90 140.6 2.2 52.8 260.5 7.677 319.0+1.4 853.1+0.7 | 0.90+0.04 0.7+0.0 3.2
90 140.6 2.2 52.8 147.4 7.659 319.0+1.4 833.4+14 0.85+0.04 1.2+01 3.6
90 147.8 2.2 52.8 49.9 7.631 486.7 +3.1 785.1+1.7 0.75 +0.04 2.1+01 5.2
90 147.8 2.2 52.8 22.9 7.648 486.7 +3.1 713.3+0.8 0.70 +0.03 3.5+02 4.8

2.3 Results

2.3.1 Quiescent conditions

We performed a number of experiments without stirring (rotation). If these are controlled

by diffusion in the water column, then the rate should be linear. A bivariate linear fit to the data,

without forcing the intercept through origin (red line in Fig. 2.3), yields

ro=03.5£1.0molm?yr ") (1-9Q)—-0.4+0.4molm?yr*

ro=(102.4+£28.6myr™") (Cs—Cp) —0.7 £ 0.5mol m 2 yr~!

(2.7a)
(2.7b)
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where ro is the ISA-normalized dissolution rate under water-side control, where the limiting step
is diffusion in the water column. Eq. 2.7a reports the dissolution rate law in terms of
undersaturation state with respect to calcite and Eq. 2.7b is the fit with respect to the deviation of
[CO3%] from equilibrium (Cs — Co), as explained in section 2.5. The goodness of the linear fit
(Cantrell, 2008; York et al., 2004) was 0.44 for Eq. 2.7a and 0.50 for 2.7b, whereas the R? value
was estimated to be 0.47 for Eq. 2.7a and 0.48 for 2.7b, which reflect the limited data at our

disposal.

10
@ —
_-E :_: 9 @no stirring 7 (mol m-2 yr'l) - _+_
S g 039 rpm (143t 1.5)(1-Q,) +(-1.9¢ 0.5) .-~
-8 'E O74 rpm R2=0.8 "’4’
NS 7 @96 rpm
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£ I m2vrl) = el
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Fig. 2.3 | Steady-state ISA-normalized calcite dissolution rate as a function of the steady-state
undersaturation state (1 — (). The color of each point represents the stirring speed used during the
dissolution experiments. Uncertainties are represented by error bars on both the saturation state and the
dissolution rate. The red and the black solid lines are, respectively, the linear bivariate fit to the
experimental dissolution data obtained in unstirred (Eq. 2.7a) and stirred reactors (Eq. 2.8b), and the
dashed lines describe the standard errors for each model.

Figure 2.4 displays sediment dissolution rates as a function of the undersaturation state of
seawater with respect to calcite, in unstirred and stirred (74 rpm) reactors, for different relative
calcite contents. Linear regressions to the rate data for each calcite content were applied to estimate
their rate constants as a function of the undersaturation. As indicated in Fig. 2.5, the ISA-
normalized dissolution rate constant determined under quiescent conditions increases slowly with

the calcite content and reaches a plateau for the highest calcite contents (90 and 100 wt%). A
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standard least-squares regression of the calcite dissolution rate constant (k) to the calcite weight
fraction in a dry sediment (B) yields a square-root dependence of 0.54 + 0.17, with a correlation
coefficient R? = 0.78. This relationship is in excellent agreement with the prediction of Boudreau
and Guinasso (1982), Boudreau (2013) and Keir (1982) that, when calcite is the single calcium
carbonate mineral present in a sediment, the dissolution rate is proportional to the square root of
the reactive surface area, assuming that the reactive surface area of calcite increases linearly with

the calcite content.

stirring 74 rpm no stirring
Z\ calcite 10wt%: R2=0.8, n=4 O calcite 10wt%: R2=0.9, n=3
.—==4 calcite 30wt%: R2=0.9, n=4 === calcite 30wt%: R2=0.8, n=3
—A calcite 53wt%: R2=0.8, n=26 —@ calcite 53wt%: R2=0.5, n=14
| —. A calcite 90wt%: R2=0.9, n=4 E 6.0 o 23 i — - @ calcite 90wi%: R2=0.9, n=3 ]
] E ‘:: - — @ calcite 100wt%: R2=0.6, n=8
15085207
I %5
+ 4.0 ﬁ £ 15 I
Ex
E E 1.0 T
2.0 Y 5
10 E § 0.5 -
IS T
0.0 0.0
0.0 0.2 0.4 0.6 0.0 0.2 0.4 0.6

Fig. 2.4 | ISA-normalized calcite dissolution rates as a function of the undersaturation state. The color of
the data points represents the calcite content and the lines are the linear bivariate fits for each of the calcite
contents. The diagram on the left represents the dissolution rates for experiments in a reactor stirred at a
constant rate of 74 rpm (i.e., sediment-side controlled), whereas the diagram on the right displays the
results obtained for sediment disks under quiescent conditions (i.e., water-side transport-controlled). The
slopes of the lines represent the dissolution rate constant (k) for each calcite content, and are displayed,
along with their uncertainties, in Fig. 2.9.
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2.3.2 Stirred conditions

In the discussion that follows, we neglect irregularities at the surface of our synthetic

sediment disks (millimetre-scale and smaller), assume that a continuous and uniform DBL is

present above the SWI (which varied in thickness with rotation), all which we recognize as

potentially inaccurate, and that fluid movement within the pores (< 15 pum) of sediment is through

molecular diffusion. In defense of these assumptions, surface irregularities on a scale smaller than

the viscous sublayer (about 1 cm in the deep-sea) will not seriously affect mass transfer. In

addition, the synthetic sediment made with montmorillonite should have permeabilities that are so

low as to prevent any appreciable water flow (Boudreau, 1997), and what remains is molecular

diffusion.

interface-area normalized dissolution rate

Fig. 2.5 | The apparent ISA-normalized rate constants (k, with error bars) as a function of the calcite
content (B) of the sediment disks. The circles are rate constants from experiments carried out under

constant (k, mol m?2 yr1)

k (mol m2 yr) =
(15.2 £ 1.2) Bl0-4£02)

k (mol m2yr) =

(3.5 £ 1.2) Bl0.65202)

-
—

synthetic calcite,
sediment-side
control:

this study

natural calcite,
sediment-side
control:

Keir (1983)

synthetic calcite,
water-side
transport
control:

this study

0.0

0.5

1.0

calcite weight fraction on a dry sediment (B)

quiescent conditions and the triangles are rate constants from experiments in stirred (74 rpm) reactors. The

solid lines are standard power regression models and their equations are displayed above each data group
with uncertainties, represented by the dashed lines, on both the slope and the order of dependence on the
calcite weight fraction. The white squares are dissolution rate constants derived from experiments carried

out by Keir (1983) on natural deep-sea calcitic sediments.
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Figure 2.6 shows the dependence of the dissolution rates of Indiana limestone on the
stirring rate. Interface area-normalized (ISA-normalized) calcite dissolution rates of Indiana
limestone disks increased from 1.1 + 0.1 to 5.4 + 0.6 mol m yr as the stirring rate was increased
from 0 and 53 rpm and as Qc rose from 0.23 = 0.04 to 0.38 = 0.03. At higher stirring rates (> 53
rpm), the ISA-normalized rates did not vary significantly, nor did the saturation state of the bulk
solution. Thus, we conclude that the Indiana limestone dissolution rate is controlled by mass
transport through the DBL above the bed for stirring speeds < 53 rpm. Above this value, the
dissolution regime shifts from a water-side transport control to a sediment-side control, when the
DBL above the sediment bed has been thinned enough that ks, the sediment-side control term,

becomes smaller than g (see De Baere et al. (2016)), as determined by equation 2.6.

Results of the calcite dissolution kinetic experiments with sediment disks containing 53
wt% calcite can be regrouped into 4 distinct sets based on the stirring rates investigated: 0, 39, 74
and 96 rpm. Like the Indiana limestone experiments, the ISA-normalized calcite dissolution rate
from the sediment disks increased as the stirring rate was increased from 0 and 74 rpm, but, as
shown in Fig. 2.3, became invariant between 74 and 96 rpm. Assuming those results that exhibited
stirring-rate dependence were sediment-side (transport) controlled, then the dissolution rate should
be linearly proportional to the undersaturation state of seawater with respect to calcite, as implied

by Fick’s first law of diffusion.

A total of 43 dissolution experiments on sediment disks containing 53 wt% calcite were
carried out at 25°C and ambient atmospheric pressure. The dissolution kinetics were investigated
over a large range of saturation states with respect to calcite, from highly undersaturated (¢ =
0.37 £ 0.02) to slightly supersaturated (Qc = 1.05 + 0.05) solutions. The best fits (black line on
Fig. 2.3) to the experimental dissolution measurements carried out under stirred conditions (39,
74 and 96 rpm) yield:

r=(10.8+1.4molm2yr1) (1 - Q,)127022 (2.8a)
r=(14.3+1.5molm2yr1)(1-9)—-1.9+0.5molm2yr! (2.8b)
r=(326.9+39.5myr 1) (Cs—Cp) — 1.7+ 0.5mol m~2 yr1! (2.8c)

The goodness of the fit was 1.01 for Eq. 2.8a, 1.16 for Eq. 2.8b and 1.15 for Eq. 2.8c,

whereas the R? values were, respectively, 0.51, 0.76 and 0.77; hence, a linear model properly
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describes the data, and the dissolution kinetics, under our experimental conditions, are well

represented by a law that does not go through origin.

The ISA-normalized rate dependence on (1 — €X) is nearly linear, as reported in Eg. 2.8a.
As explained in Boudreau (2013), setting an intercept through the origin introduces a statistically
biased restriction, as this intercept is part of the overall experimental uncertainty. As discussed
later in this paper, deviations of the intercept from the origin can be explained by the contribution
of parallel reactions. The rate constant (k) in Eqg. 2.8b is about 4 times larger than the water-side
transport-controlled rate constant from Eq. 2.7a determined under quiescent conditions (unstirred
reactors). As noted previously, there is no significant variation of the measured dissolution rates
at stirring rates between 74 and 96 rpm; consequently, the dissolution rate is believed to be
controlled by processes at and below the SWI, i.e., sediment-side control (Boudreau, 2013;

Boudreau and Guinasso, 1982) at these stirring rates.

Fig. 2.6 | Indiana limestone calcite dissolution rates as a
0.38. 029 function of the stirring speed. The labels indicate the
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0.36 measured steady-state saturation state with respect to
+0.02 § o5 052 calcite (Qc) in the bulk seawater for each experiment.
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Finally, the dissolution rate constants derived from sediment disks of various calcite
contents under the sediment-side control regime, overlain by seawater stirred at 74 rpm, display
an order of dependence on the calcite weight fraction that is not statistically different than 0.5, in
accordance with the theoretical value derived by Boudreau and Guinasso (1982), Keir (1982), and
Boudreau (2013). A comparison of our results with those of Keir (1983), obtained from the

dissolution of natural sediments (mostly foraminifera) in stirred reactors, as reanalyzed by
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Boudreau (2013), reveals that these two datasets are in excellent agreement (Fig. 2.5). Thus,
although we plan to investigate it experimentally in the near future, the comparison implies that

synthetic and natural calcite sediments display similar dissolution kinetic behaviours.

2.4 Discussion

2.4.1 Linear dissolution kinetics

Most laboratory-derived calcite dissolution rate data published to date (Cubillas et al.,
2005; Gehlen et al., 2005; Keir, 1980, 1983; Morse, 1978; Subhas et al., 2015; Teng, 2004; Walter
and Morse, 1985; Xu et al., 2012) display a non-linear dependence on the saturation state of the
solution, regardless of their experimental design or measurement techniques. Conversely, several
researchers have attempted to demonstrate a linear relationship between calcite dissolution rate
and saturation state in seawater (Boudreau, 2013; Emerson and Bender, 1981; Hales and Emerson,
1997b). Hales and Emerson (1997b) re-evaluated Keir (1980)’s original experimental data for
suspended sediment and found evidence that calcite dissolution rates may be linearly correlated to
the saturation state of the seawater solution. They reached this conclusion after assuming that the
saturation states of the experimental solutions were underestimated, more specifically that the
calcite stoichiometric solubility product used to calculate the saturation state was erroneous and
overestimated. Likewise, after a re-examination of Keir (1983)’s original experimental data with
natural carbonate sediments, Boudreau (2013) concluded that linear CaCOs dissolution Kinetics

were inherent to the data, even without having to call upon a revised solubility constant.

Previous studies have advanced that the calcite dissolution reaction is reaction-controlled
near equilibrium, Q — 1, and tends to be transport-controlled far from equilibrium, Q <<'1 (e.g.,
Morse and Arvidson, 2002; Sjoberg and Rickard, 1984). We have found that calcite dissolution
rates (Figs 2.3 and 2.4) are linear, regardless of the controlling regime (water-side versus sediment-
side), which contradicts the conclusions of these past studies. Furthermore, the observed
dependence of the rate on stirring below 74 rpm indicates water-side control by hydrodynamic
conditions below this stirring limit, regardless of the degree of undersaturation, a point that also
contradicts past conclusions. Whereas it is difficult to translate our stirring rates to oceanic
conditions, we firmly believe that the fits that we report, based on linear relationships between the

dissolution rate and the undersaturation state, are more representative of the processes occurring
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at the seafloor. Simple dye tracer experiments in our experimental vessels (not shown) reveal that
water velocities are faster at all our non-null stirring rates than velocities estimated for the deep-

sea, i.e., typically 4 cm st (Armi, 1977).

All our linear fits contain a positive intercept on the x-axis, i.e., over-estimated
undersaturation, and thus a negative y-axis intercept, i.e., a lower than expected rate error (see Figs
2.3 and 2.4). Two explanations for lower apparent solubility on the time scales of our experiment
come to mind. One could be elevated pore-water SRP concentrations. SRP is released by
desorption from the montmorillonite. SRP is known to be a strong inhibitor of both calcite
dissolution and precipitation (Berner and Morse, 1974; Burton and Walter, 1990; Morse, 1974a;
Mucci, 1986; Sjoberg, 1978) due to its adsorption at high-energy sites on the calcite mineral
surface (Alkattan et al., 2002; Millero et al., 2001; Svensson and Dreybrodt, 1992). These past
studies have attributed this effect to a lower rate constant for the dissolution reaction, but a lower
rate can also be affected by a smaller apparent solubility (on the experimental time scale). Another
possibility are effects from the concurrent precipitation from seawater of a slightly less soluble
form of CaCOz containing up to 4 mole% MgCOz (Bischoff et al., 1987), during dissolution.

In situ pore-waters microelectrode profiles of conductivity, oxygen and pH have shown
calcite dissolution to occur over the first cm in deep-sea sediments overlain by undersaturated
seawater (Archer et al., 1989a; Archer et al., 1989b; Oxburgh and Broecker, 1993), which suggests
that dissolution does not occur primarily at the sediment-seawater interface, as implied by our
results. Two factors may, however, account for these observations. The first is that real deep-sea
sediments contain labile organic matter that is subject to microbial oxidation, which produces COo.
The metabolic CO, can lower the saturation state of porewaters and trigger CaCO3 dissolution
(Emerson and Bender, 1981). In the interpretation of his results, Keir (1983) proposed that his
observation of carbonate dissolution in the presence of calcite-supersaturated overlying waters
could only be due to metabolic forcing or the presence and dissolution of adventitious aragonite,

for which the overlying waters would have been undersaturated.

The other possibility is that the observed deeper dissolution is partly an artifact of early
micro-electrode measurements. Glud et al. (1994) showed that early micro-electrodes, inserted
into sediments from the water-side of the SWI, measured deeper Oz penetration in sediments than

electrodes inserted from below and moved upward. The micro-electrodes inserted from the water-
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side caused overlying water to penetrate the sediment to some extent; if this afflicted the Archer
et al. (1989a, 1989b) study, then undersaturated overlying waters may have been introduced into
the sediment, leading to dissolution at depths where no dissolution was occurring previous to
electrode insertion. Our experiments show that CaCOs dissolution responds rapidly to changes in

saturation state, so that this artifact is a possibility.

Finally, to investigate if a gradient in the calcite content developed within the sediment
disks following the dissolution experiments, the inorganic carbon content of our un-reacted and
reacted synthetic sediment disks was determined coulometrically (reproducibility of 0.5%,
detection limit of 0.15%) at ~2 mm resolution (following freezing of the disks and shaving with a
scalpel). Whereas the calcite content within the un-reacted simulated sediment varied slightly (5.9
+0.1% C or 49.2 + 0.8% CaCO03), no discernable gradient developed within the reacted sediments.
This observation is not surprising because one would not expect a detectable concentration
gradient to develop, even if restricted to the top first cm, unless dissolution had been carried out

for several months at the lowest undersaturation (Qc ~ 0.4) investigated.

2.4.2 Sediment-side dissolution rate constants

Calcite dissolution rate constants determined in the laboratory in seawater can be several
orders of magnitude higher than results of in situ measurements (Green and Aller, 2001; Hales and
Emerson, 1997a). Calcite in deep-sea sediments is mostly biogenic (Honjo et al., 1982; Sun and
Turchyn, 2014) and may be less reactive than the reagent-grade calcite used in laboratory studies,
although natural calcitic sediments dissolved in laboratory experiments yielded rate constants
similar to those of synthetic calcite (Keir, 1980, 1983; Walter and Morse, 1985). It is interesting
to note that lower rate constants are consistently determined for biogenic carbonates than for
synthetic calcite. This discrepancy has been ascribed to the different approaches used to determine
the surface area of the solids and the normalization of the rates (Liittge, 2005; Littge et al., 2013).
As noted by Colombani (2016), there is no consensus about the magnitude of the calcite dissolution
rate constant due to the extremely diverse conditions under which dissolution experiments have

been carried out and the various surface area normalizations that have been applied.

76



The (apparent) sediment-side ISA-normalized rate constant derived from this study (k =
14.3 + 1.5 mol m? yr?) is slightly higher than that obtained from a fit to the Keir (1983) calcite-

dissolution experimental results (Kkeir = 10.5 + 1.5 mol m2 yrt), obtained with pure reagent grade

calcite, which was laid down uniformly (~ 0.6 cm thick) at the bottom of a stirred reactor filled

with artificial seawater at 20 + 1°C and atmospheric pressure (Fig. 2.7). The latter study is, by far,

the closest analog to our experiments. Keir (1983) normalized his dissolution rates to the surface

area of the reactor bottom, which we denoted as ISA in this study, and gave little information about

the hydrodynamic conditions in the reactor. Nevertheless, he noted that the stirring rate was high

enough to generate “moderate mixing”, but not fast enough to induce resuspension. Based on our

results, we believe that his stirring rate was high enough to render the reaction sediment-side

controlled, i.e., ks is the smaller term in the expression of the overall mass transfer coefficient k*,

see Eq. 2.6.
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Fig. 2.7 | Comparison of the dissolution rates measured by Keir (1983) in a stirred reactor on pure synthetic calcite
with our experimental data on the dissolution rates of synthetic sediments (53 wt% of calcite at various stirring rates)

as a function of the steady-state undersaturation state.

Our ISA-normalized calcite dissolution rates and those obtained by Keir (1983) with

synthetic calcite display notably similar dissolution kinetics (Fig. 2.7). Boudreau (2013) refitted

Keir’s data as a function of (Cs — Co) and reported two sediment-side mass transfer coefficients,

one for each of the seawater batches used during the dissolution experiments, i.e., 263.1 £ 24.1
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and 490.5 + 89.2 m yr! for the data Keir (1983) obtained on disks of pure synthetic calcite. These
values bracket the sediment-side mass transfer coefficient, i.e., ks = 326.9 + 39.5 m yr! (see Eq.
2.8c) that we obtained under similar experimental conditions. The latter observation is interpreted
as transport limitation within the sediment, i.e., reaction products accumulate in pore waters and
escape the sediment by diffusion through the sediment, thus constraining the apparent dissolution
rate measured at the SWI, in accordance to the square-root dependence of the calcite dissolution
rates on the calcite contents of the sediment (Boudreau and Guinasso, 1982) as reproduced in Fig.
2.5. Our results are also consistent with Keir’s observations that the calcite dissolution rate
constant in a sediment increases with its calcite content between 0 and about 60%, whereas it
becomes statistically invariant at higher calcite contents (> 60%). The strong similarity in Fig. 2.5
between dissolution rates measured with our synthetic sediments and the natural deep-sea
sediments of Keir (1983) suggests that the hydrodynamic conditions under which these
experiments were performed, and the design of these experiments, exert a stronger control on the
dissolution kinetics than the type of calcitic material that is being dissolved (e.g., synthetic powder
or foraminifera). Nevertheless, in order to accurately extrapolate these results to the seafloor, an
extended investigation of physical parameters that could influence mass transfer across the DBL
is required. The experiments presented in this study were performed at a temperature of 25°C, a
value that is more representative of shallow environments than the deep-sea, where the temperature
is usually below 4°C (Waelbroeck et al., 2002). Previous investigators reported a systematic
increase in the calcite dissolution rates with increasing temperature (Gutjahr et al., 1996;
Pokrovsky et al., 2009; Sjoberg and Rickard, 1983). On the other hand, the water-side control term
of the calcite dissolution kinetic equation (i.e., g in Eqg. 2.6) is also affected by variations in
temperature, mainly because the carbonate ion diffusion coefficient decreases with decreasing
temperature (Zeebe, 2011). Similarly, the effects of elevated pressure in the deep ocean could also
alter the calcite dissolution kinetics, although over the range encountered in the ocean, the pressure
effect on the viscosity of seawater and on the diffusion coefficients of ions in seawater is thought
to be relatively small (i.e., < 8%, Boudreau, 1997; Li and Gregory, 1974; Stanley and Batten,
1969). Furthermore, our synthetic sediment does not reproduce the high permeabilities observed
in shallow sediments that can support advection of overlying waters and porewaters across the
sediment-water interface (Cyronak et al., 2013). Permeable sediments, like sands, allow for the

percolation of overlying and porewaters through the sediment-water interface as a results of
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pressure gradients generated by seafloor topography (e.g., ripples) and waves. An investigation of
the influence of sediment porosity and grain size would extend the relevance of these results to a
broad range of sedimentary environments and are, along with the influence of temperature and

pressure, among the variables we plan to investigate in our ongoing study.

We should note that, on occasion, we measured net CaCOs dissolution rates (although very
weak, see Table 2.1) at low apparent supersaturations (Q¢ < 1.05), as has been reported by Subhas
et al. (2015). This may reflect the dissolution of a more soluble CaCO3s polymorph (e.g., XRD-
and SEM-undetectable aragonite or vaterite contamination of the reagent grade calcite) or a short-
lived surface phase that develops upon the introduction of the pure calcite to the seawater solution,
e.g. a magnesian calcite. Mucci and Morse (1983) and Mucci et al. (1985) determined that a 8
mole% magnesian calcite precipitates on pure calcite powders at 25°C from seawater under
controlled-laboratory conditions. As this phase is more soluble than pure calcite and the most
stable phase in seawater, i.e., minimum solubility at 4 mole% magnesian calcite (Bischoff et al.,
1987; Busenberg and Plummer, 1989; Mucci and Morse, 1983), it may lead to an apparent
supersaturation. Alternately, the slow dissolution rates (0.1 - 0.2 mol m? yr?, see Table 2.1) at
these apparent supersaturations (calculated from measured pH, TA and [Ca?*]/S) could be
explained by bacterial respiration in the synthetic sediment or in the seawater, although its effect
is most likely negligible compared to the dissolution rates measured in undersaturated seawater
(up to 9.3 mol m?2 yr1). In addition, uncertainties inherent to our saturation state calculations
(alkalinity, pH determinations, carbonic and boric acid dissociation constants) also contribute to

the apparent supersaturation.

2.4.3 Calcite compensation depth

Whereas calcite dissolves in the oceanic water column below its saturation depth, i.e., the
Ro level or saturation depth where Q¢ =1 (Ben-Yaakov et al., 1974), it still accumulates in deep-
sea sediments down to the calcite compensation depth (CCD). The position of the CCD is
determined by the balance between the flux of particulate CaCO3 from the overlying water and
the ambient calcite dissolution rate (Berner et al., 1976; Boudreau et al., 2010b; Edmond, 1974;
Edmond and Gieskes, 1970; Morse and Berner, 1972). In other words, the CCD is the depth below

which seawater undersaturation is sufficient to generate a seafloor dissolution rate that is
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equivalent or faster than the CaCO3 particulate flux (Edmond, 1974), thus preventing
accumulation. Additional calcite dissolution caused by anthropogenic acidification will occur over
the area of the seafloor located between the rising CCD and calcite saturation depth. As these two
latter horizons shallow with acidification, a greater surface area of calcitic sediments is exposed to
undersaturated waters and undergoes dissolution. Calcite-bearing sediment deposited when the
CCD was deeper, but now found below the rising CCD, will also undergo dissolution, as the

CaCOg particles are returned to the sediment-water interface by bioturbation.

Assuming an exponential dependence of the calcite solubility on the hydrostatic pressure
and linear kinetics, Boudreau et al. (2010b) derived a simple expression to estimate the position of
the CCD, which can be written as:

PN 2 e
cc Py Ksp* Ap k* Ksp*

where z¢ represents the CCD, pc is a characteristic pressure set as 511 atm (Boudreau et al.,
2010b), p is the mean density of seawater, g is the mean gravitational acceleration on Earth, Fg is
the flux of solid calcite from the surface ocean (rain rate), Ap is the seafloor surface below 200 m,
and [COs*]p is the carbonate ion concentration in the deep ocean.

In order to test this model with our dissolution rate, we must first estimate the overall
dissolution mass transfer coefficient (k*) under the hydrodynamic conditions encountered at the
seafloor. Dissolution cannot occur faster than the limit placed by transport across the benthic DBL;
this transfer limit is embodied by the mass transfer coefficient f. Following the arguments
presented in Boudreau (2013), typically g =12.7 m yr, which implies a benthic DBL of about 1.2
mm, the overall mass transfer coefficient computed using Eq. 2.6, resulting of the benthic
estimated S value and the ks value reported in Eq. 2.8c, is k* = 12.2 + 1.5 m yr!. Thus, given that
our dissolution mass transfer coefficient under sediment-side control is more than 25 times larger
than the mass transfer coefficient through the benthic DBL, calcite dissolution at the seafloor is
largely controlled by diffusion through the benthic DBL. A similar hypothesis of (at least partial)
water-side control on calcite dissolution has previously been considered by several other authors
(Broecker, 2009; Oxburgh, 1998; Schink and Guinasso, 1977; Takahashi and Broecker, 1977).
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Next, assuming a constant [CO3>p of 0.09 mM for the average deep ocean (Boudreau et
al., 2010b; Broecker and Clark, 2003; Key et al., 2004) and a calcite rain rate (Fs) of 40 x10% Gmol
yrt (Archer, 1996; Berelson et al., 2007; Sarmiento and Gruber, 2006), we estimate, using Eq. 2.9,
the average calcite compensation depth at 4.4 + 0.2 km. For a larger calcite export rate (i.e., 60
x10% Gmol yrt), the CCD deepens to 4.6 + 0.2 km, as compared to a worldwide average of 4.75
km estimated by Boudreau et al. (2010b). Note that all our attempts to model the CCD based on
non-linear Kinetics, using a fit to our data with an order of reaction greater than unity, fail to
reproduce the observed world-average CCD. Given a predicted, mean deep ocean [COs%] of 0.045
mM by the end of this millennia (Ridgwell and Hargreaves, 2007), the CCD would rise to a depth
of 1.3 + 0.2 km for a calcite rain rate of 40 x10° Gmol yr, regardless of any feedback mechanism
in the biological production of calcium carbonate minerals, the climate or the heat content of the
ocean (Archer et al., 2009; Ries et al., 2016; Tanhua et al., 2013).

2.5 Conclusion

We have measured the dissolution rate of calcite in a synthetic, inorganic sediment when
exposed to undersaturated natural seawater and simulated hydrodynamic conditions at the seafloor.
Under our experimental conditions, calcite dissolution rates, normalized to the interface area of
the sediment surface, vary linearly with the degree of undersaturation of the solution, i.e., (1 - ).
The dissolution rates of Indiana limestone and the synthetic sediment increase with the stirring rate
up to a point where the measured flux of alkalinity becomes independent of the hydrodynamic
conditions at the sediment-water interface. The transition corresponds to a shift from a system
controlled by water-side transport (across the diffusive boundary layer) to a system controlled by
sediment-side processes (reactions within the sediment and diffusion of pore-water solutes), or by
surface reactions in the case of low porosity Indiana limestone. Furthermore, we observed that the
calcite sediment dissolution rates are square-root dependent on the calcite content, consistent with
the interpretation that rates are controlled by diffusion and reaction within the sediments at high

stirring rates.

Unlike the dissolution kinetic studies carried out during the past decades on carbonate
mineral suspensions, our study fills an important knowledge gap by taking into account transport

limitations through both the diffusive boundary layer above the sediment bed and the sediment
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pore waters, and is thus more representative of dissolution occurring at the seafloor. Results of this
study are quantitatively compatible with those of Keir (1983), who used a similar experimental
design (sediment disks). A reinterpretation of Keir (1983) by Boudreau (2013) showed that those
earlier results also exhibited first-order kinetics and a square-root dependence of the dissolution
rate with the calcite content of the sediment. Our sediment-side mass-transfer coefficient (ks =
326.5 + 35.9 m yr't) is more than 25 times larger than the estimated mean water-side mass-transfer
coefficient at the seafloor (5 = 12.7 m yr?), and supports a shift of the current paradigm to
transport-controlled of carbonate dissolution at the seafloor. Our linear dissolution rate kinetics
provide a good prediction of the world-average CCD. Finally, our findings are an important step
toward reconciling results of calcite reaction kinetic studies published to date and provide a
simplified description of the calcite dissolution kinetics at the sediment-water interface at the
seafloor.
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Preface to Chapter 3

The diffusive boundary layer (DBL) is a thin layer of fluid at the interface with a solid surface in
which frictional forces cause molecular diffusion to become the dominant mode of solute
transport. The thickness of the DBL is a function of the nature and roughness of sediment

substrate, as well as the turbulence of the overlying fluid or bottom-current speed. In low-energy

natural aquatic environments, such as abyssal plains or lakes, the thickness of the DBL can reach
several millimetres and significantly impede the diffusive rate of solutes through the sediment-
water interface (SW1). Thus, precisely reproducing the DBL in the laboratory is required to
simulate benthic diffusive fluxes similar to those encountered on the seafloor. Yet, an
experimental apparatus allowing precise control of the DBL thickness at the SW1 in the
laboratory has not been described in the literature.

Here, we present a simple temperature-controlled rotating-disk system, that is suitable for use
with natural sediments and is capable of generating thick DBLs. Water overlying the rotating
sediment disk can be sampled discretely or continuously to monitor the chemical reaction
progress. We tested the validity of the reactor by dissolving a foraminiferal sand bed in natural
seawater. We found that (1) measured dissolution fluxes agree with those predicted by theory
and (2) the dissolution of calcite in these seafloor-like hydrodynamic conditions is controlled by
mass transfer across the DBL above the sediment bed. Guidelines for best practices under
various experimental conditions, possible future developments, and the theoretical equations to
compute the DBL thickness and diffusive fluxes in this reactor are described.

89



Chapter 3

Controlling the diffusive boundary layer thickness above
the sediment-water interface in a thermostated, rotating-
disk reactor*

Olivier Sulpis', Alfonso Mucci, Bernard P. Boudreau?, Mark A. Barry3 and Bruce
D. Johnson23

1GEOTOP and Department of Earth and Planetary Sciences, McGill University, Montreal QC, Canada
2Department of Oceanography, Dalhousie University, Halifax NS, Canada

%Pro-Oceanus Systems Inc., Bridgewater NS, Canada

*Published in Limnology and Oceanography: Methods, doi:10.1002/lom3.10309

Abstract

The diffusive boundary layer (DBL) is a thin layer of fluid at the interface with a solid
surface in which frictional forces cause molecular diffusion to become the dominant mode of
solute transport. The thickness of the DBL is a function of the nature and roughness of sediment
substrates, as well as the bottom-current speed. In low-energy natural aquatic environments, such
as abyssal plains or lakes, the thickness of the DBL can reach several millimeters and significantly
impede the diffusive rate of solutes through the sediment—water interface (SWI). Thus, precisely
reproducing the DBL in the laboratory is required to simulate benthic diffusive fluxes similar to
those encountered in situ. Yet, an experimental apparatus allowing precise control of the DBL
thickness at the SW1 in the laboratory has not been described in the literature. Here, we present a
simple temperature-controlled rotating-disk system, which is suitable for the use with natural
sediments and that is capable of generating thick DBLs. Water overlying the rotating sediment can
be sampled discretely or continuously to monitor the chemical reaction progress. We tested the
validity of the reactor by dissolving a foraminiferal sand bed in natural seawater. We find that (1)
measured dissolution fluxes agree with those predicted by theory and (2) the dissolution of calcite
in these seafloor-like hydrodynamic conditions is controlled by mass transfer across the DBL

above the bed. Guidelines for best practices under various experimental conditions, possible future
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developments, and the theoretical equations to compute the DBL thickness and diffusive fluxes in

this reactor are described.

3.1 Introduction

In many situations, boundary conditions are critical in defining the hydrodynamics of
natural environments. In limnology and oceanography, the bottom (or benthic) boundary layer is
the part of the water column that is directly affected by the drag of currents on the sediment bed;
its thickness is typically on the order of meters to tens of meters (Trowbridge and Lentz 2018).
Within this bottom boundary layer, current velocities decrease towards the sediment bed, until
ultimately reaching zero velocity relative to the solid boundary at the sediment-water interface
(SWI) of low-permeability sediments, a concept commonly termed the no-slip condition (Day
1990). A few centimetres above the SWI, internal friction within water causes viscous transport
of momentum to dominate over turbulent dispersion, in a region termed the viscous sublayer
(Boudreau and Jgrgensen 2001). Closer to the SWI, in a thin film of water with a thickness
typically on the order of a few tens of microns (e.g., in rivers or coastal areas) to millimetres (e.g.,
in lakes or abyssal environments), molecular diffusion becomes the dominant mode of solute
transport, rather than much faster turbulent diffusion, which dominates solute transport further

away from the interface. This layer is termed the diffusive boundary layer (DBL).

Numerous investigators have reported the presence of a DBL at the SWI (Archer et al.
1989; Glud et al. 1994; Gundersen and Jgrgensen, 1990; Santschi et al., 1991), as well as at algal
or coralline surfaces (Larkum et al. 2003; Hendriks et al. 2017; Lichtenberg et al. 2017). The
thickness of this DBL depends on the nature and roughness of the substrate (Chriss and Caldwell
1982; Dade 1993; Boudreau and Jargensen 2001; Ray et al. 2002; Han et al. 2018), as well as on
the current speed of the overlying water. Slow currents generate thick DBLS, whereas fast currents
cause the DBL to thin, as predicted by theory (Boudreau and Guinasso 1982; Higashino and Stefan
2004; Levich 1962) and confirmed by observations (Larkum et al. 2003; Lorke et al. 2003;
Santschi et al. 1983; Santschi et al. 1991).

91



Across the DBL, solute transport occurs by molecular diffusion driven by a total
concentration difference (gradient), A[i] (mol). The (steady state) flux of solute i across the DBL,
Ji (mol m2al), is then given by (Boudreau 2013; Frank-Kamenetskii 2015):

Ji =- k* A[i] (3.1)
where k* is the overall mass transfer coefficient for solute i (m a?), i.e.,

k* _ kSB

= —— 3.2
(ks + B) 32

where ks is the sediment-side mass transfer coefficient (m a) and 4 is the water-side (DBL) mass-
transfer coefficient (m a). g is simply the (free solution) diffusion coefficient for solute i, Dj (m?
al), divided by the thickness of the DBL, 6i (m), for that solute, i.e.,

£=Di(d)* (3.3)

The sediment-side mass-transfer coefficient, ks, for a solid surface without porosity is the
heterogeneous rate constant for reaction within that sediment. For a porous sediment, the
functionality of ks can be complex, depending on the exact form of the kinetics and the nature of
transport within the pores. Nevertheless, for a linear dissolution reaction of a solid and
molecular/ionic transport within the pores, such as we will consider here, ks has the form
(Boudreau and Guinasso 1982; Boudreau 2013):

ks = [p (1- 9) ke Dc B ]2 (3.4)

where ¢ is the porosity of the sediment, kc is the apparent first-order rate constant for dissolution
in the sediment (a'), D is the tortuosity-corrected diffusion coefficient of the solute of interest
(m? al), and B is the fraction of dissolvable solid in the sediment; this ks can be determined

experimentally.

If ks << g3, the diffusive flux is termed internal or sediment side-controlled, and the overall
mass-transfer coefficient (k*) tends towards ks. Reactions under the sediment-side controlled
regime include the dissolution of biogenic silica at the seafloor (Fanning and Pilson 1971; Schink
and Guinasso 1975) or the release of soluble reactive phosphate from lacustrine sediments
(Schauser et al. 2006; Ding et al. 2016;). Conversely, if f <<ks, virtually the totality of the gradient

in solute i is comprised within the DBL above the sediment-water interface (SWI), and the
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chemical flux across the DBL is termed external or water-side transport-controlled. Examples of
water-side transport-controlled reaction are the dissolution of calcium carbonate at the deep-
seafloor (Schink and Guinasso 1977; Santschi et al. 1991; Sulpis et al. 2017) and the accretion of
manganese at the surface of deep-sea nodules (Boudreau and Scott 1978). Commonly, the
diffusion through the DBL of most solutes is ruled by a combination of both regimes, termed
mixed-control, e.g., dissolved oxygen (Jargensen and Revsbech 1985; Hondzo 1998; Lorenzen et
al. 1998; Rassmann et al., 2016) or radon (Homoky et al. 2016; Cook et al. 2018), that display
concentration gradients extending on both sides of the SWI. For more details on the theoretical
framework of solute exchange across the SWI, we refer the reader to the comprehensive review
published by Boudreau and Guinasso (1982).

The present study describes a newly developed experimental system that reproduces the
DBL above the SWI over a range of thicknesses representative of various aqueous environments
and, therefore, applicable to studies of external or mixed-controlled chemical exchanges through
the DBL.

Reproducing natural scale DBLs at the SWI in laboratory experiments has been a long-
term challenge for experimentalists. Attempts to simulate chemical boundary layers in laboratory
flumes (Steinberger and Hondzo 1999; Ray et al. 2004) or stirred reactors (Keir 1983; Javadi and
Khalili 2009) and benthic chambers (Santschi et al., 1983) have been less than satisfactory for
several reasons. (1) Ina classical linear flume (Fig. 3.1a), there is inevitably a leading edge of the
reactive sediment on the flume floor. The chemical boundary layer does not exist until that edge
is reached by the flow, and it grows downstream for a considerable length (roughly proportional
to the square-root of the distance); this means that a dissolution reaction, as we consider, is subject
to internal control at the leading edge and can only shift to transport control somewhere
downstream, where the DBL has become thick enough to exert its control. No such edge exists
on the seafloor, and the water-side control always occurs for an appropriately fast reaction.
Measurements in such laboratory flumes are thus compromised. (2) While stirred reactors (Fig.
3.1b) have been designed as an alternative to flumes, they suffer from exactly the same problem.
The main flow may appear to be simply a circular flow over the bed surface, but that belies a
pressure gradient created by the rotating bar or disk, which engenders a secondary flow that sweeps
down the sides of the chamber and then across the sediment. The secondary flow encounters the
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sediment at the floor-wall intersection, where a chemical boundary layer will initiate and grow
downstream across the sediment, as the flow crosses the floor. Thus, stirred reactors only hide the
growing boundary layer problem; they do not eliminate it. Efforts have been made to replace
rotating disks with a cone to counteract the pressure gradient (e.g., Javadi and Khalili 2009), but
that has enjoyed questionable success, from a physicochemical point of view, as the angle of the
cone then needs to be matched exactly to the rotation speed and that is exceedingly difficult to
implement. Race-track-shaped flumes also suffer from this exact problem. (3) All these
experimental systems typically fail to reproduce the slow flows encountered in low energy
environments, such as abyssal plains or lakes, where the bottom currents are on the order of a few
millimeters per second and the DBLs of several mm thick (Frenzel et al. 1990; Dade 1993; Sulpis
et al. 2018). (4) Finally, measurements of fluxes from benthic chambers cannot be compared with
any expected theoretical values, as no theory of mass transfer for such chambers currently exists.
The solution for the flux with a growing laminar boundary layer in a flume does exist (e.g.,
Apelblat 1980) but it is not in closed form, making it inconvenient to use; unfortunately, flows
under deep-sea environmental conditions are usually turbulent in such flumes, making that solution

approximate.

As a viable alternative, we build upon the development of rotating-disk reactors (Fig. 3.1c)
that have been used extensively to study single crystal dissolution and precipitation Kinetics
(Tomlan and Hudson 1971; Sjoberg and Rickard 1983; Alkattan et al. 1998; Fredd and Fogler
1998; Gautelier et al. 1999; Chang and Abbad 2011) and which have a well-defined hydrodynamic
(Schlichting 1968, pp. 93-99, 232-235, 508-509, 606-610) and mass transfer theory (Levich 1962,
pp. 157-159). We adapt this approach for use with a (non-cohesive) sediment, where the sediment
disk is mounted at the bottom of the reactor, rather than suspended upside down in the reactor.

3.2 Materials and procedures

3.2.1 Experimental design

The design and technical description of the rotating disk reactor are presented in Fig. 3.2.
This reactor was designed to simulate slow flow in a reaction chamber containing a rotating-
sediment disk, where the entire water velocity gradient is reproduced, from zero velocity at the

sediment-water interface (no-slip condition), to constant full velocity at the top of the water level.

94



The reactor can be thermally controlled, and the overlying water can be sampled without disturbing

the flow.
a) Flume b) Stirred reactor c) Rotating-disk reactor
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Fig. 3.1 | Comparison of the flow and assumed diffusive boundary layer spatial patterns in three different
experimental apparati.

A cylindrical polyvinyl chloride (PVC) disk support - the sediment container, Fig. 3.2f,g -
is screwed atop a stainless-steel shaft (Fig. 3.21) driven by a high-torque motor (Fig. 3.2p) through
a belt-and-pulley system (Fig. 3.2m,0). The shaft is maintained in its vertical axis by two ball
bearings (Fig. 3.2j), located on either side of the height-adjustable belt drive (Fig. 3.2m). A nitrile
seal (Fig. 3.2h) was placed around the shaft at the base of the reactor chamber, which holds the
experimental solution and contains the rotating sediment disk, to prevent fluid leaks. The shaft
height-adjustable pulley was connected to a motor with a rubber belt to mitigate the propagation

of motor vibrations to the reactor chamber and prevent disruption of the DBL or flow. The motor
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was fixed vertically and powered by 12V power supply through a variable potentiometer with
digital power display (not shown), to precisely control the rotation speed. The reactor chamber is
jacketed by a ~1 cm inner diameter wall through which water can be pumped from a thermostated
water-recirculating bath to control the temperature of the experimental solution and sediment disk.
PVC pieces a-d and i (in Fig. 3.2) were glued together with methylene chloride under a fume
hood. Finally, the reactor was wrapped in an opaque and thermally-insulating material, e.g.,
aluminium foil paper, to maintain a temperature-controlled environment and prevent light
penetration; the latter is needed to curb the proliferation of photosynthetic organisms during week-

to month-long experiments.

During the experiment, the water in the reactor can be continuously or discretely analysed
to follow the evolution of the reaction. In the present study, we tested the reactor by measuring
the dissolution kinetics of a CaCOgs-rich sediment. In this flow-through experiment, an
undersaturated solution is introduced in the reactor, driving the solution to a new steady state
controlled by the rate of introduction of the inlet solution and the rate of dissolution of the CaCO3
in the sediment. The input solution was injected into the reactor chamber at a constant rate through
a 0.51 mm inner diameter (ID) Tygon polyvinylchloride (PVC) tube, using a multi-channel
peristaltic pump (Gilson's Minipuls™ 3 Peristaltic Pump). The pumping rate was determined for
each setting in each experiment by weighing the amount of solution pumped out of the reactor
over a fixed period of time. To keep a constant volume of solution in the reactor, the solution was
withdrawn from the reactor by the same pump through a 0.76 mm ID tube fixed at the surface of
the solution, as shown in Fig. 3.3. For users carrying out experiments on water containing
suspended particles, a filter should be mounted at the mouth of the output tube to avoid clogging
or modifying the solid:solution ratio. Sensors (e.g., pH electrode) should not be inserted directly
within the reactor chamber, to avoid disrupting the DBL. Alternatively, discrete measurements
should be performed in a separate vial where the outlet solution is collected or using sensors
mounted within the inner wall to the reactor without altering its geometry or surface roughness.
The former method could be adapted to monitor sediment diffusive fluxes by continuous flow
analysis of dissolved elements or isotopic ratios (Brenna et al. 1997; Stoll et al. 2001; St-Jean
2003).
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Thermostated rotating-disk reactor

Pos. | Nb. Description Material [
a 1 reactor top wall polyvinyl chloride
b 1 | thermostated bath connector polyvinyl chloride
c 1 reactor external wall polyvinyl chloride
d 1 reactorinternal wall polyvinyl chloride f
e 1 Screw stainless steel
f 1 disk wall polyvinyl chloride
g 1 disk support polyvinyl chloride
h 1 rotary shaft seal nitrile rubber / acrylic
i 1 reactor bottom wall polyvinyl chloride
j 2 ball bearing Steel
k 1 ball bearing support stainless steel
| 1 rotary shaft stainless steel
m 2 height adjustable pulley stainless steel . h
n 1 reactor support cylinder stainless steel
o 1 pulley belt polyurethane rubber i
p 1 high torque motor -

Fig. 3.2 | Technical drawing of the thermostated, rotating-disk reactor.

After each experiment, the upper section of the reactor (Fig. 3.2a-i) can be removed from
its base (Fig. 3.2j-n) for cleaning. Under the experimental conditions tested to date, i.e.,
temperatures between 6 and 25 °C, rotation speeds between 1 and 10 rpm, seawater salinities
between 0 and 35, the shaft can rotate for several weeks without interruption or leakage. If the
seal deteriorates with time or usage, it can easily be replaced, as it is not glued to the reactor bottom
wall, but simply pressure fitted. It is also preferable that the sediment disk holder rotate counter-

clockwise, so that it does not unscrew from the driving shaft.
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Fig. 3.3 | Schematic representation of the flow-through system of the rotating-disk reactor.

3.2.2 Rotating disk theory

The motion of the seawater in the reactor chamber is driven by the spinning action of the
immersed sediment disk, acting as a pump drawing in fluid axially and driving it away towards
the outer edge of the disk in an outward spiral (von Karman 1921; Escudier 1984; Hyun and Kim
1987). Levich (1962) modelled the rotating-disk flow system in a cylindrical coordinate system
where the continuity and Navier-Stokes equations are decomposed into a radial, azimuthal and
axial component. Far above the SWI, the axial fluid velocity component is constant and downward
while the other velocity components are nearly zero. In a thin layer of fluid adjacent to the SWI,
the water is dragged by the rotating disk with an azimuthal velocity that increases as the surface
of the disk is approached, until the azimuthal velocity of the disk is attained just above the SWI
(Bircumshaw and Riddiford 1952; Levich 1962). Solutions to the equations that describe the
velocity distribution throughout the body of the viscous fluid are reported in Schlichting (1968),
and solutes concentration profiles, DBL thicknesses and molecular diffusion fluxes above a
rotating disk were derived and reported in the pioneering work of Levich (1962). It is not our
intent here to review this theory; instead we refer the reader to the numerous, previous studies in
which mathematical descriptions and solutions to the rotating-disk hydrodynamics are provided
(Levich 1962; Brady and Durlofsky 1987; Chang and Abbad 2011; Imayama 2012).

As noted by Levich (1962), the DBL thickness for a given species i, di, on a rotating disk
is largely not a function of the distance from the axis of rotation, but is constant over the entire
disk surface (except very close to the external edge, potentially subject to eddies), i.e., the DBL
thickness can be considered as radially uniform. Assuming that the disk is sufficiently large, edge
effects become negligible and, regardless of the distance from the rotation axis, the disk reactive

surface is uniformly accessible from the standpoint of diffusion (Levich 1962; Frank-Kamenetskii
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2015). Under this assumption, assuming laminar flow and steady state, i is a function of the (free
solution) diffusion coefficient of the species, the kinematic viscosity of the fluid (v, in m? s1), and

the angular velocity of the disk (w, in rad s):

5 =1.61 (%)% \/g (3.5)

This equation has been extensively and successfully applied by many experimentalists (Gregory
and Riddiford 1956; Ellison and Cornet 1971; Lund et al. 1973; Sj0oberg and Rickard 1983;
Compton and Daly 1987), supporting the uniformity assumption of negligible DBL radial-

dependency.
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The microtopography of the sediment bed can lead to small-scale horizontal variations of
the DBL thickness, as documented by Gundersen and Jgrgensen (1990): the DBL being thinner
over the “peaks” and thicker over the “troughs”. In this study, we treat the DBL above our
sediment disk as a single, mean value, as we assume that the DBL negative anomalies on the
micro-“peaks” approximately compensate for the positive anomalies on the micro-“troughs”. We
acknowledge, however, that this treatment may oversimplify the 3-dimensional structure of the
DBL over rough, natural sediment bed surfaces, which is not the case of the sediment used in this
study, described below. To illustrate to the reader the range of DBLs achievable by the rotating-
disk reactor, we report, in Fig. 3.4, the theoretical DBL thicknesses for Oz (Dy, = 1.33 x 10° m* s°

' (Han and Bartels 1996)), COs* (D, 2- = 5.21 x 10"% m® s™ (Zeebe 2011)) and benzoic acid
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(C7H6Oz2, D¢, i, 0, = 6.7 x 10™° m? s* (Delgado 2007)) as a function of the rotating speed of the

disk (), for a temperature of 10 °C in freshwater (v = 1.31 x 10°® m? s).

By adopting Eq. 3.5 and substituting it into Egs. 3.1 and 3.2, the expression for the diffusive

flux of the species i (Ji) across the DBL above the rotating sediment disk becomes:

Wl N
N =

Fl;
g

kg X 0.62

Ji = ([ils — [ilo) (3.6)
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where [i]s is the concentration of i at or below the SWI, at the lower limit of the concentration
gradient, i.e., at saturation, and [i]o is the concentration of i in the bulk water, i.e., at the top of the
water height in the reactor chamber. Note that, in our experimental apparatus, the sediment disk

is placed at the bottom of the reactor chamber; thus, the diffusive flux Ji is upward.

3.2.3 Methods validation

We assessed the validity of the rotating-disk reactor by measuring alkalinity fluxes
resulting from CaCOs dissolution in a sediment disk containing natural calcitic grains
(foraminifera) immersed in natural seawater and then comparing these measurements with the

predicted diffusive fluxes (Ji) and DBL thicknesses (¢i) from the theory described above.
Calcite dissolution in an aqueous solution can be described by the reaction:
CaCO3(s) <> Ca?*(ag) + CO3%(ag) (3.7)

In seawater, at a salinity of 35, [Ca?*] is about two orders of magnitude larger than [COs%]. Given
the nearly invariant [Ca?*] in the deep ocean, and in our reactors, the saturation state of seawater
with respect to calcite, i.e., Qc = [Ca?*][CO3?]/K*sp, where K*gp is the stoichiometric solubility
constant of calcite at in situ T, P and S, as given in Mucci (1983) and Millero (1995), can simply
be represented by the ratio of the carbonate ion concentration in the overlying water, [CO3*]sw, to
the carbonate ion concentration at equilibrium with calcite, [CO3s*]eq. The quantity ([CO3%Jeq —

[COs*]sw) is a measure of the disequilibrium and the driving force that controls the rate (r) of the
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calcite dissolution reaction at the sediment-water interface. Here, we consider the calcite
dissolution rate at the sediment-water interface as a diffusive flux (Jcos) in response to a COs*

concentration gradient (4[COs?]), following Eq. 3.1.

We used a natural foraminiferal sand from the top 10 cm of a sediment gravity core sampled
in the Southern Central Pacific Ocean (26° 5.07' S; 146° 45.01' W) at 1916 m-depth in April 2010.
This sediment was composed at ~98% of Globigerinoides ruber (T. de Garidel-Thoron, pers.
comm.). These foraminifera were rinsed with deionized water and dried at room temperature
before the experiments. The foraminiferal sediment was then mixed with natural seawater
collected at ~400 m depth in the Gulf of St. Lawrence in May 2017. The seawater was aged for
several months in polypropylene carboys before being filtered and calcite-equilibrated following
the protocols described in Sulpis et al. (2017). The main criteria used to assess the suitability of
the sediment was the cohesion and stability of the mixture, especially at the sediment-seawater
interface when the beaker was moved. The fresh disks were stored in calcite-equilibrated seawater
and kept in the dark to avoid the proliferation of bacteria until used within a few days. Based on
weight loss upon drying at low temperature (<50°C), a solid density of 2.71, and the salinity of the
seawater, the primary porosity (g) of the foraminiferal sand sediment was estimated at 0.84 + 0.03
(n=3).

The calcite contained in the simulated sediment, if exposed to a solution undersaturated
with respect to calcite, should dissolve. In order to obtain an undersaturated solution, a fraction of
the treated seawater was acidified by adding dilute hydrochloric acid (~1N) to reduce the total
alkalinity (TA) from ~2300 pmol kg to ~400 umol kg and Qc from ~4 to ~0.15. Seawater
acidification was performed following the protocols described in Sulpis et al. (2017). This
acidified seawater served as the input solution and was pumped into the reactor, initially filled

with calcite-equilibrated seawater (Qc = 1).

The evolution of the dissolution reaction was assessed by monitoring the pHt of the
experimental solution by collecting the output seawater in a separate, flow-through and sealed vial
at a fixed acidified seawater pumping rate. Once a steady-state pHt was achieved, an aliquot of
the output solution was collected and analysed to determine the steady-state TA, S and soluble
reactive phosphorus (SRP) concentration. The pumping rate was then increased and, consequently,

the residence time of the solution in the reactor, as well as the saturation state of the reactor solution
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decreased, triggering an increase in the calcite dissolution rate. Residence times of the input
solution in the reactor varied between 28 and 303 hours, corresponding to input flow rates between
7and 2 ghrt.

Following Sulpis et al. (2017), the dissolution rate r (mol m? a*) was determined from the

difference in the composition of the input and output solutions, according to:

r= msw(TAoutput_TAinput) (38)
2AAt

where msw is the mass of seawater in the reactor chamber, TAoutput IS the steady-state TA of the
output solution (see Fig. 3.3), TAinput IS the TA of the input solution, A is the sediment surface area

and At is the residence time of seawater in the reactor chamber.

3.2.4 Analytical procedures

The pHt of the output solution was measured in a flow-through, sealed vial with a
Radiometer Analytical® GK2401C combination glass electrode, connected to a Radiometer
Analytical® PHM84 pH/millivolt-meter. Prior to each measurement, the electrode response (in
mV) was calibrated against three NIST-traceable buffer solutions: pH-4.00, pH-7.00 and pH-10.00
at 25°C, and a TRIS buffer solution with an assigned pH+ of 8.100 at Sp = 35 and 25°C to convert

these measurements to the “total” hydrogen ion concentration scale (pHT).

TA was determined by potentiometric titration of both the initial reservoir solution and
subsequent steady-state solutions with a dilute hydrochloric acid solution (0.005N < [HCI] <
0.010N, according to the TA of the sample), using an automated Radiometer (TitraLab865®)
titrator and a Red Rod® combination pH electrode (pHC2001). The dilute HCI titrant was
calibrated prior to, during, and after each titration session, using certified reference materials
(CRM Batch #140 and #154) provided by Andrew Dickson (Scripps Institute of Oceanography).
The reproducibility of the method was better than 0.5%. The uncertainties presented in this study
for total alkalinity, as well as steady-state pHrt, were estimated based on multiple replicate

measurements of each sample.

The salinity of the experimental solution was monitored regularly by potentiometric
titration of an aliquot of the output solution with a AgNO3 solution calibrated with IAPSO standard
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seawater. The measurements were performed with an automated Radiometer (TTT80) titrator, a
silver electrode, and a mercuric sulphate reference electrode. The reproducibility was better than
0.2%.

The SRP concentration of the initial reservoir and steady-state solutions was determined
spectrophotometrically using the technique developed by Murphy and Riley (1962) and described
in Grasshoff et al. (1999). The absorbance of the phosphomolybdate reaction product was
measured manually at 880 nm with a Hewlett-Packard Agilent 8453 UV-visible spectrophotometer
using a 10-cm cell. The detection limit was 0.01 uM and the reproducibility was better than 0.5%.
Calibration curves were constructed by 4 successive dilutions of a 10 mM standard phosphate
stock solution prepared in a 0.7M NaCl solution to prevent salt effects and the corresponding R?

values were always better than 0.999.

The Microsoft Excel version of CO2SYS (Pierrot et al. 2006), based on the original
algorithm of Lewis and Wallace (1998), was used to calculate the initial reservoir and steady-state
solution pCO2, [CO3*]egand [CO3*sw from the steady-state pHr and TA, at in situ T, S and [SRP].
The uncertainties on [CO3?7eq Values reported here were computed separately and included errors
of the solubility constant estimate. All calculations were carried out on the total hydrogen ion
concentration scale, using the stoichiometric carbonic acid dissociation constants determined by
Lueker et al. (2000), the total boron concentration [B]r value from Uppstrom (1974), and the
standard acidity constant of the HSO4™ ion from Dickson (1990).

3.3 Results

We ran 16 distinct, week-long dissolution experiments at 3 different disk-rotation speeds,
over a range of ([CO3%]eq — [CO3%]sw) values from near equilibrium ([CO3%Jeq — [CO3*]sw = 3.4
umol kg™?) to highly undersaturated ([CO3%]eq — [CO3%]sw = 28.2 umol kg?). The corresponding
saturation states with respect to calcite (£c) are 0.94 and 0.33, respectively. Calculated pCO: in
steady-state aliquots varied between 382 and 790 patm, measured salinities ranged from 34.82 to
35.90 and [SRP] was between 0.9 and 3.1 pmol kg*. We report the data obtained from each

experiment in Table 2.1.
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Fig. 3.5 | (a) Measured calcite dissolution rates (r) as a function of the steady-state undersaturation state of
seawater with respect to calcite (1 - Qc), for three different rotation rates (w = 1, 3 and 10 rpm, shown in
green, turquoise and blue, respectively). Solid lines are linear regression fits to the data for each rotation-
rate group, shown along with their equations and coefficients of determination (R?). (b) Measured r as a
function of w for different groups of steady-state Qc. Dashed lines indicate the theoretical r values
computed using Eq. 3.6 as a function of w for a range of Qc, for comparison with our data. Each data point
is shown with an error bar that represents one standard deviation.

Figure 3.5 presents the measured calcite dissolution rates normalized by the sediment-
water interfacial surface area, as a function of (a) calcite undersaturation state with respect to
calcite (1 -Qc) and (b) disk rotation rate. The measured dissolution rates follow a square-root
dependency on the disk-rotation rate predicted by Eq. 3.6 and are linearly dependent on (1 — Qc)
over the range of undersaturation rates investigated. A comparison of the observed dissolution
rates, estimated from the alkalinity fluxes, using Eq. 3.8, with theoretical dissolution fluxes,
computed as a function of the disk rotation rate and ([CO3*]eq — [CO3*]sw) from Eq. 3.6, is
presented in Fig. 3.6a. Our measured dissolution rates (vertical axis in Fig. 3.6a) are linearly
correlated with the theoretical dissolution rates (horizontal axis in Fig. 3.6a) with a coefficient of
determination (R?) of 0.96. In Fig. 3.6b, we compare the diffusive boundary layer thicknesses
computed from the measured dissolution rates, using Eqgs. 3.1-3.3, with the theoretical diffusive
boundary layer thicknesses derived using Eq. 3.5. Note that we did not measure directly the
thickness of the diffusive boundary layer. Instead, the values on the vertical axis of Fig. 3.6b are
the diffusive boundary layer thicknesses that are required to explain our measured dissolution
fluxes, as computed using Egs. 3.1-3.3; thus, Fig. 3.6b compares values inferred from

measurements with values from the Levich (1962) theory. A statistical analysis reveals that the
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inferred values are linearly correlated to the predicted values with a R? of 0.80. These results show

that diffusive fluxes in the rotating-disk reactor can be successfully predicted by the Levich (1962)

theory.
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Fig. 3.6 | Scatter plots of measured compared to theoretical values for (a) the calcite dissolution rate at the
sediment-water interface and (b) the diffusive boundary layer thickness. The stippled black line stands for a
perfect agreement between measured and predicted values. Each data point is shown with an error bar
that represents one standard deviation.

To interpret these results in terms of controlling mechanism for calcite dissolution at the
sediment-water interface, we compared our results with theoretical sediment-side, water-side and
overall mass-transfer coefficients as a function of the disk-rotating speed. To obtain the mass-
transfer coefficient for each of the data points, we divided the measured dissolution rate by the
disequilibrium COs% concentration ([CO3?]eq — [COs*]sw); these experimental mass-transfer
coefficients are the black circles in Fig. 3.7. The sediment-side mass-transfer coefficient for
calcite dissolution in sediment beds (ks, the dashed blue line in Fig. 3.7) is from Sulpis et al. (2017),
set as ks = 326.9 + 39.5 m a’%, which is similar to the value calculated by Boudreau (2013) from
the Keir (1983) data. The water-side mass-transfer coefficient (B, the dashed green line in Fig.
3.7) is obtained by dividing the diffusion coefficient of CO3% at 25°C by the diffusive boundary
layer thickness in our reactor, obtained from the Levich (1962) theory through Eq. 3.5. Finally,
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the overall mass-transfer coefficient (k*, the solid red line in Fig. 3.5) was derived from Eq. 3.2.
As can be seen in Fig. 3.7, our data fall on the predicted overall mass-transfer coefficients and
follow a square-root dependency on the disk-rotation speed, as it should be observed for a water-
side transport-controlled reaction. In addition, f << ks for the entire range of hydrodynamic
conditions investigated in this study. These experimental results constitute further evidence that,
in these deep-seafloor-like experimental conditions, and in the absence of respiration-driven
dissolution, calcite dissolution is controlled by diffusion through the diffusive boundary layer
above the sediment bed.
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Fig. 3.7 | A comparison of the experimental mass-transfer coefficients (black dots) with the predicted
overall mass-transfer coefficient (k*, solid red line, as calculated from Eq. 3.2), its sediment-side limit (ks,
blue dashed line, obtained from Sulpis et al. (2017)), and the purely water-side transport limit (8, the green
dashed line, calculated by dividing the CO3? diffusion coefficient by the DBL thickness from Eq. 3.5), all as
a function of the disk-rotation rate (w). Each data point is shown with an error bar that represents one
Standard deviation.

3.4 Discussion

We initially designed this rotating-disk reactor to reproduce well-defined hydrodynamics
(flow) above a sediment bed in the laboratory, generating diffusive boundary layers with

thicknesses representative of most natural sedimentary aquatic environments, including very low-
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energy environments such as deep lakes or abyssal plains. Although experimental systems have
been developed in the past to simulate benthic hydrodynamics (Keir 1983; Javadi and Khalili
2009), these systems often generate uncharacterized turbulence (Sulpis et al. 2017), spawning
DBLs of unknown thicknesses. Whereas flumes (Steinberger and Hondzo 1999; Ray et al. 2004;)
seemingly offer a potential solution to this issue, as noted above, the resulting DBLs are again

difficult to calculate, compromising the interpretation of experimental results.

We have adapted the rotating-disk reactors traditionally used for the study of single crystal
dissolution/precipitation kinetics (Tomlan and Hudson 1971; Sjoberg and Rickard 1983; Alkattan
et al. 1998; Fredd and Fogler 1998; Gautelier et al. 1999; Chang and Abbad 2011) to a (non-
cohesive) sediment, placing the disk at the bottom of the reactor and inducing a rotation of the
sediment through a pulley system in order to attenuate motor vibrations. Based on our
experimental results, we believe that the reactor fulfils all of our initial requirements. It produces
a well-defined flow of water over a sediment disk, unaffected by stirrer/motor vibrations or
turbulence or by the presence of sensors, and generates diffusive fluxes and diffusive boundary
layer thicknesses that are well predicted by theory. The latter are similar in thickness to deep lake

and ocean environments.

We note that during one experiment carried out using sediment disks of pure synthetic
calcite and quartz sand, i.e., with a non-cohesive texture and with grains readily movable, we
observed mm-scaled spiralling sediment ripple marks developing at the surface of the sediment
after a few weeks. These sedimentary structures are usually observed on sediment beds under low
flow regimes (Boggs Jr., 2012). Thus, our system is also able to reproduce, in the laboratory,

natural sedimentary structures.

In addition to its ability to successfully reproduce DBLs encountered in benthic
environments, we wish to highlight a few practical benefits of this reactor. First, this reactor can
be assembled at a relatively low cost. All components and materials can be purchased from
traditional suppliers. With the exception of applications involving trace metals or requiring
peculiar properties, engineering the different components out of PVC and stainless steel, as shown
in Fig. 3.2, should suffice. Second, the reactor is portable and, thus, can be brought to the field to

perform experiments on freshly sampled sediments, but a mobile thermostatic system and
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peristaltic pump may be required. Third, the reactor can be entirely disassembled for maintenance

and cleaning.

Table 3.1 | Description of dissolution experiments, steady-state seawater chemistry and
experimental results for sediment disks containing foraminifera in natural seawater. w is the disk rotation
rate, At is the residence time of water in the reactor, A is the surface area of the sediment disk, msw is the
mass of water in the reactor, pHr is the steady-state seawater pH on the total proton concentration scale,
TAout s the steady-state total alkalinity, [CO3%]sw is the steady-state CO32- concentration, [SRP] is the
Steady-state soluble reactive phosphate concentration, S is the steady-state salinity, r is the measured
calcite dissolution rate, & is the diffusive boundary layer thickness computed from the measured r and k* is
the overall CO3?- mass-transfer coefficient computed from the measured r.

Experiments Steady-state seawater chemistry Results
characteristics

At A msw pHr TAout [COsZ)sw c [SRP] s r o) k*

(hy (m) (9 (umol (umol (umol (mol (um)  (ma?)
(#0.1) (¥5%) (x£0.1) | (£0.003) kg™) kg?) 1) m2a?t)
Disk-rotation rate (w) of 1 rom

27.6 35.3 212.7 7.423 523.1+18 134+18 0.33+£0.05 0.9 35.12 13+01 486 + 69 45+6
52.9 35.3 212.7 7471 634.4+28 18.2+29 0.45 +0.07 11 35.22 12+01 409 + 65 52+8
80.2 35.3 212.7 7.529 1077.1+26 36.1+27 0.91 +0.08 1.0 35.90 0.2+01 395 +314 54 + 43
95.5 35.3 212.7 7.529 11105+31 36.6 £3.2 0.90 +0.09 1.0 34.99 0.3+0.1 322 +240 64 + 48
105.4 35.3 212.7 7.523 721.2+23 23.3+24 0.58 +0.06 0.9 35.54 0.8+0.1 470 +82 47 +8
198.3 35.3 212.7 7.509 1132.2+1.9 36.4+1.9 0.91 +0.06 1.0 35.78 0.2+0.1 579 + 369 39+25
Disk-rotation rate (w) of 3 rom

39.1 72.4 537.4 7.498 605.1 +3.0 184 +31 0.46 +0.08 2.3 35.75 18+02 242 +50 80+ 16

64.9 724 537.4 7.506 1095.0 +2.0 345+20 0.85 +0.06 11 35.21 05+03 264 +179 75+51

75.8 724 537.4 7.568 7400+18 259+18 0.64 +0.05 2.0 35.00 15+01 191 +36 95 +18

82.7 72.4 537.4 7.524 1087.8 +1.3 35.8+13 0.89 +0.04 1.0 35.46 0.3+0.2 331 +249 62 + 47
167.8 72.4 537.4 7.548 819.1+2.0 28.0+21 0.69 +0.06 1.0 35.41 0.8+0.1 331+73 62 + 14
192.6 724 537.4 7.523 1172.3+2.0 38.3+21 0.94 +0.07 14 35.09 0.3+0.1 221 +196 85+76
Disk-rotation rate (w) of 10 rpm

52.4 72.4 548.5 7.578 723.2+0.6 25.9+0.6 0.64 +0.03 1.7 35.22 21+02 110 17 136 +21
1155 72.4 548.5 7.549 11235+20 39.3+21 0.94 +0.06 12 35.82 04+02 179 + 164 99+01
151.3 724 548.5 7.664 829.9+1.0 35.5+1.0 0.87 £0.05 31 35.07 1.0+01 87 +31 154 +54
302.7 724 548.5 7.623 9346 +1.2 37.1+12 0.91 +0.05 22 35.02 0.6+0.1 123 +59 127 + 61

One limitation of this system is that it is difficult to place sensors into the sediment disk to
follow the reaction progress (e.g., Oz or pH microelectrodes) because these would likely disrupt
the flow and the diffusive boundary layer above the sediment disk. To remedy this issue, sensors

(e.g., microelectrodes) could be inserted from below the sediment disk, instead of penetrating the
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sediment on the water side, or inserted in the wall of the reactor. Future work should focus on
quantifying the spatial distribution of the DBL, rather than assuming its uniformity over the entire
disk surface, as we did here following Levich (1962). This could be achieved with multiple
microelectrode measurements or using optical methods such as particle image velocimetry. It
should be noted that, whereas the dimensions presented in Fig. 3.2 are suitable for the study of
water-side transport-controlled reactions, such as the dissolution of calcite, they may not be ideal
to characterize sediment-side controlled fluxes. The sediment disk in Fig. 3.2 is only 2 cm-thick
and likely too thin to reproduce realistic solute concentration gradients that would develop during

early diagenesis.

3.5 Conclusion

The thermostated, rotating-disk reactor, as described in this paper, can reproduce diffusive
boundary layer (DBL) thicknesses that are typically encountered at a sediment-water interface
(SWI). Calcite-rich sediment dissolution experiments reveal that the DBL thickness and diffusive
fluxes through the SWI can be accurately predicted using the equations also described in this
communication. In particular, this reactor can reach slow flow rates and thick DBLs,
representative of low-energy aquatic natural environments, such as lakes or abyssal plains. The
present rotating-disk reactor is a practical and suitable alternative to other traditional experimental
reactors, e.g., flumes or stirred reactors, that may be more adapted to high-energy benthic

conditions.
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Preface to Chapter 4

In Chapter 1, we used a stirred, flow-through reactor to study the dissolution kinetics of calcite
contained in a synthetic sediment disk immersed in natural seawater. We were, however, unable
to generate slow laminar flows such as those encountered in deep-sea environments because
stirred reactors easily generate turbulent flow that disrupt the diffusive boundary layer. The
rotating-disk reactor presented in Chapter 3 solved that issue as it generates diffusive boundary
layers with a thickness representative of deep-sea benthic environments.

In this Chapter, we use this newly designed flow-through rotating-disk reactor and study the
effects of a set of environmental variables to estimate the calcite dissolution rate under deep-sea
like conditions, and an associated uncertainty. Among all the investigated oceanographic
variables that may potentially influence the dissolution rate, i.e., sediment porosity, permeability,
grain size and specific surface area, biogenic or synthetic particles, seawater temperature, current
speed and carbonate ion concentration [CO3?], results show that only seawater [CO3*] and the
current speed have a statistically significant influence on calcite dissolution rates. Based on these
observations, it is argued that geologically long- or medium-term changes in bottom-current
velocities, such as those that may be induced by changes in continental positions or evolving
climate, should be considered along with variations of calcite deposition fluxes and seawater
acidification when interpreting calcite preservation data through time.
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4.1 Introduction

Calcium carbonate (CaCOs) minerals and dolomite represent approximately a third of the
sedimentary rock mass of the Phanerozoic eon (Berner and Mackenzie, 2011). Whereas calcite
and aragonite, two CaCOs3 polymorphs, can be commonly found in the modern surface ocean, low-
magnesian calcite (>99% of CaCO3) predominates in the deep sea (Morse and Mackenzie, 1990).
In the modern ocean, coccolithophores - an order of unicellular phytoplanktonic organisms
covered by several calcitic plates called coccoliths - and foraminifera - unicellular planktonic or
benthic organisms with a shell made of CaCO3 or agglutinated sediment particles — account for
the vast majority of CaCOz deposits in the deep-ocean (Erez, 2003).

Of the ~133 Tmol of planktonic CaCOs3 produced at the surface ocean each year, less than
10% accumulates in pelagic sediments (Smith and Mackenzie, 2016), implying that 90% of falling
calcitic particles escape burial by dissolution. About 20% of this dissolution is thought to occur at
the sediment-water interface (Berelson et al., 2007; Sulpis et al., 2018), and the remainder in the
water-column or after burial through metabolic dissolution or later diagenesis. Whether in the
water column or in sediments, calcite should dissolve if ambient seawater is undersaturated with
respect to calcite, i.e., if the saturation state of seawater with respect to calcite (2c) is lower than
1. The latter is defined as:
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(4.1)

where the square brackets indicate total concentrations in mol kg™ of seawater and Ks* is the
stoichiometric solubility constant of the mineral of interest (calcite, aragonite, mol? kg2 seawater)
at ambient temperature, pressure and salinity (Millero, 1979; Mucci, 1983). In the water column,
Qc usually decreases with water depth (Fig. 4.1a), because calcite is more soluble at low
temperatures (Mucci, 1983) and high pressures (Millero, 1995), and due to CO> produced by the
microbial respiration of organic matter settling from the surface, acidifying bottom waters
(Sarmiento and Gruber, 2006). The depth below which seawater becomes undersaturated with
respect to calcite (Qc < 1) is called the Calcite Saturation Depth (CSD). With the addition of
anthropogenic CO: in the ocean, the CSD is rising (Feely et al., 2004), and a greater surface area
of calcitic sediments is exposed to corrosive water and undergoes dissolution (Gehlen et al., 2008;
Sulpis et al., 2018).

2 2 6 10 100 1000 10000

Boltom-seawater temperature (°C) Diffusive boundary layer
thickness (um)

Fig. 4.1 | Overview of the range of (a) calcite undersaturation state (1 - Q¢), (b) temperature and (c) current velocity
encountered in the bottom waters of the eastern Pacific and western Atlantic Oceans. The data used to plot these
maps are from GLODAPvZ2 (Key et al., 2015; Lauvset et al., 2016; Olsen et al., 2016) and the DBL thickness is
computed from HYCOM bottom-current speed (Trossman et al., 2016) following the methods presented in Sulpis et
al. (2018).

Numerous scientists studying the kinetics of calcite dissolution, i.e., the rate, in seawater,

have reported increasing dissolution rates as the undersaturation state of seawater with respect to
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calcite (1 — Qc) increases (Cubillas et al., 2005; Dong et al., 2018; Gehlen et al., 2005; Keir, 1980,
1983; Morse, 1978; Naviaux et al., 2019; Subhas et al., 2017; Subhas et al., 2015; Subhas et al.,
2018; Sulpis et al., 2017; Sulpis et al., 2019; Walter and Morse, 1985). Although avoiding any
mechanistic understanding, the most common way to express the dissolution rate (r, in mol m2 a-

1y of calcite as a function of (1 — Qc) is though the following empirical equation:
r=k(1-Qc)" (4.2)

where Kk is termed a rate constant (in mol m? a*) and n referred to as the reaction order (unitless).
Throughout the scientific literature, reported values for n vary widely. Whereas studies have
reported data-fitted n values higher than 4, e.g., Keir (1980) for synthetic calcite, others have
reported n values closer to 2, e.g., Gehlen et al. (2005) for natural sediments, or linear Kinetics,
i.e., areaction order of 1, e.g., Sulpis et al. (2017) for synthetic sediment beds, Hales and Emerson
(1997) for suspended particles, and Rickard and Sjoberg (1983) for a solid calcite disk. The
implications for our understanding of the marine calcite cycle are critical considering that, for a
similar rate constant, increasing the value of n implies dramatically lowering the dissolution rate
close to equilibrium. Disparities are even larger with respect to the value of k, as literature values
range from ~3 x10* mol m? a for a natural calcitic sediment from the Sierra Leone Rise in
artificial seawater (Gehlen et al., 2005) to ~36 mol m a, for coarse synthetic calcite grains in

artificial seawater (Subhas et al., 2015).

Despite these apparent inconsistencies, which may emanate from the diversity of
experimental conditions and protocols or from surface area estimation methods (Colombani,
2016), an interesting pattern emerges when the reactivity of natural and synthetic materials is
compared. It appears that coccoliths and foraminifera consistently dissolve slower than synthetic
materials, when the dissolution rate is normalized by the surface area of the grains, despite the fact
that biogenic calcites have larger reactive surface areas (when expressed in m? per gram of
material) than synthetic calcites (Keir, 1980; Subhas et al., 2018; Walter and Morse, 1985). It has
been proposed that organic coatings inhibit the dissolution of coccoliths (Honjo and Erez, 1978;
Keir, 1980). In contrast, Subhas et al. (2018), based on the results of Gal et al. (2016), suggested
that organic macromolecules bound to the coccoliths could catalyze calcite nucleation and, hence,

its precipitation, even in slightly undersaturated seawater, reducing the apparent net dissolution.
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In sediments, the link between organic matter and calcite dissolution is more complex than
for individual coccoliths. While organic matter may hinder calcite dissolution for reasons
mentioned above, metabolic CO production due to bacterial organic matter degradation could
acidify porewaters, accelerating dissolution (Emerson and Bender, 1981; Jansen et al., 2002). In
addition, burrowing organisms can strongly alter the distribution of solids and solutes in sediment,
and their dependency on organic matter is known to be complex (Boudreau, 1996; Meysman et
al., 2005; Teal et al., 2010). Before attempting to fully understand the organic carbon — calcite
sedimentary system, much remains to be learned about abiotic calcite dissolution.

It is becoming more and more conspicuous that calcite dissolution in seawater does not
proceed by a single mechanism but, instead, a sequence of mechanisms predicated to a given
region of the (1 — Qc) spectrum (Arvidson et al., 2015; Dong et al., 2018; Naviaux et al., 2019;
Subhas et al., 2017; Subhas et al., 2015). Recently, Naviaux et al. (2019), based on laboratory
dissolution experiments with *3C-enriched calcites, asserted that close to equilibrium (Qc > 0.9),
dissolution is limited to the retreat of pre-existing steps, kinks and adatoms on the calcite surface.
Further away from equilibrium (0.9 > Q¢ > ~0.75), defect-assisted dissolution would dominate,
while below Qc ~ 0.75, the measured rates show a sharp increase, as undersaturation is high
enough to allow dissolution to occur homogeneously across the mineral surface. This apparent
criticality in the mineral-solution system might explain the nonlinear dissolution behaviors
observed by researchers who studied the dissolution behavior of calcite grains kept in suspension
in seawater. In this framework, Naviaux et al. (2019) observed that temperature increases both the
rate constant and the reaction order, especially far from equilibrium. Such a complex kinetic
behavior is problematic for — although it does not preclude — the development of a simple equation

describing the dissolution rate of individual calcite grains as a function of environmental variables.

Boudreau (2013) argued that, at the sediment-water interface (SWI) and under deep-sea-
like hydrodynamic conditions, calcite dissolution is almost entirely controlled by the diffusion of
reactants and reaction products through the diffusive boundary layer (DBL) above the SWI;
typically, 0.5-1 mm-thick in the deep sea (Sulpis et al., 2018). In this case, the reaction is termed
(water-side) transport-controlled, and DBL-diffusion acts as the rate limiting-step. The alternative
dissolution regime for calcite at the SWI would be sediment-side control, a regime in which
porewater diffusion combined with chemical reactions at the surface of the grains are the rate
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limiting steps. In reality, calcite dissolution at the SW1 always follows a mixed regime, tilting more
strongly towards water-side transport control when bottom currents are slow (a few cm s*) and
the DBL is thick (a few mm), and towards sediment-side control, when sediments are calcite-poor,
or when much microbial respiration-driven dissolution occurs within sediments (Boudreau and
Guinasso, 1982; Sulpis et al., 2018; Sulpis et al., 2019).

The idea of a diffusive transport-control of calcite dissolution at the SWI was raised by
earlier investigators (Broecker and Peng, 1982; Santschi et al., 1991; Schink and Guinasso, 1977)
and is supported by recent experimental studies (Sulpis et al., 2017; Sulpis et al., 2019). On one
hand, a strong diffusive transport-control should, in theory, reduce the effects of temperature or
the nature (biogenic or synthetic) of the calcite on the dissolution rates, as discussed above,
although temperature also affects the viscosity of seawater (Shargawy et al., 2010) and could
influence the rate of diffusion. On the other hand, rheological variables specific to the sediment,

e.g., porosity or permeability, could also affect dissolution.

The dynamics of the flow above the SWI and the structure of the bottom boundary layer
have been reviewed by Boudreau and Guinasso (1982), Boudreau and Jgrgensen (2001) and
Trowbridge and Lentz (2018). One assumption of most DBL models, including ours (Sulpis et al.,
2018), is that the flow velocities decrease toward the sediment bed until reaching zero velocity at
the SWI, a concept referred to as the no-slip condition, a standard boundary condition used by
almost all, if not all, investigations of fluid dynamics. Nevertheless, near the surface of sufficiently
porous sediments, a pressure-induced flow can exist, coupled with the overlying bottom-water
flow (Dade et al., 2001). According to Darcy’s law (Whitaker, 1986), laminar flow in a porous
medium is related to a pressure gradient by the permeability, which is proper to the nature and
rheology of the sediment, and correlated with grain size (Shepherd, 1989). Nevertheless, it is
generally accepted that because of the presence of clay particles in marine sediments, which
dramatically reduces their permeability, no appreciable flow is encountered below the SWI, unlike
for sands or coarse-grain sediments (Boudreau and Jgrgensen, 2001).

The objective of the present study is to test, experimentally, the effect of a set of
oceanographic variables (temperature, DBL thickness, Q2c) and sediment properties (sediment
composition, nature of calcite, porosity, permeability) on the dissolution rate of calcite at the SWI.

For this purpose, we exposed sediment disks containing synthetic calcite mixed with quartz sand
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and clay, natural foraminifera or coccoliths, to undersaturated, natural seawater in a newly
developed rotating disk reactor which reproduces hydrodynamic conditions encountered at the
seafloor (Sulpis et al., 2019). We use these experiments to derive an equation that can readily
estimate the calcite dissolution rate at the SWI, neglecting any metabolic dissolution. Finally, we
compare our results with those of previous work and show that patterns can be drawn regarding

the link between reaction order, dissolution rate constant and hydrodynamics.

4.2 Materials and methods

4.2.1 Computing the dissolution rates at the sediment-water interface

For every mole of calcite dissolved, two equivalents of total alkalinity (TA) and one mole
of dissolved inorganic carbon are released to solution. Here, we will derive the dissolution rate of
calcite at the SWI by measuring the TA flux from a set of dissolving calcitic sediments exposed to
undersaturated seawater. The methodology that we use is the same as described in Sulpis et al.
(2017) and we refer the reader to this publication for a more detailed description of the procedure
and analyses.

Briefly, a calcitic sediment disk is placed at the bottom of a reactor and immersed in natural
seawater initially in equilibrium with calcite (Qc = 1). The natural seawater was aged, filtered and
acidified, so that its TA is reduced from ~2300 umol kg™ to values comprised between 380-1000
umol kgt and, thus various degrees of undersaturation (Qc < 1). After equilibration with the
ambient, laboratory pCO., this acidified seawater is injected in the reactor at a constant and known
rate using a peristaltic pump, after which it mixes with seawater in the reactor chamber, in contact
with the sediment disk. The pH of the overlying seawater, monitored daily with a combination
glass pH electrode, is drawn down due to the injection of acidified seawater, until a steady state is
reached after a few days or weeks. At steady state, the pH decrease due to the injection of the
acidified seawater is exactly compensated by the pH increase due to calcite dissolution. An aliquot
of the steady-state (output) solution is sampled and its TA determined potentiometrically. Because
the TA of the input seawater and the residence time of seawater within the reactor are known, the
calcite dissolution rate of the disk surface can be derived according to:

r=mswXATA/ (2 X AXAf) (4.3)
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where r is the interface area-normalized calcite dissolution rate (mol m2 al), msw is the mass of
seawater in the reactor (kg), 474 is the difference in total alkalinity between the (steady-state)
output and the input seawater (mol kg?), A is the surface area of the sediment disk (m?) and At is
the residence time of seawater in the reactor (a).

At the seafloor, hydrodynamics control the shape and thickness of the DBL above the
sediment bed. This can, by extension, determine the magnitude of the calcite dissolution flux out
of a sediment and, thus, particular attention should be given to using experimental systems that
reproduce the hydrodynamic conditions encountered at the seafloor. In this study, two different
reactors are used to simulate high and low energy benthic environments. Most experiments were
carried out in a rotating-disk reactor, that has been comprehensively described elsewhere (Sulpis
etal., 2019). In this reactor, a sediment disk (Fig. 4.2a) spins within a thermally-controlled reactor
chamber. The DBL thickness above this disk can be computed from the angular velocity of the
spinning disk, at any temperature, and for any diffusing ion. Under our experimental conditions,
this reactor can generate DBLSs as thick as 500 pum, at the thinner end of the DBL thicknesses of
the deep sea (Boudreau and Jargensen, 2001; Santschi et al., 1991; Sulpis et al., 2018; see Fig.
4.1c). Thus, experiments carried out in the rotating-disk reactor are presumably representative of
deep-sea, low-energy, benthic hydrodynamics. Alternatively, a few experiments were carried out
in a stirred reactor, described by Sulpis et al. (2017). In this reactor, a conical stirrer driven by an
overhead motor creates a rotating flow in water overlaying the sediment disk, generating a uniform
shear stress on the sediment surface and thinning the DBL. This type of design is suited for very
thin or inexistent DBL generation, rather than the thick DBLs found in deep sea environments, as
we suspect that turbulence and small-scale eddies are inevitably formed by the jerky motion of the
stirrer, and by the presence of an electrode within the reactor chamber for regular pH measurements
(Sulpis et al., 2017). At high stirring rates (>50 rpm, rotations per minute), such as what we use
here, the influence of a DBL is negligible on the measured dissolution rate, and calcite dissolution
rates can be considered as sediment-side controlled (Sulpis et al., 2017). The types of natural
benthic environments that this stirred-flow reactor can simulate are high energy marine
environments, such as those encountered on shallow-water carbonate platforms (Pomar, 2001;
Vital et al., 2008).
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Once a steady-state is reached and a dissolution rate estimated using Eq. 4.3, the steady-
state solution is analyzed spectrophotometrically for its soluble reactive phosphate (SRP)
concentration (Grasshoff et al., 1999; Murphy and Riley, 1962) and its practical salinity (Sp),
following an argentometric potentiometric titration. These variables are used, along with the
steady-state TA, pH on the total scale (pHT, Dickson (1984)) and temperature (T), to determine the
steady-state Q¢ of the experimental solution using CO2SY'S (Lewis and Wallace, 1998; Pierrot et
al., 2006). All calculations are carried out on the total hydrogen ion concentration scale, using the
stoichiometric carbonic acid dissociation constants from Lueker et al. (2000), as recommended by
Dickson et al. (2007) and Orr et al. (2015), the total boron concentration from Uppstrém (1974)
and the standard acidity constant of the HSO4™ ion from Dickson (1990). Overall uncertainties on
estimates of (QQc were computed from the algorithm developed by Orr et al. (2018), taking into
account the measurement uncertainties for each variable, as reported in Tables 4.1-4.3, and the
uncertainties on the various stoichiometric constants proposed by Orr et al. (2018). Uncertainties
for the dissolution rates (r) were computed from the measurement uncertainties of msw, TA, S and

At (see Sl), following standard error propagation rules.

4.2.2 Sediment properties and preparation

The experiments described in this study fall into three categories. The first category of
experiments explores the effects of T, sediment porosity and permeability, seawater Qc and the
DBL thickness on sediment calcite dissolution rates. One can choose to quantify the role of these
variables individually, but that would be very time consuming and would ignore potential
synergistic interactions among variables. On the other hand, changing several variables at the same
time reduces the number of experiments to be carried and can reveal potential synergistic

interactions among variables, but results of these experiments are more difficult to unravel.

Sediment disks were prepared by mixing various amount of montmorillonite, quartz sand,
and synthetic calcite with calcite-saturated natural seawater saturated (Fig. 4.2b). ACS reagent
grade synthetic calcite with a specific gravity of 2.71 g cm™ was purchased from Baker®. Based
on the averaged length of the grains (5.65 + 0.92 um, n=150), the geometric specific surface area
of the synthetic calcite was estimated at 0.39 + 0.23 m? g (Sulpis et al., 2017). A five-point BET-
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N surface area analysis (Brunauer et al., 1938) yielded a specific surface area of 0.245 + 0.014 m?
g, within the uncertainties of the geometric specific surface area estimate. Highly purified
montmorillonite clay with an average grain size of 18.1 + 9.1 um (n=99) and a specific gravity of
2.6 g cm™ was purchased from Southern Clay Products Inc. USA. Pure quartz sand washed several
times with deionized water and dried prior to use had an average grain size of 0.83 + 0.31 mm
(n=30). This material served as a coarser fill in an attempt to increase the permeability of the
simulated sediments. In the simulated-sediment disks, the calcite weight fraction was always 50%
of the dry solid weight but the relative dry weight percentage of montmorillonite was either 50%,
25% or 0%, with the quartz sand making up the difference. This resulted in the production of three
possible sediment compositions: calcite-clay, calcite-clay-quartz or calcite-quartz (see Fig. 4.3).
Porosity was measured by weight loss upon drying at low temperature (< 50 °C) for a week, for 3
replicates for each sample, assuming an average solid density of 2.65 g cm™ and subtracting the
weight of precipitated seawater salts. The resulting porosities were 0.79 + 0.02, 0.78 + 0.03 and
0.73 + 0.03, respectively. Permeability of pure quartz sand and synthetic calcite sediment disks
was estimated from the porosity of the sediment and the mean diameter of the grains, assuming
spherical solid particles, using the Kozeny-Carman equation as presented in Xu and Yu (2008).
For montmorillonite, because the assumption of spherical particles does not hold, the permeability
was taken from Amarasinghe et al. (2012) at 25 °C. Then, it was assumed that the permeability of
the sediment mixtures can be linearly interpolated from the permeabilities of the three poles of
composition (i.e., synthetic calcite, quartz sand and montmorillonite clay), see Fig. 4.3. The
resulting permeabilities were 6.2 + 2.7 x 10° cm? for the calcite-clay sediment, 7.6 + 5.6 x 10°
cm? for the calcite-clay-quartz sediment and 1.5 + 1.1 x 10 cm? for the calcite-quartz sediment
(Fig. 4.3). Experiments were carried out either at a controlled temperature of 25.0 °C, or in a cold
room at a temperature of 7 = 1.5 °C (Fig. 4.1b). The rotating disk reactor, which can readily
simulate seafloor-like DBLs, was used for this set of experiments. The disks were rotated at
between 1 and 6 rpm which, depending on the viscosity (which is dependent on temperature),
generates DBLs between 170 and 470 pm (Levich, 1962).
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Fig. 4.2 | Picture of (a) a sediment-disk filled with pure synthetic calcite in the rotating-disk reactor and
scanning electron micrographs of (b) synthetic calcite powder, (c) coccolithic sediment and (d) foraminifera
(binocular microscope).

permeability (log m?)
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high

Quartz sand %

Fig. 4.3 | Ternary diagram representing the composition of the three sediments containing synthetic calcite
(red cross is for calcite-clay, orange cross is for calcite-clay-quartz and yellow cross is for calcite-quartz) as
well as other sediments prepared specifically for porosity measurements. From grain sizes and porosities,
permeabilities were computed using the Kozeny-Carman equation as presented in Xu and Yu (2008)
except for montmorillonite, for which permeability was taken from Amarasinghe et al. (2012). Permeabilities
were subsequently linearly interpolated and are shown on this diagram in blue color.

In a second category of experiments, again in rotating-disk reactors, natural calcites were
dissolved in order to compare their dissolution kinetics (rate constants and reaction orders) with
those of experiments carried out with synthetic calcite sediments. One batch of sediment was
prepared using sediment recovered with a piston core during North Atlantic IODP expedition 303

in November 2004, at site U1308 lying between the eastern side of the mid-oceanic ridge and the
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Isengard Ridge, at a water-depth of ~ 3900 m (Channell et al., 2006). The sediment was taken at
~350 m below the core top, which corresponds to ages of between 5.6 and 6.5 Ma, in the late
Miocene (Channell et al., 2006). About 90% of the sample was composed of CaCO3 nannofossils
(Fig. 4.2c), and less than 0.1 % was organic carbon (Channell et al., 2006). About a third of the
nannofossils, counted on a smear slide using a scanning electron microscope (n ~ 2000), were
represented by the species Reticulofenestra pseudoumbilicus (Gartner, 1967) and another third by
Gephyrocapsa spp. (Flores et al., 2000). About 2% of the nannofossils belonged to the species
Discoaster brouweri, an extinct 6-legged star shaped marine algae (Bukry, 1971) visible in Fig.
4.2c. We also noted the presence of rare foraminifera and palynomorphs in the sediment, and the
absence of radiolarian (Channell et al., 2006). This sediment was rinsed with deionized water
several times and dried at room temperature before being mixed with calcite-equilibrated natural
seawater. The porosity was 0.88 + 0.02 (n = 3). The BET-surface area of this coccolithic sediment

was measured at 8.15 + 0.20 m? g* (n = 2).

Another batch of sediment was composed of foraminiferal sand, previously described in
Sulpis et al. (2019). This foraminiferal sand was made up of ~98% of Globigerinoides ruber (Fig.
4.2d), a shallow-water planktonic foraminifera species (Hayward et al., 2018). This sediment was
retrieved from the top 10 cm of a gravity core sampled at 1916 m-depth in the Southern Central
Pacific Ocean, in April 2010. This sediment was rinsed several times with deionized water, dried
at room temperature, and mixed with calcite-equilibrated natural seawater. The porosity of this
foraminiferal sediment was 0.84 + 0.03 (n = 3). The BET-surface area of the foraminifera was 4.07
+0.01 m? g (n = 2), which is about half that of the coccoliths, consistent with results of similar
studies (Keir, 1980; Subhas et al., 2018). The spinning rates of the sediment disks were between 1
and 10 rpm, and the temperature always 25 °C. The resulting DBL thicknesses ranged between
145 and 459 pm. In these experiments, to prevent any bacterial respiration of organic matter, the
seawater was poisoned with ~100 mg of HgCl. per liter, as recommended by Kattner (1999) for

long-term storage measurements of dissolved inorganic nutrients in seawater.

Finally, to obtain insights on the dissolution of calcite grains under high shear stress
conditions, and to determine whether the presence of HgCl. in seawater affects the dissolution
rates, three sets of experiments were carried out in a stirred-flow reactor (Sulpis et al., 2017). In
one set of experiments, synthetic calcite grains were spread out at the bottom of a reactor in which

126



a conical stirrer, driven by an overhead motor, creating a rotating flow (see Sulpis et al. (2017)) so
that the grains were mobile and were moved around by the overlying water, but without being in
being resuspended, i.e., still under the form of a sediment bed. The stirring rate was ~300 rpm.
HgCl, was added to the seawater at a concentration of ~100 mg per liter. A second set of
experiments was run under the same conditions, with synthetic calcite, but without any HgCl..
Finally, a third set of experiments was performed at the same stirring rate, with ~100 mg of HgCl>

per liter of seawater, using the foraminiferal sand described above.

4.3 Results
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Fig. 4.4 | Interface area-normalized dissolution rates as a function of steady-state undersaturation
state (1 - Q¢) and a) diffusive boundary layer thickness (), b) seawater temperature (T) and c)
permeability on a log scale (k) for sediment with various proportions of montmorillonite clay, quartz sand
and synthetic calcite.

The data reported here originates from 70 different week-long dissolution experiments. All
data obtained in this study are shown in Tables 4.1-4.3. Practical salinities of the steady-state
aliquots range between 34.82 + 0.04 and 35.98 + 0.04, suggesting that minimal evaporation has
occurred between the sampling of natural seawater in the Gulf of Saint Lawrence (Sp = 34.72 +
0.04) and the end of the experiments several months later. Saturation states (Q2c) range from

slightly supersaturated (Q2c = 1.05) to highly undersaturated (Q2c = 0.32), essentially covering the
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range depicted in Fig. 4.1a. Steady-state pCO> values, computed with CO2SY, range from 275.6
+ 5.6 patm to 798.6 + 15.7 patm, the latter being more representative of typical indoor pCO>. This
wide pCO> variability is due to a combination of factors including seasonal variations or changing
human presence, the assumption being that seawater in our reactors is in equilibrium with the room
air. Although this is certainly the case at the beginning of experiments, because we equilibrate
acidified seawater with room air, this might not be always true at the end of the dissolution
experiments, as we note a weak (R? = 0.23) negative linear dependency between the computed
pCO:> values and the dissolution rates, suggesting that calcite dissolution effectively neutralizes
dissolved CO..
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Fig. 4.5 | Interface area-normalized dissolution rates as a function of steady-state undersaturation state (1
- Qc) and diffusive boundary layer thickness (8) for coccolithic and foraminiferal sediments.

Twenty six dissolution experiments were performed with synthetic calcite sediments over
a range of DBL thicknesses () and undersaturation states, at two different temperatures (25 °C or
7+ 1.5 °C) and three different permeabilities (6.2 +2.7 x 10° cm?, 7.6 £ 5.6 x 10° cm? and 1.5 +
1.1 x 10* cm?), depending on the proportion of montmorillonite clay and quartz sand in the
sediment disks. Results for these experiments are presented in Fig. 4.4 and reported in Table 4.1.
Uncertainties on the dissolution rate value increase at high undersaturation, as the gap between the

TA of the input solution and the TA of the steady-state output seawater narrows. Despite these
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uncertainties, it is clear that under our experimental conditions, for a similar Q¢ value, dissolution
rates increase with a decreasing DBL thickness (Fig. 4.4a). The effects of temperature or

permeability are less obvious, and no explicit pattern can be identified (Fig. 4.4b,c).

Dissolution experiments carried out on natural coccolithic and foraminiferal sediments are
shown in Fig. 4.5 and reported in Table 4.2. For coccoliths, two steady-state samples obtained in
slightly supersaturated waters (Q2c = 1.01 + 0.06 and Qc = 1.03 + 0.06) showed significantly
positive dissolution rates (r = 0.13 + 0.06 and 0.28 + 0.08 mol m a%, respectively). These could
be explained by the presence of more soluble calcite phases in the coccolithic sediment, such as
aragonite or high-Mg calcite, or uncertainty in estimated Qc values. For both sediments,
dissolution rates increase with decreasing DBL thickness. As in Subhas et al. (2018), coccoliths
appear to dissolve slower than foraminifera, despite their specific surface area that is about twice

larger.

No apparent effect of HgCl> was observed on the dissolution kinetics of synthetic calcite
in stirred reactor (Fig. 4.6). The dissolution rates of foraminifera sediment grains, when
normalized to the SWI-surface area, are slightly slower than that of synthetic calcite. For synthetic
calcite and foraminifera, samples obtained in supersaturated waters showed no dissolution rate

values statistically different than zero, as shown in Fig. 4.6 and reported in Table 4.3.
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Fig. 4.6 | Interface area-normalized dissolution rates as a function of steady-state undersaturation state (1
— Qc) for synthetic calcite (with or without HgCl2) and foraminifera, in stirred reactors.
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Soluble reactive phosphate (SRP) concentrations were measured from steady-state
seawater samples for all dissolution experiments. SRP concentration differs depending on the
nature of the sediment. In sediments containing synthetic calcite (Fig. 4.3), SRP concentration in
the overlying water at steady state was 1.9 = 1.1 pmol kg™ and showed a weak, positive linear
correlation (R? = 0.32) with the dissolution rate and with the clay content (R? = 0.25). To identify
the source of SRP in our experiments, we carried out SRP desorption experiments from pure calcite
powder and montmorillonite in seawater. Four grams of the two solids were transferred separately
into closed glass bottles filled with 200 mL of natural seawater with an initial SRP concentration
of 0.85 uM. The solutions were allowed to equilibrate for one week under constant stirring before
being filtered through a 0.45 um Millipore HA filter and the final SRP concentration determined
spectrophotometrically within 24h. Results of these experiments revealed that the montmorillonite
released 1.15 uM phosphate per gram of montmorillonite in a week whereas the CaCO3 powder
adsorbed 0.17 uM of phosphate per gram of calcite onto its surface. The latter observation is
consistent with results found in the literature (de Kanel and Morse, 1978; House and Donaldson,
1986; Millero et al., 2001; Sg et al., 2011), i.e., that SRP has a strong affinity for calcite surfaces.
Following the SRP evolution with time for a calcite — montmorillonite sediment (porosity = 0.79,
53 weight % of calcite) immersed in natural seawater, see Fig. 4.7, we measured a net decrease in
[SRP] (SRP adsorption on calcite) during the first 5 days, followed by a net increase (SRP
desorption by montmorillonite) between 5 and 20 days. The average rate of net desorption between
4 and 14 days after immersion of the disks was 2.0 + 0.74 pmol per gram of dry sediment per day
(umol gt d1). After 40 days, SRP desorption was not statistically different than zero (0.10 + 0.21
umol g d). Our interpretation of the data is that montmorillonite SRP desorption and calcite SRP
adsorption reactions occur concurrently but with different kinetics and adsorption capacities.
Whereas calcite SRP adsorption is initially faster than SRP desorption from montmorillonite, the
calcite adsorption capacity or kinetics ultimately is overwhelmed by SRP desorption from the
montmorillonite. The link between SRP release and dissolution rate is evident for experiments
with coccolithic sediments (R? = 0.74), in which the measured steady-state SRP concentration was
as high as 10.21 + 0.05 umol kg*. For sediment beds of pure synthetic calcite and foraminifera in
stirred-flow reactors, under high shear stress, no correlation was observed between dissolution and

SRP release (R? = 0.04), and the SRP concentration was smaller, at 1.7 + 0.4 umol kg™,
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4.4 Discussion

Dissolution of CaCOs at the SW1 is influenced by a complex network of variables that are
changing synergistically. Here, we use the data from the first category of experiments, carried out
in the rotating disk reactor with simulated sediments containing synthetic calcite, to study the role

of each of the variables on the calcite dissolution rate.
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Fig. 4.7 | Soluble reactive phosphate (SRP) adsorption on or desorption from a synthetic calcite-
montmorillonite sediment as a function of the time of immersion in natural seawater. The black dashed line
represents no net SRP adsorption or desorption, as a reference, and the shaded area represents plus or
minus one standard deviation from the measurement.

Linear regression models are commonly used to study dependencies between variables. In
such models, the first step is to identify which variables in a given dataset are independent, i.e.,
are not influenced by any other variable, and which variables are dependent, i.e., a direct or indirect
consequence of the independent variables. In the present study, the DBL thickness (3), sediment
permeability («), seawater temperature (T) and salinity (Sp) are all independent variables, as they
are set by the experimenter. Here, we will treat [SRP] as an independent variable. Although one
could consider Qc as both an independent and a dependent variable, as low Qc favours
dissolution, but the latter reaction releases CO3? ions, increasing Qc, we will also treat Qc as an
independent variable. The dissolution rate, r, is a dependent variable, affected by a combination of
all the variables previously mentioned. Using the Paleontological Statistics Software Package for
Education and Data Analysis described in Hammer et al. (2001), we performed a multiple

regression of r on a linear combination of our 6 independent variables, by minimizing the sum of
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the squared residuals between the predicted and measured r. We find that, statistically, r can be

expressed as a linear combination of all defined independent variables (F = 10.3, p = 4 x 107,

degrees of freedom = 6 and 19), and 77 % of the variability in the measured r values can be

explained by a linear combination of our 6 independent variables (multiple linear regression

coefficient R?> = 0.77), the rest being due to other undetermined factors or to the analytical

uncertainty. Among the 6 independent variables, only Qc and & exert a statistically significant

control over r (i.e., the fitting coefficients for these variables are significantly different than zero,

with p values of 4 x 10®° and 2 x 1073, respectively), while the contributions of T, k, Se and [SRP]

to the overall dissolution rate are insignificant (i.e., the fitting coefficients for these variables are

not significantly different than zero, with p values of 0.94, 0.76, 0.94, 0.36, respectively).
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Fig. 4.8 | Dissolution rate residuals (fitted r — measured r) as a function of a) the diffusive boundary layer

thickness (0), b) steady-state undersaturation state of seawater with respect to calcite (1 - Qc)c)
temperature (T), d) practical salinity (Sp), €) soluble reactive phosphate concentration ([SRP]) and f)
permeability on a log scale (k). Color indicates the measured dissolution rate.
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Since only two variables have a statistically significant influence on the dissolution rates,
i.e., 6 and Qc, we can go further in the fitting of our dissolution rates and, using a Levenberg-
Marquardt algorithm (Pujol, 2007), fit our experimental data to a three-dimensional second-order

polynomial regression model (26 iterations, degrees of freedom = 20, R? = 0.78):
r=-8.5x10°82-3.2x10%8 (1 - Q) + 1.2 x1036 -3 (1 - Q)2+ 7.6 (1 - Qc) + 0.48 (4.4)

Note that this expression has no mechanistic significance, as it deviates from the first order kinetics
ruling calcite dissolution kinetics at the SWI. The fit residuals, i.e., differences between measured
dissolution rates and values computed with Eq. 4.4, are shown as a function of each of the 6
independent variables in Fig. 4.8. In Fig. 4.9a, we represent r for the 26 experiments run on
sediments with synthetic calcite as a function of & and Qc. Fig. 4.9b shows the data from the same
experiments, but for theoretical dissolution rates, i.e., fitted from Eq. 4.4 instead of being measured
from Eq. 4.3. In Fig. 4.9c, we show the theoretical dissolution rate, computed with Eq. 4.4,

extrapolated to cover a d range between 100 and 500 pum, and a (1 — Q¢) range between 0 and 0.6.
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Fig. 4.9 | a) Measured, b) fitted and c) extrapolated calcite dissolution rate (r) as a function of the diffusive
boundary layer thickness (8) and the steady-state undersaturation state of seawater with respect to calcite
(1-Qc).

The diffusive boundary layer thickness, 8, which is comprised roughly between 200 pm

and 1 mm at the deep seafloor (Sulpis et al., 2018), thickens as bottom currents decelerate, and
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thins as they accelerate (Boudreau and Guinasso, 1982; Higashino and Stefan, 2004; Larkum et
al., 2003; Levich, 1962; Lorke et al., 2003; Santschi et al., 1991; Santschi et al., 1983). Thus, since
d is, as Qc, controlling the dissolution rate of calcite at the SWI, both the variations in bottom
current speed and in bottom-water chemistry (i.e., Qc) should be taken into account when

interpreting calcite dissolution / preservation data through time.

current
deceleration

alkalinization

- dissolution rate +

Current speed

+

Fig. 4.10 | Conceptual diagram representing the calcite dissolution rate at the SWI as a function of the
bottom-current speed and the bottom-water undersaturation state with respect to calcite (1 - Q¢). White
arrows represent the theoretical paths of the dissolution rate, starting at the center of the diagram, in
response to four events, current deceleration, current acceleration, seawater acidification and seawater
alkalinization.

It is well known that seawater Qc can fluctuate through time, whether it is at a diel timescale (e.g.,
Cyronak et al., 2013), centennial timescale (e.g., Orr et al., 2005), or on the scale of million of years (e.g.,
Boudreau et al., 2019). The role that this varying Qc plays on the dissolution of calcite in seawater is well
understood. Here, we wish to point out that the direction and speed of bottom currents also changes with time,
even deep in the ocean, and that according to the results presented here, this should be taken into account
along with Qc changes. For instance, using current-meter measurements, Thomson and Davis (2017) showed
that at 4300 m-depth, in the Middle America Trench off Costa Rica, 21 m above the bottom, the current speed
fluctuates from less than 1 to 27 cm s within a single day. Assuming Sp =35 and T = 2 °C and using the
equations presented in Sulpis et al. (2018), that would represent a DBL thickness oscillating between 5.2 mm
and 331 pm, respectively. Likewise, bottom currents can weaken or strengthen due to climate changes, as it
is currently the case in the North Atlantic due to a weakening of the Atlantic meridional overturning circulation
(Caesar et al., 2018; Thornalley et al., 2018). Finally, in the geological past, examples of abrupt (Garcia-
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Castellanos and Villasenor, 2011) or gradual (Ramsay et al., 1998) changes in the ocean circulation patterns
have been documented in the literature. In this context, and as summarized in Fig. 4.10, both current
deceleration and a Qc increase will lead to slower calcite dissolution at the SWI, while both current

acceleration and seawater acidification tend to enhance the dissolution rate.

4.5 Conclusion

The dissolution of calcite at the seafloor will be the ultimate sink for anthropogenic CO..
Hence, an accurate kinetic description of the dissolution reaction is required to estimate the
timescales at which the ocean may return to its pre-acidification state. Yet, an experimental study
attempting to accurately quantify and identify the controlling factors of the kinetics of dissolution
of calcite under deep-sea like conditions is absent from the literature. Here, we have run 70
dissolution experiments over a range of temperature, sediment porosity and permeability, grain
size and specific surface area, seawater saturation state with respect to calcite (Qc) and diffusive
boundary layer thicknesses 6 that is representative of deep-sea conditions, for biogenic and
synthetic calcite particles. Our results show, at the sediment-water interface (SWI) and under our
experimental conditions, only Qc and & have a statistically significant influence on calcite
dissolution rate. This confirms the water-side control of the dissolution reaction at the SWI. Based
on these observations, we argue that geologically long- or medium-term changes in bottom-current
velocities, such as those that may be induced by changes in continental positions or evolving
climate, should be considered along with variations of calcite deposition fluxes or seawater

acidification when interpreting calcite preservation data through time.
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Table 4.1 | Description of dissolution experiments for sediments containing synthetic calcite in rotating-disk
reactors. We report the sediment porosity (), permeability (k), relative dry weight percentage of quartz

sand, montmorillonite clay and calcite, temperature (T), diffusive boundary layer thickness (9), soluble
reactive phosphate concentration ([SRP]), practical salinity (Sp), steady-state seawater pCO; and

saturation state with respect to calcite ((2¢) and interface surface-area normalized calcite dissolution rate.

® K Quartz | Clay Calcite T ) [SRP] Sp pCO: Qc r
sand 5% 10.04
@ | ) | wiw | wi | wim) | ec) | wm) | wmolkg?) (uatm) (mol m2a)
P e2x o 50 50 | 25 | 265 | 294 | 3551 | #4231 047 1304400
7 &2x07 1 o 50 50 25 | 459 1.63 3485 | 3008 | 046 | 5135058
[ 62071 o 50 50 25 | 325 216 | 3558 | 3175 | 063 | 9004058
P &2 o 50 50 25 | 459 176 | 3542 | 707 | 086 | 6gaoss
78 | 76XI10° | o5 25 50 25 | 325 145 | 3585 | 3267 | 091 | 046x008
7B ZEXI0° 1 a5 25 50 25 | 188 1.25 3488 | 6083 | 078 | 193103
78 | 76X10° 1 g 25 0 | 25 | 188 143 | 3532 | 40631 085 ) 994038
1] o | e | o |y m | s | 67| e
7] &2x07 o 50 so |7 ] 170 113 3482 | 3327 | 045 | 3621055
A I R A A EOS AR P R e
” £2x1071 o 50 50 |7, | 240 2.00 35.55 3;238 iogo“s 1.82+0.17
791 82X107 1 g 50 so |7, | 208 283 | 3510 | 3142 078 | 5484005
7B 18XI0° 1 a5 25 50 25 | 325 231 3508 | 6340 | 043 | 2425026
B ZEXI0% ] a5 25 50 | 25 | 459 101 3532 | 3723 | 051 | 1381016
B JeXI0 1 25 25 50 25 | 205 2.81 3529 | 21661 062 | 9504027
71Xt s 0 50 25 | 230 124 3535 | 4750 | 054 | 306104
73] 1SXI0% s 0 50 25 | 325 062 | 3570 | 3921 080 1 0794010
781 ISXI0 ] s 0 50 25 | 325 093 | 3503 | WS | 077 118x02
79 82X107 g 50 50 | L7, | 294 284 | 3496 | 47 | 067 | 9214018
7] 624071 o 50 50 |7, | 208 192 3489 | 301 | 000 | 1815018
A N S N D ) R P R ) e
7 62x07 o 50 so |7 ] 170 2.82 352 | 30741 08 | a2x004
Ak AN N RN FA R R P b e
71624071 o 50 50| L7, | 186 121 | 3524 | 27261 085 064020
P10 | | o (L] sw fwe| 82|58 | con
] o [ o | o [Tl m| s |sw| B [38] sono
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Table 4.2 | Description of dissolution experiments for coccolithic and foraminiferal sand in rotating-disk
reactors. We report the sediment porosity (¢), diffusive boundary layer thickness (5), soluble reactive
phosphate concentration ([SRP]), practical salinity (Sp), steady-state seawater pCO. and saturation state
with respect to calcite ((Q2¢) and interface surface-area normalized normalised calcite dissolution rate. All
experiments were carried out at a temperature of 25°C.

Material o) ) [SRP] Sp pCO: Qc r
5% +0.04
%) (m) | (umol kg (uatm) (mol m2 )
Coccoliths 8812 217 3.21 3s78 | 21271 103 1 028008
Coccoliths 88+2 217 409 3586 | 072 | 090 1 032:000
Coccoliths 88+2 217 3.65 3568 | 1004 | O 1 042:012
Coccoliths 88+2 217 6.32 3565 | 7429 1 071 1 045+022
Coccoliths 8812 217 10.21 3520 | 7689 ) 068 1 0761027
Coccoliths 88+2 459 2.43 3556 | 4776 | 100 1 013006
Coccoliths 88+2 459 . 3490 | 9758 ) 082 1 01520
Coccoliths 8812 459 532 3488 | 7181 | 068 1 034402
Coccoliths 88+2 459 497 3591 | 1242 ) 066 1 03810025
Coccoliths 88+2 459 8.21 3561 | 786 | 081 1 046x0ss
Foraminifera 84+3 145 1.25 3482 | 7089 1 093 1 0352017
Foraminifera 84+3 145 218 3502 | 4829 ) 089 1 0402004
Foraminifera 84+3 145 3.07 3507 | 38211 085 1 0974007
Foraminifera 84+3 145 1.69 3522 | 4 g-;" ioéﬁ 2.11£0.20
Foraminifera 84+3 265 1.36 3509 | 1877 092 1 0292010
Foraminifera 84+3 265 1.00 35.46 | 12801 086 1 03410023
Foraminifera 84+3 265 1.06 3521 | 1680 ) 083 1059400
Foraminifera 84+3 265 0.96 3s.41 | 3097 067 1 083007
Foraminifera 84+3 265 205 3500 | 43541 062 1 1505014
Foraminifera 84+3 265 227 3575 | 4175 04T 79400
Foraminifera 84+3 455 095 3578 | 1867 | 0BT 1 017:0.6
Foraminifera 84+3 455 098 3590 | 7098 ) 0881 025:03
Foraminifera 843 455 1.04 3499 | 7362 | 088 | 033403
Foraminifera 843 455 0.94 3554 | 4752 | 08 1 03106
Foraminifera 84+3 455 1.08 3522 | 752 DA 99200
Foraminifera 84+3 455 0.85 3512 | 43861 052 1984050
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Table 4.3 | Description of dissolution experiments in stirred reactors. We the mercuric chloride
concentration in seawater ([HgCl2]), soluble reactive phosphate concentration ([SRP]), practical salinity
(Sp), steady-state seawater pCO and saturation state with respect to calcite ((2c) and interface surface-
area normalized normalised calcite dissolution rate. All experiments were carried out at a temperature of

25°C.
Material [HgCl2] [SRP] Se pCO: Qc r
5% +0.04
(mg 1) (umol kg) (patm) (mol m2at)
Synthetic calcite 0 123 35.60 15;‘_']8 ! 69026 0.13+02]
Synthetic calcite 0 1.08 35.42 412% . 69026 0.09 +0.31
Syntheftic calcite 0 111 3583 | 4814 | 1041 0174064
Synthetic calcite 0 124 3575 | 417 f ioftfs 13940.16
Synthetic calcite 0 173 35.98 3;3 A fé‘?& 463070
Synthetic calcite 0 1.14 35.13 332"47 io(fé 7.88+1.65
Syntheftic calcite 100 1.23 3578 | 4340 1 094 1 00310025
Synthetic calcite 100 136 3535 | 4 85_'39 ioé?(fs -0.10 +0.39
Synthetic calcite 100 1.39 35.24 “fg -7"’ . é?(fé -0.1040.74
Synthetic calcite 100 1.25 3503 | 470 | 087 11352005
Synthetic calcite 100 1.01 3533 3!5_? 106.754 3.79+0.50
Synthefic calcite 100 0.94 35.16 3;‘;_-94 féf’& 7.44+1.20
Foraminifera 100 1.29 3557 | 4489 101 1 011202
Foraminifera 100 .42 35.41 | 44| 098 1 0055037
Foraminifera 100 121 3571 | 9252 105 1 0542077
Foraminifera 100 101 3506 | 3807 | 01 1 17620025
Foraminifera 100 .34 3525 | 4317 | B8 235200
Foraminifera 100 1.64 3490 | 348301 098 1 4105076
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Preface to Chapter 5

The geological record contains numerous examples of “greenhouse periods” and ocean
acidification episodes, where the spreading of corrosive (CO2-enriched) bottom waters enhances
the dissolution of CaCOs minerals delivered to the seafloor or contained within deep-sea
sediments. The dissolution of sedimentary CaCOs3 neutralizes excess COz, thus preventing
runaway acidification, and acts as a negative feedback mechanism in regulating atmospheric CO>
levels over time scales of centuries to millennia. Yet, there has been no concerted assessment of
the current extent of anthropogenic CaCOz dissolution at the deep seafloor. In the following
chapter, recent databases of bottom-water chemistry, benthic currents, and CaCOz content of
deep-sea sediments are combined with a new rate model to derive the global distribution of
benthic calcite dissolution rates and obtain primary confirmation of an anthropogenic
component. By comparing pre-industrial with present-day rates, we determine that significant
anthropogenic dissolution now occurs in the western North Atlantic, amounting to 40-100% of
the total seafloor dissolution at its most intense locations. At these locations, the calcite
compensation depth has risen ~300 m. Increased benthic dissolution was also revealed at
various hot spots in the southern extent of the Atlantic, Indian and Pacific Oceans. Our findings
place constraints on future predictions of ocean acidification, are consequential to the fate of
benthic calcifiers, and indicate that a by-product of human activities is currently altering the
geological record of the deep sea.
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Abstract

Oceanic uptake of anthropogenic CO- leads to decreased pH, carbonate ion concentration,
and saturation state with respect to CaCOs minerals, causing increased dissolution of these
minerals at the deep seafloor. This additional dissolution will figure prominently in the
neutralization of man-made CO>. However, there has been no concerted assessment of the current
extent of anthropogenic CaCOs dissolution at the deep seafloor. Here, recent databases of bottom-
water chemistry, benthic currents, and CaCOz content of deep-sea sediments are combined with a
rate model to derive the global distribution of benthic calcite dissolution rates and obtain primary
confirmation of an anthropogenic component. By comparing preindustrial with present-day rates,
we determine that significant anthropogenic dissolution now occurs in the western North Atlantic,
amounting to 40-100% of the total seafloor dissolution at its most intense locations. At these
locations, the calcite compensation depth has risen ~300 m. Increased benthic dissolution was also
revealed at various hot spots in the southern extent of the Atlantic, Indian, and Pacific Oceans. Our

findings place constraints on future predictions of ocean acidification, are consequential to the fate
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of benthic calcifiers, and indicate that a by-product of human activities is currently altering the

geological record of the deep sea.

5.1 Introduction

Seafloor dissolution of CaCOs minerals will constitute a primary feedback to ocean
acidification over time scales of centuries to tens of millennia (Montenegro et al., 2007). The

overall dissolution reaction is
CaCOs3+ COz2 + H20 = Ca?" +2 HCOs (5.1)

where CaCO3z denotes solid carbonate in bottom sediments, mainly as calcite. This process is
termed (geo)chemical carbonate compensation. Consequently, CO> entering the ocean, including
that of anthropogenic origin, can be neutralized permanently by conversion to dissolved
bicarbonate ion (HCO3").

The upper oceans are wholly supersaturated with respect to calcite, despite the current
acidification. Largely because of the increasing solubility of calcite with pressure, the deeper
oceans become undersaturated, and the rate of reaction 1 increases with oceanographic depth. The
depth where undersaturation first occurs is the calcite saturation depth (CSD) (Boudreau et al.,
2010b). The pre-industrial oceans contained CO acquired from the atmosphere, from marine
volcanism, and from oxic organic matter decay. At the same time, calcifying organisms
precipitated CaCOs shells that settled to the seafloor upon their death. Combined, these processes
and reaction 1 lead to decreasing CaCOs content in sediments below the CSD. The depth where
the deposition rate of CaCOs is exactly balanced by reaction 1 is called the calcite compensation
depth (CCD) (Boudreau et al., 2010b), although operationally it is commonly defined as the depth
where the sediment CaCOs content falls below 10%. The snowline (Boudreau et al., 2010b)
denotes the depth below which no CaCQOs is found in the sediment; the snowline and CCD coincide
at steady state (Boudreau et al., 2010b).

146



30

K* (myr')

[COSQ-]eq (umolkg)

ccD (km)

Fig. 5.1 | Chemical and physical parameters for calcite dissolution. (a) Overall mass-transfer coefficient k*
for CaCQg dissolution, (b) current bottom-water saturation concentration [CO3?Jeq at in situ temperature,
salinity and pressure and (c) present-day calcite compensation depth (CCD), regionally averaged as
described in the methods section, where the light grey identifies areas where the CCD is deeper than the
depth of the seafloor, i.e., where calcite can undergo net sediment accumulation. The CCD is not
computed in the Arctic and Southern Oceans (south of 60°S).

The geological record contains numerous examples of deep-sea CaCOz dissolution events
driven by natural acidification, e.g., at ~56 Myr BP, known as the Paleocene-Eocene Thermal
Maximum (Zachos et al., 2005; Zeebe et al., 2009; Cuy et al., 2011). During these events, CaCO3
disappeared from deep-sea sediments, where it had previously accumulated, burial rates dropped,
and the snowline shoaled. The same scenario has been predicted for the Anthropocene oceans
(Archer, 2005; Boudreau et al., 2010a), but no estimates of increased deep-sea sediment CaCOs3
dissolution has been published. This lack of documentation might be attributed to the restricted

penetration of anthropogenic CO: to shallow depths, but this premise is contradicted by observed
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changes in the carbonate chemistry of the deeper oceans (Feely et al., 2004; Rios et al., 2015; Perez
etal., 2018) and as reported here. Both numerical ocean models and the presence in abyssal waters
of transient tracers produced almost entirely after the end of the 1940s, i.e., CFCs and PCBs,
strongly imply the presence of anthropogenic CO: in the deep oceans. Anthropogenic COz in deep
and bottom waters is simply very difficult to measure because it is a small signal superimposed on
a large natural background concentration. Early changes in CaCO3 content of sediments caused
by anthropogenic acidification are also extremely difficult to detect through changes in either solid

mass or dissolution indices.

Given that sediment monitoring is unlikely to yield immediate evidence of anthropogenic
calcite dissolution at the seafloor, we employ a different approach and compare the rate of
dissolution at the seafloor under pre-industrial (ca. 1800 AD) and modern (2002 AD) benthic
conditions. In accord with recent work (Boudreau, 2013; Sulpis et al., 2017) on the dissolution
kinetics of calcite beds, the dissolution rate (r) at any depth between the CSD and the CCD is given
by (Boudreau, 2013):

r=k* ([COs*]eq - [COs*]sw) (5.2)

where [CO3?]eq is the calcite-equilibrium carbonate-ion concentration (Fig. 5.1b), [CO3%]sw is the
carbonate-ion concentration in bottom waters, and k* is the overall CO32" mass-transfer coefficient
(Boudreau, 2013),

k*=ks g (ks + )" (5.3)

where ks is the sediment-side mass-transfer coefficient, which characterizes dissolution and
transport (diffusion) of the carbonate ion within the sediment, and £ is the water-side mass-transfer
coefficient (Boudreau and Jgrgensen, 2001). In this formulation, k* tends towards the value of the
smallest rate-limiting mass transfer coefficient, p or ks, without ever reaching it, as predicted by

theory and validated by observations.

With any Anthropocene (Waters et al., 2016) rise in the CCD, r is supplemented by
dissolution of previously deposited CaCOz between the new and old CCD positions (see Materials
and Methods). Hence, the difference between the calculated r over the deep seafloor for pre-
industrial and current conditions reflects the impacts of anthropogenic acidification. To perform

this calculation globally, we require the spatial distributions of k*, [CO3?Jeq, [CO3%]sw, and the
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CaCOs contents of surface sediments, whose distribution is available from a new database
(Jenkins, 1997; Goff et al., 2008) and displayed in Fig. 5.6a.

The distribution of k* at the seafloor is shown in Fig. 5.1a. The water-side mass-transfer
coefficient, S, appears in Eq. 5.3 because the seafloor is covered by a water layer through which
solute transport occurs via molecular diffusion (Boudreau and Jargensen, 2001), termed the
diffusive boundary layer (DBL). The existence of the DBL has been amply illustrated by previous
research (Archer, 1989b; Gundersen and Jargensen, 1990, Santschi, 1991). f is calculated as the

ratio of the diffusion coefficient of CO3* (D¢o,z2-), at in situ temperature (T) and salinity (Sp), to

the thickness of the DBL (ZpsL), as f is effectively independent of pressure (see Materials and

Methods). Whereas D, 2~ does not vary widely, Zps. depends on the flow velocities at the

seafloor (Boudreau and Jagrgensen, 2001), but an ocean-wide distribution of ZpgL has never been
reported in the literature. Herein, we use a global bottom-current-velocity (U) model to derive in
situ g values (see Materials and Methods). Fig. 5.7c¢ provides an ocean-wide distribution of 4 and
shows that this parameter is high on the east side of continents, beneath the Equator, and on the
northern fringe of the Southern Ocean, all areas with enhanced bottom currents. Conversely, f is
very small over much of the abyssal ocean due to relatively sluggish flow. The magnitude of ks is
derived from available experiments and calculated as a function of the CaCOs3 content in surface
sediments (see Materials and Methods). The distribution of ks at the seafloor is shown in Fig.
5.6b. Overall, the rate of deep-sea CaCOs dissolution, k*, is largely controlled by f, rather than ks
(Boudreau, 2013; Sulpis et al., 2017), except in regions of high bottom currents or where sediments

are CaCOz-poor, such as the North Pacific or the Southern Ocean (see Fig 5.9).

The benthic distribution of [CO3s*]eq in Eq. 5.2 is calculated by dividing the stoichiometric
solubility constant of calcite, K*sp at in situ conditions, by the Ca?" concentration of the oceans.
Figure 5.1b illustrates the resulting map of [CO3?Jeq. [CO3%]eq is commonly near 75 pmol kg
on top of oceanic ridges (~2500m), but increases to values as high as ~140 pmol kg™ on the abyssal
plains (~6000m).
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Fig. 5.2 | Ocean acidification and bottom-water [CO3*]sw decrease. (a) Pre-industrial bottom-water [COs?

Isw, (b) current bottom-water [CO3%]sw, and (c) difference between pre-industrial and current bottom-water

[CO3%]sw (A[COs%]sw = current bottom-water [CO32Jsw — pre-industrial bottom-water [CO3%]sw), below 300

m. Uncertainties are indicated by the red outline on the color bar, corresponding to one standard deviation
of 16.9 umol kg for A[CO3%]sw.

Next, we need to estimate the position of the pre-industrial CCD to calculate the amount
of dissolution below this depth. As stated earlier, the CCD and snowline are coincident at oceanic
steady state. In addition, there is no evidence that the calcite snowline has, as yet, migrated
measurably due to anthropogenic dissolution (Boudreau et al., 2010a; Boudreau et al., 2015).
Therefore, we set the pre-industrial CCD to the current snowline depth that we estimate from the
CaCOs contents of sediments for each basin (see Materials and Methods). With these local pre-
industrial CCD values, the flux (F) of CaCOs at that depth, and corresponding grid point, can be
estimated (Boudreau et al., 2010b) and the dissolution rate below the CCD, set to the value of F,

mapped.
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We note that calcifying organisms exhibit various responses to elevated pCO2 conditions,
due to the influence of other climate-change related effects, such as the warming of waters that
counteracts acidification (Fukuda et al., 2014; Maugendre et al., 2017; Pinsonneault et al., 2012;
Wootton et al., 2008). In the absence of unequivocal evidence of an immediate increase or
decrease in the total calcification rate in the pelagic oceans, we assume that the flux of calcitic
particles reaching the CCD (F) has remained invariant since the pre-industrial era. This is
supported by what took place in similar acidification events in the geological record, such as the
Paleocene-Eocene Thermal Maximum, where no obvious plankton carbonate productivity
reduction is readily detectable (Gibbs et al., 2010). Thus, the “current” CCD was computed from
the fixed (known) F and the present-day [CO3s%]sw, and is represented in Fig. 5.1c.

Finally, the pre-industrial distribution of bottom-water [COs?]sw (Fig. 5.2a) is computed
using estimated pre-industrial, deep-ocean dissolved inorganic carbon (DIC) concentrations
(Lauvset et al., 2016) and the present-day total alkalinity (TA), that is assumed to have remained
invariant over the Anthropocene (see Materials and Methods). The current bottom-water [COz>
]sw is estimated from the DIC, normalized to the calendar year 2002 (Lauvset et al., 2016) — see
Fig. 5.2b. The anthropogenic decrease of bottom-water [CO3s*]sw is currently limited mostly to
the northern Atlantic Ocean and the Southern Ocean, where surface waters enter the deep-ocean
reservoir (Khatiwala et al., 2009). Accordingly, North Atlantic [COs%]sw has decreased from ~110
umol kgt to ~95 pmol kg™, whereas the North Pacific [COs*Jsw has remained approximately
constant at ~70 umol kg™*. The difference between the pre-industrial and current bottom-water
[COs*]swis illustrated in Fig. 5.2¢, which highlights areas of deep acidification in the northwestern

North Atlantic and Southern Ocean.

5.2 Results

With the above information, we calculated the distribution of both pre-industrial (Fig. 5.3a)
and current (Fig. 5.3b) calcite dissolution rates at the seafloor. In both figures, areas with low k*
values (Fig. 5.1a), such as the abyssal plains on each side of the North Atlantic mid-ocean ridge
or in the North Pacific are typified by low calcite dissolution rates, whereas sediments subject to
faster currents (larger g values) or rich in CaCOs (larger ks values) exhibit greater rates. The

difference between current and pre-industrial calcite dissolution rates, as plotted in Fig. 5.3c,

151



corresponds to the rate of anthropogenic calcite dissolution at the seafloor. The anthropogenic
dissolution is most pronounced and widespread in the northwestern Atlantic Ocean. There are also
areas of significant dissolution in the southern Atlantic and Indian Oceans, resulting from the
presence of tangible anthropogenic CO> in these deep waters (Rios et al., 2015; Lauvset et al.,
2016), and a consequent rise in the CSD. These prominent dissolution areas reflect the loci of
anthropogenic CO; introduction into the deep oceans (North Atlantic and the Antarctic margins)
and/or the presence of faster bottom currents (larger g values). In the “hot” area of the northwest
Atlantic, the anthropogenic component now accounts for 40-100% of the total dissolution rate.

r (molm2yrt)

r (molm2yr')

Ar (molm?2yr')

Fig. 5.3 | Geographic calcite dissolution rate distribution and anthropogenic impact. (a) Pre-industrial and
(b) current calcite dissolution rate (r) at the sediment-water interface, and (c) the difference between pre-
industrial and current calcite dissolution rate below 300 m (Ar = current r — pre-industrial r), i.e., the
anthropogenic CO-driven calcite dissolution rate. Hence, this excludes possible calcite dissolution on the
continental shelves, particularly in the North Pacific where the CCD shoals to less than 300 m.
Uncertainties are indicated by the red outline on the color bars, corresponding to the standard deviation,
equal to 0.05 mol m yr for r and to 0.07 mol m yr for Ar.

152



The seafloor area between the current and the pre-industrial CCD contains the calcitic
sediments subjected to the greatest increase in their dissolution rate. In this fringe of high-end
anthropogenic dissolution, the CaCO3 budget at the sediment-water interface switches from gain
(net accumulation) to deficit (net depletion) when the rising CCD becomes shallower than the
seafloor, causing the dissolution of falling calcitic particles before their burial in the sediment.
Figure 5.3c also suggests the existence of numerous small “hot spots” of dissolution in the Indian
and Pacific Oceans, corresponding to topographic highs or islands, e.g., Guam and Pitcairn Islands,
where the CCD has risen above the seafloor.

Because of anthropogenic CO, uptake by the oceans, both the saturation (CSD) and
compensation (CCD) depths should shoal, leading to dissolution of previously deposited carbonate
minerals (Archer et al., 1998), also known as chemical burndown. Figure 5.4 presents our
estimates of the upward displacements of the CSD and CCD to date for the Atlantic, plotted with
the regionally-averaged surface-sediment calcite content water-depth profiles (see Table 5.1 for
other basins). These results constitute strong signs of anthropogenic dissolution just below the
current (risen) CSD, illustrating dissolution of previously deposited calcite, in particular in the
North Atlantic where shoaling of the CSD and CCD is greatest.

5.3 Discussion

On average, we find that F, the flux of CaCOgz that must reach the CCD in order to explain
the observed CaCOs contents in surficial sediments (see Materials and Methods) is 0.17 £ 0.07
mol m2 yrl. This value is equivalent to CaCOj3 fluxes to the deep-ocean derived from previous
studies based on excess total alkalinity (TA") budgets (Berelson et al., 2007; Battaglia et al., 2016).
Integrating over the surface of the seafloor, we find a global calcite downward flux at the CCD of
54 + 17 x102 mol yr? (i.e., 0.7 £ 0.2 Gt C yr), and a current global seafloor CaCOj3 dissolution
flux of 32 + 12 x10'2 moles yr? of CaCOs (i.e., 0.4 = 0.1 Gt C yr!). Both of these values are
similar to and more precise than the observation-based estimates presented in Berelson et al.
(2007). Our global dissolution estimate represents only 22 + 8 % of the total estimated CaCO3
dissolution in the marine environment each year, i.e., 144 x10*2 mol yr?, or 1.7 Gt C yr! (Smith

and Mackenzie, 2016). The remainder of the dissolution occurs primarily in the water column
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and, possibly, after burial through metabolic dissolution or later diagenesis at shallow to mid

depths.
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Fig. 5.4 | Atlantic Ocean sediment calcite content profiles and calcite marker horizons. Calcite fraction in
dry sediments (Xcarcite), plus or minus one standard deviation, for the basins defined by the maps below the
plots. The number of measurements (n) comprised within each basin is also reported. The pre-industrial
Calcite Compensation Depth (CCD) and Saturation Depth (CSD) are represented with dashed horizontal
lines (on the left of each profile), whereas solid horizontal lines correspond to current values (on the right of
each profile). Both the CCD and CSD are reported along with their uncertainties.

As stated and justified earlier, we assumed that the calcite rain rate has remained invariant
since pre-industrial times. Although a decrease in the precipitation rate of calcite might be
expected under more acidic conditions (Doney et al., 2009), thus reducing the calcite export from
the surface ocean and the rain rate to deep-sea sediments, no such trend is clearly observed today
(Riebesell et al., 2009). Testing the sensitivity of the computed sediment dissolution rates (r) to a
reduction in the calcite downward flux (F), we find that when F is decreased by 10%, the global
dissolution rate increases by 2.5%. Likewise, when F is decreased by 20%, the global dissolution
rate increases by 3.1%. Thus, counterintuitively, if less calcite is currently delivered to the seafloor
than during the pre-industrial era, more calcite is being dissolved at the sediment-water interface

because a weaker F causes the CCD to fluctuate faster in response to changes in [CO3%]sw, as
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explained in Boudreau et al. (2010b), and in the case of the present acidification, to rise faster.
Sediments that were above the pre-industrial CCD and are now below the current CCD are subject
to the greatest dissolution rate increase, as can be seen when comparing Egs. 5.12-5.14 in the
Materials and Methods section. In other words, if F has remained constant, ~ 2% of the seafloor
is currently comprised between the pre-industrial and current CCD, but this fraction increases to

9.3% when F is reduced by 20% relative to its pre-industrial value.

Our results provide the first tangible indication that significant anthropogenic calcite
dissolution is currently occurring at the seafloor. This dissolution will eventually change the
CaCOs accumulation patterns and rates in the oceans, while mitigating runaway ocean
acidification. Any future model of oceanic acidification needs to reproduce our observations to
assure its validity. The consequences of this anthropogenic dissolution to the ecology of benthic
calcifiers has not been determined with certainty, but could be as substantial as it is for pelagic
calcifiers (Smith et al., 2012). Chemical burndown of previously deposited carbonate-rich
sediments has already begun and will intensify and spread over vast areas of the seafloor during
the next decades and centuries, thus altering the geological record of the deep sea. The deep-sea

benthic environment, which covers ~60% of our planet, has indeed entered the Anthropocene.

5.4 Materials and methods

9.4.1 Bottom-water chemistry

[COs%]sw were computed using the Matlab version of the CO2SYS program (Lewis and
Wallace, 1998; van Heuven et al., 2011), based on GLODAPv2.2016b 1°x1° global mapped
climatologies (Lauvset et al., 2016; Key et al., 2015) at the deepest resolved layers of the
GLODAPv2.2016b model (Fig. 5.5), assumed to be near the seafloor. The GLODAPv2.2016b
variables used for our computation are represented in Fig. 5.5 and include in situ bottom-water
TA, DIC, T, Sp, as well as soluble reactive phosphate ([SRP]) and dissolved inorganic silica ([DSi])
concentrations. Current [CO3?]sw were derived using GLODAPv2.2016b bottom-water DIC data
normalized to the year 2002 (Fig. 5.59), whereas pre-industrial [CO3s*]sw were computed using
the GLODAPv2.2016b bottom-water pre-industrial DIC data (Lauvset et al., 2016) (Fig. 5.5h).
For computational purposes, we assume that bottom-water TA has not changed since the end of
the pre-industrial period (ca. 1800 AD), in accordance with recent studies that predict an
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insignificant global mean deep-water TA anomaly (ATA ~ 2.5 umol kg* relative to the mean
concentration from 1950 to 1959) before ca. 2060 AD, although some changes might already be
detectable (during the 2010-2020 decade) in the deep North Atlantic (Carter et al., 2014). We
computed the TA flux generated by anthropogenic dissolution of CaCO3z sediments since the pre-
industrial times. Assuming that this TA mixes in the water column up to the permanent
thermocline, we found that it has resulted in a world-averaged TA increase of less than 0.1 umol
kg?, and of ~3 pmol kg above the hotspot of anthropogenic dissolution in the North-West
Atlantic; both values are at or below the current analytical uncertainty. [COs?J]eq Was estimated
from the equations presented in Boudreau et al., (2010b) using [Ca?*] computed from S, following
Riley and Tongudai (1967), the stoichiometric solubility product of calcite (Ksp ) (Mucci, 1983) at
in situ T and Sp and the pressure (P) derived from GEBCO bathymetry (Weatherall, 2015).

g) Current DIC . ) h) Pre-industrial DIC
(umol kg'") g ! (umol kg)

| | |, |
2,000 2080 2,160 2240 2320 2,400 2,000 2,080 2,160 2,240 2320 2,400

Fig. 5.5 | Bottom-water distribution of the GLODAPvZ2.2016b variables used in the computation of [CO3*
Jsw. (a) depth of the deepest resolved layer of GLODAPv2.2016b considered to be bottom waters, (b)
temperature (T), (c) practical salinity (Sy) , (d) total alkalinity (TA), (e) soluble reactive phosphate (SRP)
concentration, (f) dissolved inorganic silica (DSi) concentration, (g) current and (h) pre-industrial dissolved
inorganic carbon (DIC) concentrations.
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5.4.2 CaCOs distribution in deep-sea sediments

The data (Fig. 5.6a) on carbonate mineral sediment contents are comprised of 1.7 million
sites throughout the world’s ocean, extracted from the comprehensive database of seabed sediment
properties, dbSEABED (Jenkins, 1997). The original data are quality controlled and harmonized
(Goff et al., 2008) so that analytical results and descriptions can be combined into a statistically
homogeneous set of values. The sites are located geographically and by water depth. The surficial
0-10cm (occasionally 0-30cm) average values were used to compile the maps, a depth that takes

account of scales of seafloor-seawater contact, including the effects of erosion and bioturbation.
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Fig. 5.6 | (a) Global-scale CaCOQj3 content of surficial sediments and (b) sediment-side CO32 mass-transfer
coefficient computed using Eq. 5.10.

5.4.3 Water-side CO32 mass transfer coefficient ()

The diffusive boundary layer (DBL) thickness (ZpsL) at the air-sea interface is commonly
derived from wind-speed (Takahashi et al., 2002). In analogy, we describe a set of equations to
estimate the benthic Zps. and the CO3? water-side mass transfer coefficient (5) at in situ T and Se,
using the horizontal current speed (U) near the seafloor. In this study, we consider f to be
independent of pressure, as the pressure effect on the viscosity of seawater and on the diffusion
coefficients of ions in seawater is thought to be relatively small, i.e., at most 8% (Li and Gregory,
1974). We use an interpolated version of horizontal bottom-water current speeds at 1° x 1°
resolution from a higher resolution model (Fig. 5.7a). The bottom currents were inferred from an

inline computation of the annually averaged kinetic energy field of a nominally 1/25" degree
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global configuration of the HYbrid Coordinate Ocean Model (HYCOM). It accounts for
topographic internal lee wave drag, forced by air-sea fluxes and winds from reanalysis, but does
not include tides (Trossman et al., 2016). Neglecting tides is a source of uncertainty in this study,
and this should be examined in future research. Nevertheless, abyssal tidal velocities (typically
about 1 cm s) (Timko et al., 2013) are very likely to be smaller than non-tidal velocities over
most areas studied in this paper (Fig. 5.7a). For a discussion of the sensitivity of our dissolution
rate model to various initial kinetic energy distribution models, we refer the reader to the
supplementary information. Herein, for the sake of brevity, we refer to the current “speed” (a
scalar) as current “velocity” (a vector), although our model does not use or require any information
about the direction of the current. We assume: (a) that these current velocities, averaged over the
bottom 500 meters, are representative of the current velocities just above the bottom boundary
layer, i.e., portions of sediment and water column affected directly in the distribution of their
properties and processes by the presence of the sediment-water interface (SWI) (Boudreau and
Jorgensen, 2001), comprising, among others, the DBL, (b) that the seafloor is hydrodynamically
smooth, and (c) that there is no vertical density gradient, i.e., the bottom boundary layer is
unstratified.

Using the universal logarithmic velocity distribution, we then have:

tm () +c (5.4)

u

where z is the height above the bottom, « is the dimensionless von Karman constant (0.40) from
Monin and Yaglom (1971), v is the molecular kinematic viscosity of seawater at Sp = 35 and in
situ T, and C is an empirical dimensionless constant with a value of 5.1, taken from Monin and
Yaglom (1971).

The current velocity U at the upper edge of the bottom boundary layer is assumed to be

equal to the current velocity averaged over the bottom 500 meters and is then given by
u* ou” "
U= (7) +Cu (5.5)

where ¢ is the bottom boundary layer thickness.
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Fig. 5.7 | Diffusive boundary layer thickness as a function of the bottom-current velocity. (a) Current speed
resolved by the 1/25t degree HYCOM simulation, averaged over the final year of its run and over the
bottom 500 meters, (b) diffusive boundary layer thicknesses at the sediment-water interface and (c) water-
side COz* mass-transfer coefficient.

We further assume that 6 corresponds to the so-called Ekman scale height (Boudreau and
Jorgensen, 2001), reflecting classical Ekman dynamics, in which the height of the bottom

boundary layer is limited by the Earth’s rotation:

§="2 (5.6)

where f is the Coriolis parameter (set to 1x10* s). We consider a constant Sp of 35, due to the

small variations of this variable in oceanic bottom waters, as shown in Fig. 5.5c.

Combining equations 5 and 6, we obtain:

*2

_u_* Ku "
U—Kln(fv>+Cu (5.7)
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Fitting a power function that relates u* to U, for T = 2 °C, with R? > 0.999, we have that:
u* = 0.023U°8 (5.8)

This equation gives u* values that are notably similar to previously published empirical
relationships (Armi, 1997; Csanady, 1967), e.g., u*= U/ 30, as shown in Fig. 5.8a.
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Fig. 5.8 | Impact of temperature and current velocity on the water-side CO3?- mass-transfer coefficient and
the DBL thickness. (a) Shear velocity (u*) as a function of the current velocity (U) at the outer edge of the
bottom boundary layer, according to the equation derived in this study (in blue) and to the empirical
equation from Csanady (1967). (b) DBL thickness (zpst) as a function of the shear velocity(u®) for 5
different empirical models (Schink and Guinasso, 1977; Steinberger, 1999; Deissler, 1954; Shaw and
Hanratty, 1977; Wood and Petty, 1983) and comparison with observation-based DBL thicknesses from
Santschi et al. (1991). (c) Water-side CO32- mass-transfer coefficient (8) as a function of the current velocity
(U) at various temperatures. (d-f) Plots representing the entirety of the data on the seafloor, where each
black point represents one 1°x1° value. Each plot is associated with a histogram on each of its axes
showing the relative distribution of the data over the range observed at the seafloor.

The mass transfer coefficient, 5, can be found for the carbonate ion (CO3?) following
Schink and Guinasso (1977) and u* from Eqg. 5.8:
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B =0.0417u*Sc™%/3 (5.9

where Sc is the Schmidt coefficient for COs*, i.e., Sc = v/ Dip,2-atSp=35andinsituT, D 2-

is the COs* diffusion coefficient from Zeebe (2011). The geographical distribution of £ is
provided in Fig. 5.7c. It should be noted that /5 is dependent on the temperature (Fig. 5.8¢c) and, in
contrast to the deep sea where the temperature is relatively constant (Fig. 5.5b), significant
variations can be encountered in warmer environments such as on carbonate platforms. Although
studies such as Purkey and Johnson (2013) have shown that there might have been a measurable
change in bottom-water temperatures over the hydrographic period (late 1970’s to today),
accounting for it would have a very small impact on our results, given that these changes are

currently limited to a few tenths of °C (Purkey and Johnson, 2013).

Finally, we provide a 1° x 1° global model of the DBL thicknesses (ZpgL) at the SWI,
obtained by dividing D, =~ (at Sp = 35 and in situ T) by 4, in Fig. 5.7b. This model can be used

to estimate solute exchange at the SWI and is available upon request.

Note that other empirical laws estimating $ as function of Sc and u*, similarly to Eq. 5.9,
can be found in the literature (Schink and Guinasso, 1977; Steinberger, 1999; Deissler, 1954; Shaw
and Hanratty, 1977; Wood and Petty, 1983). In Fig. 5.8b, we provide a comparison of the DBL
thickness as a function of the shear velocity (u*) for T = 2°C and S, = 35 from various studies.
Fig. 5.7d-f shows the range of bottom-current velocities, shear velocities, DBL thicknesses and
CO3? mass transfer coefficients encountered at the seafloor. In addition, we represent in Fig. 5.8b
the DBL thicknesses observed in Santschi et al. (1991) based on the dissolution of Alabaster plates
deployed at the seafloor, as a function of the shear velocities from current-meter measurements or
skin friction probes - see Santschi et al. (1991).

5.4.4 Sediment-side CO32 mass transfer coefficient (ks)

Values for ks have been obtained from experiments on the dissolution of CaCO3 beds, as
reported in Sulpis et al. (2017) and Keir (1983). Based on Sulpis et al. (2017), whose results are
statistically similar to those from Keir (1983),
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ks = (326.9 £ 39.5 m a™) Xcalcite ° (5.10)

at 25 °C, where Xcarite is the calcite content in surficial sediments from the 1° x 1° distribution
model in Fig. 5.6a. The sediment-side mass-transfer coefficients were subsequently adjusted from
the laboratory temperature to the deep-seafloor temperature (T = 2°C) by assuming an activation
energy for calcite dissolution in seawater of 50 kJ mol™, following the arguments presented in
Boudreau (2013). The distribution of ks is shown in Fig. 5.6b.

We provide a comparison of in situ ks and £ in Fig. 5.9, where the blue end of the colorbar
represents a strongly water-side transport-controlled calcite dissolution reaction while the red end
stands for a strongly sediment-side controlled reaction. As it can be seen in Fig. 5.9, calcite
dissolution over most (72%) of the seafloor is water-side transport-controlled, except for areas
covered by calcite depleted sediments, where the reaction rate is limited by internal processes such
as porewater diffusion or processes occurring at the surface of the calcite grains, thus independent

of bottom-water hydrodynamics.
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Fig. 5.9 | Relative control from the sediment-side (ks) or water-side () mass-transfer coefficients on the
overall CO3* mass transfer coefficient (k*).
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Fig. 5.10 | Geographical boundaries of the 11 regions used to estimate the CCD from the calcite contents
of sediments (Xcarcite). The Southern Ocean, the Arctic Ocean, and all depths shallower than 300 m are not
included in our CCD estimates.
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5.4.5 Calcite compensation depth (CCD) and calcite rain rate at the CCD (F)

The calcite content data in surficial sediments (Xcacite) from the dbSEABED database were
used to estimate the CCD in each basin, as defined in Fig. 5.10, excluding the Arctic and Southern
Oceans (below 60 °S) as well as continental shelves and near-shore areas. As mentioned in the
introduction, the CCD is operationally defined as the depth where the CaCO3 content falls below
10%. Thus, for each basin, we selected the data points for which Xcaicite is equal to 0.10 £ 0.03 (or
10 + 3%) and computed the arithmetic average of the seafloor depths associated with these
measurements. These depths constitute our CCD estimates for each basin and are assumed to be
representative of pre-industrial conditions. The CCD for each basin is reported along with the

associated uncertainty and number of measurement used in Table 5.1.

At the CCD, by definition, the calcite sinking rate is equal to its dissolution rate. Thus, the
calcite downward flux at the CCD level (F) was computed from the estimated pre-industrial CCD
and GLODAPv2.2016b data, per:

F =2 exp(CCD ;—9) ~k[co* ) (5.11)

p*
[ca?]

where pc Is a characteristic pressure (Boudreau et al., 2010b) set to 511 atm, p is the mean density

of seawater, g is the mean gravitational acceleration on Earth and [6032‘];; is the pre-industrial

bottom-water COs?" concentration.
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5.4.6 Calcite dissolution rate calculation

For pre-industrial conditions, the dissolution rate at the seafloor between the CSD and the

CCD is given by
=k ([C03* ]eq — [€O5* ]sw) (5.12)

which is Eq. 5.2 of the text. For the seafloor located below the CCD, all CaCOz3 arriving at the

seafloor (F) dissolves, i.e.,
r=F (5.13)
and these two latter equations account for all the benthic dissolution.

With added anthropogenic dissolution, Eq. 5.12 still accounts for dissolution between the
CSD and the CCD, both of which may now have been migrated upward, and Eq. 5.13 still accounts
for dissolution below the snowline, which remained in place. To account for dissolution between
the snowline and the CCD, which have now separated as a result of anthropogenic CO2 intrusion
in the deep ocean, all CaCO3 settling between these depths now dissolves at the seafloor (and in
the water column). In addition, previously deposited CaCOz will dissolve as well. We account

for these two sources by setting
r=F+Kk([C03* ]oq — [CO3" Isw) (5.14)

This assumes that dissolution has not been sufficient to deplete CaCOs in the sediment.

5.4.7 Statistical treatment

Standard deviations for GLODAPV2 variables (Fig. 5.5) were computed as the sum of the
observational errors reported in Olsen et al. (2016) and the mapping interpolation errors from
Lauvset et al. (2016). The standard deviation on the average CCD values are reported along with
the number of measurements used for each estimate. Standard deviations for [CO3%]sw, A[CO3*
]sw, 1, Ar and F were computed following the standard rules of error propagation, as described in
Table 5.2. Because r was computed using either Eg. 5.12, Eq. 5.13 or Eq. 5.14, depending on the
position of the sediment relative to the pre-industrial and current CCDs, or was computed using

three different equations, reported in Table 5.2. No uncertainty was considered for r (i.c., or was
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set to zero) at locations where calcite dissolution is thermodynamically impossible, i.e., when
([CO32-]5W + O-[Cosz_]SW) > [CO32-]GQ'

Table 5.1 | Regional averages of pre-industrial and current calcite marker horizons and dissolution rates.
Pre-industrial CCD (calcite compensation depth) estimated from carbonate content of surficial sediments,
current CCD, pre-industrial and current CSD (calcite saturation depth) computed from GLODAPv2.2016b
data, regional averages of the calcite dissolution rate (mol m-2 yr') and global rates (x10'2 mol yr1). Also
reported are the standard deviations associated with each horizon and the number (n) of data points from
the dbSEABED database used to derive pre-industrial CCD from the calcite contents of the sediments.

Pre-industrial values (ca. 1800 AD)

Current values (2002 AD)

CCD CsD r global r CCD CcsD r global r
(m) (m) (mol (x102 mol (m) (m) (mol (x10"2mol
m2yrt!)  yri) m2yr!)  yri)

North West Atlantic 5402 4866 0.02 0.1 5086 4524 0.05 0.3

+346 (n=2¢6) =180 +0.03 0.2 +185 + 206 +0.03 +0.2
North East Atlantic 5402 4756 0.02 0.1 5253 4592 0.02 0.1

+ 441 (n=7) +174 +0.02 +0.1 +178 + 203 +0.02 +0.1
Western Equatorial 4896 4187 0.06 0.3 4767 4040 0.07 0.3
Atlantic + 363 (n=9) + 234 +0.03 0.2 +215 + 248 +0.03 +0.2
Eastern Equatorial 5926 4542 0.03 0.2 5853 44446 0.03 0.2
Atlantic + 155 (n=8) + 205 +0.03 0.2 161 +212 +0.03 +0.2
South West Atlantic 4407 3573 0.05 0.7 4180 3288 0.07 1.0

+569 (n=15) 299 +0.02 +0.3 + 280 + 334 +0.02 +0.3
South East 4491 3834 0.08 0.9 4358 3667 0.10 1.1
Atlantic + 475 (n=9) + 269 +0.05 +0.6 + 251 + 287 +0.05 +0.6
North 4422 2910 0.09 3.2 4386 2861 0.09 3.2
Pacific +990 (h=24) +388 +0.06 22 + 293 + 395 +0.06 +22
Western Equatorial 4671 3101 0.14 3.1 44641 3054 0.14 3.1
Pacific +400 (n=19) =360 +0.05 1.0 + 269 + 366 +0.05 +1.0
Central Equatorial 4432 3178 0.19 3.2 4412 3152 0.20 3.3
Pacific +386 (n=18) +349 +0.06 1.0 +276 + 353 +0.06 +1.0
Eastern Equatorial 3895 2781 0.09 0.7 3876 2756 0.09 0.7
Pacific +377 (h=10) *408 +0.04 +0.3 + 331 +412 +0.04 +0.3
South West Pacific 4320 3232 0.11 4.2 4239 3105 0.12 4.6

+308 (n=32) +341 +0.06 22 + 287 + 359 +0.06 +22
South East Pacific 4036 3114 0.08 1.5 3967 3032 0.09 1.7

+ 195 (n=9) + 359 +0.05 +0.9 + 308 + 370 +0.05 +0.9
Philippine Basin 4077 2864 0.10 0.5 4047 2825 0.10 0.5

+312 (n=7) + 395 +0.07 +0.3 +316 + 401 +0.07 +0.3
Western Indian Ocean 4765 3459 0.12 1.6 4747 3414 0.13 1.7

+ 300 (n=6) +312 +0.04 +0.5 + 245 +318 +0.04 +0.5
Central Indian Ocean 4439 3490 0.10 0.9 4403 3445 0.1 1.0

* 674 (n=6) + 309 +0.06 0.6 + 261 +315 +0.06 +0.6
Eastern Indian Ocean 5214 3458 0.16 25 5134 3344 0.19 2.9

+ 346 (n=7) +313 +0.04 0.7 231 +328 +0.04 +0.7
Southern Indian 4344 3473 0.07 1.4 4130 3212 0.10 2.0
Ocean + 533 (n=8) +312 +0.05 +0.9 + 288 + 345 +0.05 +0.9
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Table 5.2 | Equations used for the computation of standard deviations. This table reports the formulas used
to compute the standard deviation associated with each computed variable. For r, the standard deviation
was derived using either equations a, b or ¢ reported in this table, depending on the equation used to
define r, Eqgs. 5.12, 5.13 and 5.14, respectively.

Variable Standard deviation
N -\ 2 2
K CCDpg /g oK. oS
F o sp ( CCng) < sp > < p) 5
or =k e Pc —| +|—=—) +0p.2-
i <[Ca2+]> Pc Kgp Sy [CO3" Isw
a O-T - O'F

o 2—1 2[ (0Ksp" 2 oSp 2 5
b. 0p = [CO3" ]eq Ksp' + Sy t 01c0,* 5w

_ 2 4 (k92| 1c0.% 2 ( (oK) a5p)” 2
c. op= |op?+ (k*)?|[CO5" ]eq Kep" + S, t 01c0,* 5w

— 2 2
Ar Opr = \/chrrentr + Opreindustrial r

— 2 2
[COs*]sw I1cos*Jsw =V Ira” F Obic

2- — 2 2
A[CO5]sw Oalcos* |sw = \/o—current [CO3% |sw + O preindustrial [CO32 |sw

5.5 Supplementary information

9.5.1 Current speed sensitivity

The bottom-ocean velocity field is generally poorly constrained. Significant qualitative
and quantitative variations exist across various model output products, e.g., compare the
dissipation rates that are proportional to bottom kinetic energy in Figs. 9b and 9c of Arbic et al.
(2009), and resolutions, e.g., compare Figs. 2a and 2c of Thoppil et al. (2011). To get a sense of
the sensitivity of the beta parameter () and dissolution rates to different bottom speed products,
we compared the results obtained from the bottom kinetic energy field of a 1/25" degree global
configuration of HYCOM, accounting for topographic internal lee-wave drag, with those obtained
using a kinetic energy dataset from the same model without the “wave drag” effect, i.e., Fig. 3d
and 3b of Trossman et al. (2016), respectively. Here, internal lee-wave drag represents the

interaction between the bottom flows and the underlying topography that are not simply due to
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bottom friction. This drag is a momentum sink associated with internal lee-wave generation that
arises from geostrophic flow impinging upon rough topography and topographic blocking. The
results from this comparison are shown in Fig. 5.11. Whereas the world-averaged bottom kinetic
energy increases from 0.0066 m? s using a model taking into account the wave-drag effect to
0.0171 m? s for a model neglecting this effect (i.e., a 2.6 folds increase), the resulting carbonate
ion mass-transfer coefficient () and calcite dissolution rate (r) are only moderately affected, as
they rise from geometrically world-averaged values of #=14 m yrtand r =0.10 mol m2yrtto g
=20 myrtand r=0.13 mol m?2 yr?, respectively (a ~40 and 30% increase, respectively). Thus,
our dissolution model, although impacted by the uncertainty in the current speed dataset, tends to
attenuate these discrepancies. As shown in Fig. 5.11, our results are not qualitatively affected by
the initial bottom kinetic-model choice, as the loci of accelerated anthropogenically-driven
dissolution are invariant whether or not the wave-drag effect is included in the initial kinetic energy

model.

B (myr)

r (molm2yr')

Ar (molm?2yr')

Fig. 5.11 | Sensitivity of the dissolution rate model to two different initial kinetic energy distribution models.
Impact of the “wave drag” effect on (a) the water-side CO32- mass-transfer coefficient (B), (b) the current
calcite dissolution rates at the sediment-water interface (r), and (c) the difference between pre-industrial

and current calcite dissolution rates below 300 m (Ar = current r — pre-industrial r). Uncertainties are
indicated by the red outline on the color bars, corresponding to one standard deviation, equal to 0.05 mol
m2 yrfor r and to 0.07 mol m=2 yrfor Ar.
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Fig. 5.12 | Bottom-water [COs?] and calcite dissolution rates estimated from an alternate DIC dataset from
Khatiwala et al. (2009). The panels on the left depict (a) pre-industrial bottom-water [CO3%]sw, (b) current
bottom-water [CO32]sw and (c) difference between pre-industrial and current bottom-water [CO32 Jsw
(A[COs%]sw = current bottom-water [CO3%]sw minus pre-industrial bottom-water [CO3%]sw), below 300 m.
The panels on the right represent (d) pre-industrial, (e) current calcite dissolution rates (r) at the sediment-
water interface, and (f) the difference between pre-industrial and current calcite dissolution rates below 300
m (Ar = current r minus pre-industrial r), i.e., the anthropogenic CO2-driven calcite dissolution rate.
Uncertainties are indicated by the red outline on the color bars, corresponding to one standard deviation,
equal to 16.9 umol kg-* for A[CO3%[sw, to 0.056 mol m yr for r and to 0.07 mol m yr for Ar.

We chose two different bottom current-speed products because it is necessary to put an
upper limit on the sensitivity of the dissolution rate changes over time. We focus on the
relationship between bottom current-speed changes under a “climate change scenario” and the
difference between the two bottom-current speed products used for this sensitivity analysis (i.e.,
with and without wave drag, see Fig. 5.11). We posit that a comparison of their spatial patterns
and magnitudes can inform us about the level of uncertainty in our dissolution rate change
estimates. The focus here is on differences between each bottom current speed product because a
bias that is consistent over time and space would approximately cancel out when considering its
contribution to the changes in dissolution rates. The difference between the bottom current-speed

products used here is larger than the simulated bottom current-speed change in climate change
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simulations over time (see Fig. 3e of Melet et al. (2015)) and at similar locations (namely, the
Southern Ocean and the North Atlantic Ocean). This suggests that our estimates, based on the two
bottom current speed products (with and without wave drag), can be used as an upper limit on the
uncertainty of our dissolution rate change estimates.

5.5.2 Anthropogenic CO. dataset

We have tested the sensitivity of our dissolution rates to the choice of the DIC dataset.
Resolving or understanding the differences between various DIC datasets is beyond the scope of
this paper, but we provide a comparison of the results described in the main text of this study,
using the DIC dataset from Lauvset et al. (2016), with results obtained based on another DIC
dataset from Khatiwala et al. (2009). Both datasets comprise DIC values for the present day, as
well as pre-industrial DIC, allowing us to compute and compare A{CO3z>Jsw and Ar. First, we note
that [COs*]sw values computed with DIC from Lauvset et al. (2016), represented in Fig. 5.2a-b,
are slightly lower than those derived with DIC from Khatiwala et al. (2009), in Fig. 5.12a-b. These
differences are, however, not significant since they are within the error bars. A[CO3%]sw from Fig.
5.2¢, using the DIC from Lauvset et al. (2016), reveals an anthropogenic [CO3s*]sw decrease of 4-
8 umol kg* in most of the bottom waters of the Atlantic and near the Southern Ocean, and the
presence of a small anthropogenic signal in most of the bottom waters in the Pacific. On the other
hand, A[COs%]sw from Fig. 5.12c, based on the alternative DIC dataset from Khatiwala et al.
(2009), shows an anthropogenic decrease in bottom [CO3z?]sw limited to shallow waters, along the
Atlantic mid-ocean ridge and in the North Atlantic, while in most bottom waters, including those
of the Indian and Pacific Oceans, no anthropogenic DIC seems to have been accumulated since

the end of the pre-industrial era.

To examine in further detail the differences between these two datasets, we have plotted
depth profiles showing the anthropogenic DIC concentration along the 170°W meridian, between
0 and 60°S, for both datasets, along with a depth profile showing the bottom-water CFC-11
concentration along the same section. CFC-11 is a non-reactive anthropogenic trace gas frequently
used as an ocean tracer. CFC-11 emission to the atmosphere was virtually nonexistent before the
end of World-War 11, much later than that of anthropogenic CO2 (~1950 vs ~1880). There are

certainly differences in air-sea equilibration times and solubility, but in general, anywhere CFC-
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11 is found in bottom waters there should be anthropogenic DIC as well. As it can be seen in Fig.
5.13, both DIC datasets show a northward progression of anthropogenic DIC in the bottom waters,
but the magnitude of that increase varies. In both cases, the patterns of the anthropogenic DIC
distribution fit those of the CFC-11, also showing a clear northward progression through the
bottom waters. In addition, the dataset of Khatiwala et al. (2009), that simulates anthropogenic
DIC penetration from 1765 AD to 2011 AD, displays an anthropogenic DIC concentration of
strictly zero for a large portion of the transect (between 2000 and 4000 m-depth, 40 and 0°S),
whereas some CFC-11 is found in that area for the year 2009 AD. Anthropogenic DIC from
Lauvset et al. (2016) is generally higher, and present in concentrations above zero in the entire
depth profile, which is closer to the CFC-11 data. These observations support the assumption that
the anthropogenic DIC dataset from Lauvset et al. (2016) is arguably more accurate than the dataset

from Khatiwala et al. (2009) for the purposes of the present study.
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Fig. 5.13 | Anthropogenic tracers penetration in the ocean bottom waters. Concentration profiles along the
170°W meridian, in the southern hemisphere and below 1000m, of (a) anthropogenic DIC from Khatiwala
et al. (2009), (b) anthropogenic DIC from Lauvset et al. (2016) and (¢) CFC-11 (note that 2 different contour
intervals are used, 0.05 and 0.01 for low concentration areas). The solid red lines in the left panels
represent the anthropogenic DIC detection limit that we set to 4 umol kg-', below which an anthropogenic
DIC addition would not be considered significant, and the red dashed lines delimit the areas where no
anthropogenic DIC is found, i.e., its estimated concentration is strictly zero.

Comparing Fig. 5.3c with Fig. 5.12f, it can be seen that the loci of anthropogenic
dissolution are unaffected by the choice of the anthropogenic DIC dataset, with a major

anthropogenic dissolution flux observed in the North Atlantic, and the presence of several
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dissolution hot spots in the most southern latitudes. Although Ar from Khatiwala et al. (2009) is
generally smaller than from Lauvset et al. (2016) and falls for the greater part within the error bars,
as shown in Fig. 5.12f, some Ar values remain significant, such as the anthropogenic dissolution
hotspots in the North and South Atlantic and in the Pacific. In addition, the CCD in the North
West Atlantic rises from 5402 + 346 m for the pre-industrial to 5086 + 185 m for today when
anthropogenic DIC from Lauvset et al. (2016) is used, compared to a rise to 5127 + 183 m using
Khatiwala et al. (2009). These results are statistically identical. Thus, although the magnitudes of
the dissolution rates are impacted by the initial choice of the DIC dataset, our results and
conclusions are not. There is a clear indication for current anthropogenic dissolution of CaCO3 at

the seafloor and a shoaling of CaCOz marker horizons in the water column.
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Preface to Chapter 6

We have seen in Chapters 2-4 that, over most of the seafloor, calcite dissolution at the sediment-
water interface is controlled by the presence of a diffusive-boundary layer above the sediment
bed. In Chapter 5, we showed that it is possible to derive the rate of calcite dissolution at the
seafloor if the bottom-water chemistry and currents are known. We have also shown that
anthropogenic ocean acidification has progressed enough to generate significant dissolution
fluxes in various areas of the ocean floor. Here, we go further and compute calcite dissolution
through the 21% century if all the variables influencing dissolution are allowed to fluctuate in
response to climate change.

Results from a range of Earth System and climate models of various resolution, run under high-
CO; emission scenarios, challenge the paradigm that seafloor CaCOs3 dissolution will grow in
extent and intensify as ocean acidification persists. Under the “business as usual” RCP8.5
scenario, we find that while CaCOg dissolution will increase over the 21% century in some areas
of the deep ocean, such as the eastern central Pacific Ocean, it is projected to decrease in the
Northern Pacific and abyssal Atlantic Ocean. The decrease is due to a reduced CaCOs delivery to
the seafloor as well as a slower bottom-water circulation. The latter leads to thicker diffusive
boundary layers above the sediment bed and a consequent stronger kinetic barrier to the
dissolution reaction. These results indicate that the neutralization of human-made CO- by calcite
dissolution at the seafloor may take longer than previously thought.
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Abstract

Results from a range of Earth System and climate models of various resolution run under
high-CO- emission scenarios challenge the paradigm that seafloor CaCO3 dissolution will grow in
extent and intensify as ocean acidification persists. Under the “business as usual” RCP8.5
scenario, we find that while CaCQOg dissolution will increase over the 21% century in some areas of
the deep ocean, such as the eastern central Pacific Ocean, it is projected to decrease in the Northern
Pacific and abyssal Atlantic Ocean. The decrease is due to reduced CaCOs delivery to the seafloor
as well as slower bottom-water circulation. The latter leads to thicker diffusive boundary layers
above the sediment bed and a consequent stronger kinetic barrier to the dissolution reaction.
Although a projected weakening of bottom currents is consistent over most of the seafloor into the
21%t century, irrespective of the model, strong discrepancies exist in the magnitude of predicted
bottom-current speeds. We find that contemporary bottom-current speeds predicted by most

models consistently underestimate observations from current meters, and that the discrepancy
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between models and observations narrows as the model resolution increases. The poor
performance of most models in reproducing bottom velocities, as well as the large disparities
across predicted bottom-water chemical variables, reduce our ability to estimate the magnitude
and temporal evolution of anthropogenic CaCOs dissolution rates and the accompanying

anthropogenic carbon dioxide neutralization.

6.1 Introduction

Anthropogenic carbon dioxide (CO2) has been accumulating in the atmosphere since the
beginning of the industrial era and, according to projections of future emissions, will continue to
do so well beyond the end of this century (Collins et al., 2013; Meinshausen et al., 2011). The
atmospheric CO2 concentration was ~280 parts per million (ppm) in 1750 (Joos and Spahni, 2008),
reached 405 ppm in 2017 (Dlugokencky and Tans, 2018), and may exceed 1000 ppm by 2100
according to the “business as usual” Representative Concentration Pathway 8.5 (RCP8.5, van
Vuuren et al. (2011)), a high-COz emission scenario in which no specific climate mitigation action
is taken (Riahi et al., 2011). Each year about 25% of the anthropogenic carbon emitted into the
atmosphere is absorbed by the ocean (Le Quéré et al., 2018). The absorption of CO> in seawater
leads to a measurable pH decrease which, in turn, reduces the carbonate ion (CO3?) concentration
and lowers the saturation state of seawater with respect to calcium carbonate minerals (CaCOs,
e.g., calcite or aragonite), favouring their dissolution and impeding their precipitation (Mackenzie
and Andersson, 2013). These conditions are expected to intensify over the next centuries (Caldeira
and Wickett, 2003; Orr et al., 2005). Recent research highlighted the exceptional nature and rate
of the present acidification, showing that the rate of anthropogenic carbon release is higher than
during any other comparable event over at least the past 66 million years (Zeebe et al., 2016). It is
critical that scientists and policy makers obtain accurate estimates of the timescales over which

marine ecosystems will be impacted by this anthropogenic acidification.

Two hypothetical pathways can be considered for the evolution of ocean acidification in a
high-CO. world. In a poorly chemically-buffered ocean, CO, accumulation and the resulting
seawater-pH decline are rapid, leading to runaway ocean acidification. In contrast, a well-buffered
ocean can slow down the pH change through negative feedback mechanisms, whose kinetics then

control the ocean recovery time towards its pre-acidification state once anthropogenic CO>
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emissions are curbed. One of these feedback mechanisms, the dissolution of marine CaCOs3
minerals, is thought to be the major sink for anthropogenic CO2 on the time scale of decades to
millennia (Archer et al., 2009; Ridgwell and Hargreaves, 2007) and is described by the overall

reaction:

CaCO; + CO, + H,0 < 2HCO;™ + Ca** (6.1)

CaCOs-rich (> 30 % of the sediment dry weight) sediments cover a third of the seafloor
(Dutkiewicz et al., 2015; Morse and Mackenzie, 1990). The distribution and CaCO3 content of
sediment are a function of the CaCO3 production and export from the surface ocean, dilution of
sedimentary CaCOz by authigenic and siliciclastic materials, and, most importantly, the saturation

state of overlying waters with respect to CaCOs. The latter is defined as:

0 [ca®]y, [(iog']sw (6.2)
Ksp

where the square brackets indicate total concentrations in seawater in mol kg and Kg* is the
stoichiometric solubility constant of the mineral of interest (mol? kg2) at in situ temperature,
pressure, and salinity (Millero, 1995; Mucci, 1983). If Q is lower than 1, seawater is undersaturated
with respect to the CaCOs phase of interest (e.g., calcite or aragonite) and the latter should dissolve
if present. Although biogenic aragonite, calcite, and magnesian calcites dominate in the marine
environment, only calcite and low magnesian-calcite phases (MgCOz < 4 % by mole) persist in
deep-sea sediments (Morse et al., 2007). As ocean acidification intensifies, the area of the seafloor
covered by undersaturated waters will increase, and more dissolution of CaCO3 minerals at the
seafloor is expected (Archer et al., 2009; Ridgwell and Hargreaves, 2007; Boudreau et al., 2010a;
Alexander et al., 2015). It is this additional dissolution that neutralizes excess CO- and allows the

ocean to return to its pre-acidification state within a few thousand years (Ciais et al. 2013).

Currently, 55 % of the anthropogenic CO: in the ocean is stored in the top 100 m of the
water column, while the deep-ocean reservoir (i.e., below 1000 m), which represents 76% of the
ocean volume, contains only 4% of the anthropogenic CO; (from the data of Khatiwala et al.
(2009)). As CO, emissions continue over the 21% century, additional anthropogenic CO2 will be
transferred from the surface to the deep ocean, reducing the anthropogenic CO- gradient between

the shallow and abyssal reservoirs. While most research to date has focused on quantifying
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anthropogenic CO; invasion in the framework of global carbon budget considerations (e.g.,
Anderson et al., 1998; Khatiwala et al., 2009) or across targeted surface/intermediate waters (e.g.,
Bates et al., 2012; Carter et al., 2017), the penetration of anthropogenic CO. at the bottom of the
ocean and its impact on the pH has not been extensively studied or monitored. An accurate
characterization of bottom chemistry and ocean currents is needed to assess the response of
carbonate-rich sediments at the seafloor to anthropogenic acidification. The presence of
anthropogenic CO- has been reported in measurable amounts (i.e., > 4 pmol kg™) in the bottom
waters of the Atlantic (Chen, 1982; Kdortzinger et al., 1998; Lauvset et al., 2016; McNeil et al.,
2003; Perez et al., 2018; Wanninkhof et al., 2013; Woosley et al., 2016), Pacific (Sabine et al.,
2002), Arctic (Vazquez-Rodriguez et al., 2009) and Southern (Chen, 1982; Lauvset et al., 2016)
Oceans. Although the presence of anthropogenic CO- in bottom waters at various locations is now
established, no prediction of future bottom-water acidification is presently available.

In a recent study, Sulpis et al. (2018) showed that anthropogenic bottom-water acidification
is now sufficiently advanced to generate significant sedimentary calcite dissolution fluxes in the
north-western Atlantic and in the southern extents of the Atlantic, Pacific and Indian Oceans. Here,
we use a range of Earth System and climate models to test the paradigm that seafloor calcite
dissolution will grow in extent and intensify as acidification persists. To do so, we estimate how
global anthropogenic dissolution fluxes at the seafloor will evolve between 2006 and 2100.
Subsequently, we test the dependency of benthic dissolution rates to various variables, such as the
temperature and current velocities. Finally, we discuss the need for specific observational

constraints for model parameterizations.

6.2 Models

Seawater chemical variables spanning the period 2006 to 2100 were extracted from the
RCP8.5 simulations of three different models from the Coupled Model Intercomparison Project
Phase 5 (CMIP5): the Global Coupled Climate-Carbon Earth System Model ESM2M (Dunne et
al., 2012; Dunne et al., 2013) developed at the Geophysical Fluid Dynamics Laboratory (GFDL),
the IPSL-CM5A Medium Resolution Earth System Model (Dufresne et al., 2013) developed at the
Institut Pierre Simon Laplace (IPSL), and the Hadley Global Environment Model 2 — Carbon Cycle
(HadGEMZ2) (Bellouin et al., 2007; Collins et al., 2011) developed at the UK Met Office Hadley
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Centre. Although numerous other CMIP5 models exist, we chose to limit our analysis to these
three CMIP5 models for consistency, as they are the only CMIP5 models for which all the bottom-
water variables of interest in this study were available. We used annual averages of total alkalinity
(TA), dissolved inorganic carbon (DIC), in situ temperature (T), practical salinity (S), dissolved
inorganic silica concentration ([dSi]), soluble reactive phosphate concentration ([SRP]), sinking
calcite flux (F), and seawater velocity (U). We note however, that the variable [SRP] was not
available for the HADGEM2C-CC simulation and set to 2 pmol kg™ (Olsen et al., 2016). All model
output were horizontally re-gridded onto the 1° x 1° grid of the World Ocean Atlas. For each grid
cell, the deepest layer level of the model was considered to be representative of bottom waters. For
each model, the bottom-water carbonate ion concentration ([COs%]sw) was computed using the
MATLAB version of the CO2SYS program (Pierrot et al., 2006; van Heuven et al., 2011), based
on bottom-water TA, DIC, T, S, [dSi] and [SRP], using the carbonic acid dissociation constants
(K*¢ and K*;) from Lueker et al. (2000) and the HSO4 dissociation constant from Dickson (1990),
while we kept track of error propagation (Orr et al., 2018). In situ temperature and seawater density
were computed using the MATLAB version of the GSW Oceanographic Toolbox (McDougall and
Barker, 2011). Fig. 6.1a-g shows the bottom water distribution of T, S, DIC, TA, [SRP], [dSi] and
[CO3%]sw from the CMIP5 model mean, averaged over the last 30 years of the RCP8.5 simulation
(2071-2100).

6.3 Methods

As the salinity of the deep-ocean is nearly invariant and the seawater calcium concentration
([Ca**]sw) is practically conservative (i.e., [Ca?"]sw = f(S)), the saturation state of the deep-ocean
water column with respect to calcite (Qc, see Eq. 6.2) can simply be represented by [COs*
Jsw/[CO3%Teq, Where [COs%]eq is the seawater carbonate ion concentration at equilibrium with
calcite. [CO3%]eq (Fig. 6.1h) was estimated from the equations presented in Boudreau et al.
(2010b), using [Ca?*] computed from S following Riley and Tongudai (1967) and the calcite
stoichiometric solubility constant (Ks,") at in situ T, S (Mucci, 1983) and pressure (P; Millero,
1995).
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Fig 6.1 | Modelled bottom-water (a) temperature (T), (b) practical salinity (S), (c) dissolved inorganic carbon
concentration (DIC), (d) total alkalinity (TA), (e) soluble reactive phosphate concentration ([SRP]), (f)
dissolved inorganic silica concentration ([dSi]), (g) carbonate ion concentration ([CO3%[sw), (h) carbonate
fon concentration in equilibrium with calcite ([CO32Jeq), (i) calcite flux reaching the seafloor (F) and (j)
bottom-current speed (U) averaged over the last 30 years (2071-2100) of the CMIP5 model mean under
RCP8.5.

The depth below which seawater becomes undersaturated with respect to calcite (i.e., Qc
<1 or [COs*]sw < [CO3?Teq), is referred to as the calcite saturation depth (CSD). For each model,
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the CSD was computed for each year from 2006 to 2100 using seawater density, [Ca®*]sw, [CO3*
Jsw, Ksp™ and the equations of Boudreau et al. (2010b). Below the CSD, seawater is undersaturated
with respect to calcite and dissolution should occur at a rate determined by the slowest step of the
overall reaction, according to classical chemical kinetics theory (Morse and Arvidson, 2002;
Naviaux et al., 2019). In the case of calcite dissolution at the seafloor, the slowest step or “kinetic
barrier” controlling the rate of the reaction, is either diffusion through a diffusive boundary layer
(DBL; Schlichting (1979)) at the sediment-water interface, whose thickness increases with
decreasing bottom-current speed (Boudreau and Jergensen, 2001; Dade, 1993; Steinberger and
Hondzo, 1999), or processes within the sediment, such as molecular diffusion through the
porewaters or reactions at the surface of the mineral grains (Boudreau, 2013; Boudreau and
Guinasso, 1982; Sulpis et al., 2017). In the first case, the dissolution reaction is said to be “water-
side transport-controlled” and is strongly dependent on the current speed (U) of the overlying
waters. Fast bottom currents flatten the DBL and reduce the time necessary for reactants and
reaction products to cross the DBL, enhancing the dissolution rate. Conversely, slow bottom
currents thicken the DBL and impede the dissolution reaction. When processes within the sediment
control the dissolution rate, the reaction is termed “sediment-side controlled” and is independent
of the current speed. Currently, calcite dissolution is water-side transport controlled over most of
the seafloor, but switches to sediment-side control in areas where sediments are calcite-poor
(Boudreau, 2013; Sulpis et al., 2018). Under this formalism, the dissolution rate is expressed as
the product of an overall mass transfer coefficient and a concentration gradient, i.e., the deficit in

CO3? that drives the dissolution reaction.
where k* is the COz> overall mass transfer coefficient (m al), i.e.,

k* = (ksp)(ks + )" (64)

where ks is the sediment-side CO3?” mass transfer coefficient (m a) and g is the water-side (DBL)

CO3? mass transfer coefficient (m a?).

The Calcite Compensation Depth (CCD) is the depth at which the calcite dissolution rate
at the sediment-water interface equals the sinking flux of calcite delivered to the seafloor, referred

to as the rain rate (F; Bramlette, 1961; Edmond, 1974). At steady state (e.g., pre-industrial
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conditions), sediments are calcite-free below the CCD. Since the beginning of the industrial
revolution, as anthropogenic CO- spreads through the deep oceans, the oceans are no longer at a
steady state, and both the CCD and CSD have been shoaling (Boudreau et al., 2010a; Feely et al.,
2002; Sulpis et al., 2018). As the CCD shoals, calcitic particles reaching sediments between the
rising CCD and the pre-industrial CCD dissolve completely at the sediment-water interface, but
the underlying sediments, although now sitting below the CCD, will not become calcite-free for
several tens of thousands of years, far beyond the time scale over which this study is focusing
(Boudreau and Luo, 2017). Below the CCD, calcite does not accumulate in sediments because F

is compensated entirely by dissolution. Thus, below the CCD:
r=F. (6.5)

For sediments between the pre-industrial CCD and the rising CCD, the net dissolution rate is given
by the sum of the carbonate rain rate and the dissolution rate of sediments previously deposited or
the sum of Eqgs. 6.3 and 6.5:

r=F+ k' (IC03],, - ICO" Iy, ) (6.6)

Above the contemporary CCD, the rate is computed using Eq. 6.3. Here, we use the pre-industrial
CCD values from Sulpis et al. (2018), that are based on measured CaCOs3 sediment contents, and
initially set the 2006 CCD values to the present-day CCD values computed by Sulpis et al. (2018).
For each CMIP5 model, the CCD is subsequently allowed to fluctuate freely throughout the 21
century as the simulated seawater chemistry (i.e., [CO3s*]sw), F and k™ evolve in time according to
the equations described in Boudreau et al. (2010b). Because the initial CCD values were computed
from basin-averaged sediment-CaCOs content profiles (see Sulpis et al., 2018), CCD predictions
are only relevant where the sediment-CaCOsz distribution is controlled by vertical
dissolution/deposition fluxes rather than lateral accumulation (i.e., CaCOz from turbidites or
rivers). Because the Southern and Arctic Oceans appear to fall in the category of lateral-transport
dominated regions, and because of the lack of data in these regions, we exclude from our analysis
the Southern and Arctic Oceans (below 60 °S and above 60 °N, respectively) and the seafloor
shallower than 300 m. F, the calcite rain rate (see Fig. 6.1i), was taken as the deepest simulated
sinking calcite flux, expressed in mol m2 al, that we assume to be representative of the calcite

flux reaching the seafloor.
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B (see Eq. 6.4) was derived from the in-situ diffusion coefficient of CO3?" (Zeebe, 2011),
the in-situ molecular kinematic viscosity of seawater and bottom-current speeds (U) for each
model, using the equations presented in Sulpis et al. (2018). U was computed from annual averages
of the horizontal current velocities in the deepest layer of each CMIP5 model under the RCP8.5
scenario. Models cannot resolve eddies or other oceanic currents that are smaller than a grid cell
size (~100 km in most models). Nevertheless, unresolved currents can be parameterized, e.g., by
the Gent and McWilliams schemes that most models use (see Gent and McWilliams, 1990;
Griffies, 1998). Models simulate the concentration of dissolved species (e.g., DIC) using the sum
of both resolved and parameterized oceanic transport. Unfortunately, only resolved current speeds
were available in the model output. Thus, the U values reported here represent the velocities as
resolved by the models. This point will be addressed in more details in section 6.5.2. The CMIP5
model mean U averaged over the last 30 years of the simulations is presented in Fig. 6.1j and the
resulting B distribution is shown in Fig. 6.10. Since B is dependent on seawater viscosity, it is
impacted by seawater T and S changes. B was allowed to evolve as a function of U, T and S
between 2006 and 2100, and the impacts of this changing B on the dissolution rates were quantified.
ks, the sediment-side mass transfer coefficient, was computed from the CaCOs content of the
sediments, taken from Sulpis et al. (2018), and set constant throughout the analysis timeframe. The
resulting end-of-the-century ks and the overall mass transfer coefficient k", computed from Eq.

6.4, are shown in Fig. 6.10.

6.4 Results

6.4.1 Modeled changes in bottom-water properties under the RCP8.5 scenario

We present the changes (A) in bottom-water T, S, DIC, TA, SRP, dSi, U and F between
the first 30 years (2006-2035) and the last 30 years (2071-2100) of the CMIP5 model mean, under
the RCP8.5 scenario (Fig. 6.2). A Mann-Kendall trend test (Kendall, 1975; Mann, 1945) is applied
to each CMIP5 model mean time series. This test identifies whether there is a consistently
increasing or decreasing monotonic trend. Hence, we wish to note that inter-annual variations or
trend changes occurring at the end of the simulation might cause the hypothesis that there is a trend
rejected. The sign of the trend for each variable is depicted in Fig. 6.2 and statistics associated

with each trend test are reported in Table 6.1.
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Fig 6.2 | Changes (4) in bottom-water (a) temperature (AT), (b) practical salinity (AS), (c) dissolved
inorganic carbon concentration (ADIC), (d) total alkalinity (ATA), (e) soluble reactive phosphate
concentration (A[SRP]), (f) dissolved inorganic silica concentration (A[dSi]), (g) bottom-current speed (AU)
and (h) calcite flux to the seafloor (AF) between the first 30 years (2006-2035) and the last 30 years (2071-
2100) of the CMIP5 model mean. Each map is associated with an adjacent plot that shows the annual
mean of the globally averaged variables in the CMIP5 model mean (black dashed line), ESM2M (orange
line), HAAGEM2 (pink line) and IPSL (red line) mean value between 2006 and 2100. Qualitative results
from Mann-Kendall trend tests performed on the world averaged CMIP5 model mean values between 2006
and 2100 are also shown as green arrows for statistically significant increasing trends, red arrows for
statistically decreasing trends, and tilde symbols for diverging trends.

185



According to the CMIP5 model mean temperature prediction, an important warming of
bottom waters occurs near the continents, where the seafloor is shallow, and in the Southern Ocean.
Conversely, the bottom-water temperatures in the northwestern Atlantic display a sharp cooling of
~0.6 °C by the end of this century, which is in agreement with the current abyssal cooling trend in
this basin (Desbruyeres et al., 2016). We speculate that this is likely attributable to the decline in
the meridional overturning circulation strength because the overturning cell becomes shallower,
which allows less heat to be transported from the surface to the abyss (Purkey and Johnson, 2010,
2012). Globally, under the RCP8.5 scenario, the mean bottom-water temperature is projected to
increase ~ 0.2 °C between the first and the last 30 years of the century. With respect to the salinity,
an important freshening of bottom waters is predicted in high boreal latitudes, while bottom-waters
in the Southern Ocean become saltier, in line with the results from Heuzé et al. (2015). Recent
studies that have reported a current freshening of the Antarctic Bottom Waters (AABW) based on
hydrographic data because of glacial melting (Menezes et al., 2017; Purkey and Johnson, 2013).
We note that warmer and saltier AABW would be consistent with reduced ventilation in this area,
as predicted by ESM2M (Fig. 6.11), because deep convection brings relatively cold and fresh
waters at the bottom.

Global bottom-water DIC rises by an average of 9 umol kg (i.e., a 0.4% relative to the
global CMIP5 model mean) between the first and the last 30 years of simulation. Some of the
largest bottom-water DIC increases are predicted to occur in the northern Atlantic, where the
bottom waters are youngest (Huiskamp and Meissner, 2012; Matsumoto, 2007) and rich in
anthropogenic COx. In the Labrador Sea and at the southern edge of Greenland, the DIC increases
are as high as +70 pmol kg™ (i.e., a ~3% increase relative to the local CMIP5 model mean). We
also note an acute DIC addition along the western fringe of the Atlantic and Pacific Oceans. A
weaker but more spatially extended DIC increase (+ ~10 pmol kg™?) in the southern half of the
globe is predicted, that we attribute partly to the northward spreading of the dense and young
Antarctic Bottom Waters (de Lavergne et al., 2017; Gebbie and Huybers, 2012). The elongated
positive DIC anomaly in the low latitudes of the Pacific Ocean (i.e., between Peru and Melanesia)
is driven by an accumulation of metabolic COz, as an increase in both the age of bottom waters
(see Fig. 6.11) and the particulate organic carbon sinking flux (see Fig. 6.12) is predicted in this
area. Older bottom waters may reflect weakened bottom currents (discussed later) and/or reduced

bottom-water renewal. Older bottom waters accumulate more metabolic products (nutrients, DIC)
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resulting from the oxic catabolism of material sinking from above, explaining the positive anomaly
in TA, DIC, [SRP] and [dSi] in the equatorial Pacific, Southern Ocean and Northern Atlantic.

Under the RCP8.5 scenario, the global mean bottom-water TA is stable, increasing by only
~0.5 pumol kg™ during the 21% century. Potential sources for TA include CaCOs dissolution and
the addition of nutrients (SRP or dSi) to seawater. In fact, bottom-water SRP and dSi
concentrations strongly increase in the Atlantic Ocean, while they decrease in the Arctic Ocean,
as seen in Fig. 6.1e-f, and the relative changes in TA, SRP and dSi are highly correlated in most

of the bottom waters, as shown in Fig. 6.13.

The modelled changes in U are spatially highly heterogeneous, as displayed in Fig. 6.1g,
making it challenging to identify coherent regional changes. Nevertheless, in a warm and high-
CO2 world, the CMIP5 model mean U globally declines by ~8% by the end of the century. Bottom
currents weaken notably near the Equator and Northern Atlantic, and by up to 70% by the end of
the century off-shore Newfoundland. Finally, the downward flux of calcite reaching the seafloor,
F, is predicted to show a ubiquitous decline. The CMIP5 model mean F value decreases by 35%
by the end of the 21% century. We attribute this abated F to a reduced surface export and increased
water-column CaCOs dissolution. Although the absolute F drop is stronger at low latitudes, where
the CaCOs rain rate is highest, the relative F decline is more important at high latitudes.

Excluding high latitudes, we find that at the end of this century (i.e., average 2071-2100),
the CMIP5 model mean CSD will be 2041 m, 146 m shallower than the 2006-2035 averaged value.
In comparison, Sulpis et al. (2018) computed a CSD rise of 142 m between the end of the
preindustrial period (i.e., 1800) and 2002. These results suggest that the CSD rise is accelerating

as we go further into the Anthropocene.

6.4.2 Calcite dissolution rate

At the end of the 21% century, the fastest benthic CaCOs dissolution occurs in the equatorial
Pacific (Fig. 6.3a), where bottom waters are strongly undersaturated with respect to calcite,
sediments are rich in CaCOz and bottom currents are fast (see Fig. 6.1 and Fig. 6.10). In the eastern
equatorial Pacific, meridional shifts in bottom currents cause abrupt changes in the benthic

dissolution rates. In the northern half of the central Pacific, between the Fiji Plateau and the
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Aleutian Trench, we observe a large area of reduced r, explained primarily by a drop in F (Fig.
6.4b). In this area, except for the Hawaiian archipelago, the seafloor is located below the CCD.
Thus, the calcite dissolution rate at the seafloor is constrained by the calcite rain rate, according to
Eq. 6.5, regardless of any DBL limitation and, thus, independent of bottom currents. The same is
true for the southern extents of the Atlantic, Pacific and Indian Oceans, where most of the seafloor
is below the CCD, and seafloor dissolution depends only on rain rate changes. The deep Atlantic
Ocean does not display, according to our computed dissolution rates, any increase in benthic
calcite dissolution rate between 2006-2035 and 2071-2100 (Fig. 6.3b) but, instead, a dissolution
rate decrease in the abyssal plains on each side of the Atlantic ridge, in the Argentinian continental
shelf and in the Gulf of Mexico, attributed to a bottom-current slowdown and an associated
decrease in 3. Although a large amount of anthropogenic CO2 enters the deep ocean in the North
Atlantic, this CO does not spread in the deepest layers of the abyssal Atlantic (see Fig. 6.2). In
fact, most of the seafloor in this basin is covered by colder and denser AABW (Johnson, 2008;
Morozov et al., 2010), nearly devoid of anthropogenic CO2 except for its most southern extent
(Rios et al., 2015). It may take several centuries for the AABW to reach the Equator in the Atlantic
Ocean basin (Huiskamp and Meissner, 2012).

Isolating the effect of each of the variables on the overall benthic dissolution rate (Fig.
6.4a), we see that while increasing bottom-water DIC globally drives the dissolution rate up during
the 21% century, bottom-water total alkalinity (TA), bottom-current speeds (U) and calcite rain
rates (F) lower the dissolution rate. A reduction in the calcite flux reaching the deep-ocean (F)
leads to a lower dissolution rate below the CCD, according to Egs. 6.5 and 6.6, and causes the
CCD to rise much faster (Boudreau et al., 2010b). We estimate that the CMIP5 model mean world-
averaged CCD will rise from 4465 + 396 m at the beginning of the 21° century to 3742 + 811 m
by the end of the century - a 723 £ 902 m shoaling in less than a century. Changes in F dominate
the 21% century benthic dissolution rate variations mainly over high latitudes and deep abyssal
plains, as these areas are for the most part below the CCD. DIC- and TA-driven dissolution rate
changes are more important is shallower areas, corresponding to topographic highs or coastal
areas, as shown in Fig. 6.4b. Finally, the global decrease in CMIP5 model mean bottom-current
speeds increases the average DBL thickness and leads to a general slowdown of the calcite
dissolution rate at the seafloor. Dissolution rate reduction due to bottom-current changes is

important at low latitudes and in the Atlantic Ocean (Fig. 6.4b), where the bottom-current
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slowdown is greatest (Fig. 6.2g). Globally, throughout the 21% century and under RCP8.5, the
calcite rain rate (F) and bottom-current speed (U) govern the seafloor calcite dissolution rate
changes over 47% and 36% of the dissolving seafloor (i.e., the area of the seafloor overlain by
undersaturated bottom waters), respectively. Other factors, such as DIC and TA, predominate the
calcite dissolution changes over much smaller portions of the seafloor (11% and 6%, respectively).
Isolating the effect of T, S, [SRP] and [dSi], we note that none of these factors exert a strong
enough influence on the benthic dissolution rate to influence its global value, as each impact the
rate by less than 1% throughout the 21% century.

a) r averaged between 2071 and 2100

Ar (molm2a)

Fig 6.3 | Predicted (a) calcite dissolution rate (r) at the sediment-water interface averaged between 2071
and 2100 and (b) change in the dissolution rate (Ar) between the first 30 years and the last 30 years of the
simulation.
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Fig 6.4 | Modelled (a) Temporal evolution of the CMIP5 model mean global-averaged benthic dissolution
rate anomaly (Ar) and the respective contribution of U (light blue), DIC (red), TA (yellow) and F (dark blue)
to the dissolution rate anomaly. Respective contributions of each variable were estimated by computing the
dissolution rate through time when all variables are kept constant throughout the 21st century, except the
variable whose contribution is to be isolated. The dashed, black line represents the dissolution rate in 2006,
at the beginning of the simulation. (b) Geographical distribution of primary driver of the benthic dissolution
rate, i.e., variables with the highest correlation coefficient (R?) resulting from a multiple multivariate linear
regression of rover U, DIC, TA and F.

6.5 Discussion

6.5.1 Formulating calcite dissolution in sediments

Our dissolution rate model does not include oxic or anoxic respiration-driven dissolution.
In Fig. 6.5, we provide a comparison of our 2006-2035 dissolution rates with those obtained by
Dunne et al. (2012). The model developed by Dunne et al. (2012) accounts for organic matter
respiration within the sediments (and metabolic CO> production), which can locally reduce the
porewater calcite saturation state and trigger dissolution regardless of the water column chemistry
(Archer, 1996; Mekik et al., 2002; Hales, 2003). As our dissolution rate computations do not
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consider metabolic dissolution, our model underestimate dissolution relative to the results of
Dunne et al. (2012) in areas of high organic carbon fluxes to the bottom (Fig. 6.5d). In such areas,
changes in organic carbon fluxes in the future (e.g., see Fig. 6.12) could affect calcite dissolution
in sediments. Similarly, other factors such as changes in bottom-water temperature or oxygen
concentration could influence the activity of burrowing organisms, enhancing or impeding
bioirrigation or bioturbation, processes that can locally exert a strong control on porewater solute
distribution and fluxes across the sediment-water interface (Boudreau and Jgrgensen, 2001;
Meysman et al., 2006; Teal et al., 2008). Regrettably, due to the absence of observations on
ongoing changes in deep-sea burrowing organism activity and/or in benthic organic carbon fluxes,
we are unable to go expand further without speculation. On the other hand, the model of Dunne et
al. (2012) does not take into consideration the presence of a DBL above the sediment-water
interface, irrespective of the overlaying current speed. Most sediment models published to date
either ignore the presence of a DBL above the sediment-water interface (van Cappellen and Wang,
1996; Archer et al., 2002; Hales, 2003; Munhoven, 2007; Tschumi et al., 2011) or consider a DBL
with a thickness set to a constant arbitrary value (Boudreau, 1996; Heinze et al., 1999). Instead,
the DBL thickness should be expressed as a function of current-speed, as formulated by various
authors (Boudreau and Guinasso 1982; Levich 1962; Higashino and Stefan 2004; Sulpis et al.,
2019) and confirmed by experimentalists (Larkum et al. 2003; Lorke et al. 2003; Santschi et al.
1983; Santschi et al. 1991). As shown in Fig. 6.5, the present study, which uses a current-speed
dependent DBL thickness, predicts dissolution rates that are higher than those from Dunne et al.
(2012) in areas of fast bottom currents. Future research efforts should focus on developing
sediment modules representing both organic carbon degradation and mass transfer through a DBL

of variable thickness.

Integrating our beginning-of-the-century dissolution rates (Fig. 6.5a) over the seafloor
surface, we find that 8.71 Tmol of CaCOz dissolve each year at the sediment-water interface, while
using the data of Dunne et al. (2012; see Fig. 6.5b), we estimate that 12.96 Tmol of CaCO3 are
dissolved each year within marine sediments. These values represent only 7.1 and 10.6 %,
respectively, of the total pelagic CaCOs dissolution estimated by Smith and Mackenzie (2016). In
comparison, Berelson et al. (2007) and Sulpis et al. (2018) estimated the modern seafloor calcite
dissolution flux at 33 + 25 and 32 + 12 Tmol a’}, respectively. Based on CMIP5 bottom current
speed, the CMIP5 model mean DBL thickness is ~1.3 cm. This is 10 to 20 times thicker than for
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typical deep-sea DBLs (Santschi et al., 1991; Boudreau and Jgrgensen, 2001; Sulpis et al., 2018).
A possible cause for this DBL thickness overestimation would be an underestimation of the benthic
bottom current speeds simulated by models. Overestimating the DBL thickness in a model where
the dissolution is limited by diffusion through the DBL, such as ours, implies underestimating the
true dissolution rate, and may explain the discrepancy in the magnitude of the global CaCOs3
dissolution identified here. In the following discussion, we investigate the bottom current

representation in models and correct our dissolution rate estimates accordingly.
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Fig. 6.5 | Comparison between (a) the CMIP5 model mean dissolution rate from this study (r) averaged
between 2006 and 2035, with (b) the dissolution rates from Dunne et al. (2012) that we term Fgis. The Fdis
values from Dunne et al. (2012) were computed by subtracting their final modelled calcite burial flux to their
final modelled calcite bottom flux. Hence, Fais does not necessarily represents the dissolution rate of calcite
at the sediment-water interface, but rather the fraction of the calcite flux to the bottom that is being
dissolved either at the sediment-water interface, or within the sediment porewaters. Scatter plots compare
(c) r values from this study with (d) Fais values from Dunne et al. (2012). U is from the CMIP5 model mean.
The flux of organic carbon to the bottom is taken from Dunne et al. (2012). The correlation coefficients (R?)
describing the agreement between r and Fis values are also shown.
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6.5.2 Bottom currents

In order to accurately estimate the response of the seafloor to future climate changes, a
reliable representation and prediction of the bottom-current speeds is required in models. To get a
sense of the accuracy of the bottom-current speeds predicted by models, we use a new compilation
of current meter data that we compare to model-predicted bottom currents. To compare the bottom-
current evolution throughout the 21% century across different coarse resolution (~1° x ~1°) models,
we used the bottom-current speeds under RCP8.5 from HadGEMZ2, IPSL CM5A-MR and GFDL
ESM2M, as shown in Figs. 6.1j and 6.29. The current-speed spread between these models is
thereafter termed CMIP5-intermodel spread. In addition, to evaluate the impact of model
horizontal resolution on the representation of bottom-current speeds, we compared results from
three climate models of different resolution, namely CM2.6 (Griffies et al., 2015; Winton et al.,
2014), which uses a 1/10™ degree horizontal resolution, CM2.5 model (Delworth et al., 2012), with
a 1/4"™ degree horizontal resolution, and CM2-1deg (Griffies et al., 2015), with a 1 degree
horizontal resolution. The CM2-O models are run under an atmospheric partial pressure of CO>
(pCOy) increase of 1% per year for 70 years starting at 286 ppm. This idealized CO; concentration
scenario is similar to the RCP8.5 scenario used in the three CMIP5 models used in this study.
Finally, we also used four simulations from the HYbrid Coordinate Ocean Model (HYCOM,;
Trossman et al., 2016 - note that these simulations are of the present-day ocean only). Two of the
HYCOM simulations were run in a 1/12™ degree global configuration, and two were run in a 1/25™
degree configuration, with each configuration comprising one simulation that included a
parameterized topographic internal lee wave drag, and another simulation without it, as described
in Trossman et al. (2016). “Wave drag” here refers to the momentum sink associated with the
generation of internal lee waves, and accounts for a possible blocking effect when the geostrophic
flow impinges upon rough topography, based on the theory of Garner (2005) and applied as

described in Trossman et al. (2013).

The current-meter dataset contains measurements obtained from Trossman et al. (2016)
and Luecke et al. (2017). A low-pass filter was applied to each current-meter record, and only
records containing a minimum of 105 days of observations were considered, following Timko et
al. (2013). In each unique location, measurements within 500 meters of the seafloor were averaged

and considered to be representative of bottom currents, for comparison with bottom-current values
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simulated by models. We chose to average current-meter measurements over the bottom 500
meters because these values are close to the vertical resolution in the deepest layers of the models,
where the current speed comparison takes place. There is a trade-off between the number of
observations available, decreasing as we get closer to the seafloor, and the representativeness of
the current speeds farther from the seafloor. An upper boundary at 500 meters above the seafloor
allows us to resolve an entire model layer as well as to have a reasonably large number of current-
meter observations. Using only the data at locations where at least 2 instruments were available
within the bottom 500 meters, with seafloor depths exceeding 1000 meters, our current-meter

dataset comprises measured current speeds over 378 locations.

Fig. 6.6a-b summarizes the results of the inter-comparison of bottom-current predictions
in the 6 models run under an increasing atmospheric pCO; scenario. A Mann-Kendall trend test
(Kendall, 1975; Mann, 1945) reveals a statistically significant negative world-averaged bottom-
current speed trend for all the models (see Table 6.2), for bottom waters deeper than 1 km and
between 60°S and 60°N. On average, the six models simulated the world-averaged U to drop by
6.8 £ 3.9 % when reaching a doubling of preindustrial atmospheric pCO.. As shown in Fig. 6.6b,
all models predict a bottom-current slowdown in several areas of the North Atlantic, the Equatorial
Atlantic and most of the Pacific Ocean, consistent with the results of Cheng et al. (2013). Recent
studies have reported a weakening of the Atlantic meridional overturning circulation (AMOC) and
a reduced ventilation in the North Atlantic (Caesar et al., 2018; Pérez et al., 2013; Steinfeldt et al.,
2009; Thornalley et al., 2018; Wanninkhof et al., 2010; Zhang, 2008). Collins et al. (2013)
estimated that the strength of the AMOC will drop by 12-54% during the 21 century under
RCP8.5. Likewise, it has been shown that anthropogenic-driven surface-water freshening in the
Southern Ocean might cause a weakening in the production of AABW (de Lavergne et al., 2014).

Although the trend of decreasing bottom-current over this century is a consistent feature
across CMIP5 and CM2-0 models, a comparison of these modelled bottom velocities with current-
meter observations shows that below 1 km-depth, where most calcite dissolution occurs, these
models consistently underestimate bottom-current speeds (Fig. 6.7). Only the HYCOM
simulations successfully reproduce bottom-current speeds with a magnitude similar to the
observations (Fig. 6.7). Nevertheless, the correlation coefficients of the simulated U to the
measurements for the HYCOM simulations are lower than for the CMIP5 and CM2-O models
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(Fig. 6.8). The correlations between the higher resolution models and the current meter
observations are not expected to be as high as for the coarser resolution models because of the
increasing difficulty of locating intensified currents exactly where they really occur. In fact, the
correlations between the higher resolution models and the current meter observations increase
when the higher resolution model output is smoothed and placed on the same grid as the coarser

resolution models.

CMIP5 models:
HAdGEM2-CC
GFDL-ESM2M
[PSL-CM5A-MR s

GFDL CM suite:
CM2-1deg
CM2.5 -
W] CM2.6 =

pC02
2.5 pCOZ nitial

% of models predicting bottom-current acceleration
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Fig 6.6 | Inter-comparison of the modelled resolved bottom-current speed response of 6 Earth System and
climate models to atmospheric pCO2 accumulation. (a) Modelled, world-averaged relative bottom-current

speed changes as a function of relative change to increasing atmospheric pCO; for bottom waters deeper
than 1 km and between 60°S and 60°N. Uinitial iS the average over the 30 first years for each model. U is
the CMIP5 model mean bottom-current speed. pCOz2 initial iS the world-averaged atmospheric pCO; for the

first year of each simulation. pCO. values for the models under the RCP8.5 scenario are taken from

Meinshausen et al. (2011). The solid lines represent running averages over a 5-year period. The dashed
black line indicates the baseline. (b) Sign of the bottom-current speed change between the first 30 years

and the 30 last years of the 6 simulations. The dark blue end of the colorbar represents a case where all 6
models predict a bottom-current speed decrease and the dark red end is for a case where all 6 models

predict a bottom-current speed increase.
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Fig 6.7 | Comparison of the resolved bottom-current speeds between models and observations. (a) Ratio of
the current speed from CMIP5 model mean by that from current-meters. (b) Bottom current speeds
averaged over 378 current-meter locations deeper than 1 km in the three CMIP5 models, three CM2-O
models and four configurations of the HYCOM model (see section 6.5.2 for description of the models) as a
function of the model resolution. The black thick line represents the current-meter average. For simplicity,
the CMIP5 models are considered to be of the order of 1° x 1° resolution.

Mesoscale eddies carry a large proportion of the flow from the surface to the bottom and
these are only resolved for ocean models with horizontal resolution higher than about 1/5" degree
at ~30 °N or S, 1/10" degree at ~60 °N or S (Hecht and Hasumi, 2008; Hallberg, 2013). Thus, the
three CMIP5 models used in this study have a horizontal resolution that is too coarse to resolve
explicitly these eddies and, instead, these models rely on a parameterization to represent the
mesoscale eddy transport (see Gent and McWilliams, 1990; Griffies, 1998). In addition, the use of
geopotential height vertical coordinates requires additional schemes to accurately represent
bottom-following flows (e.g., (Adcroft et al., 1997)) and can result in their misrepresentations
(Dunne et al., 2012). In Fig. 6.14, we show that, in CM2-1deg, the parameterized bottom-current
speeds associated with the mesoscale are generally less than 5% of the resolved current speeds,
except in high latitudes. Thus, it is unlikely that the unresolved, parameterized flows account for
the order of magnitude discrepancy between the coarse resolution models and the current-speed
observations. Pearson et al. (2017) found that reduced water viscosity in models leads to stronger
bottom currents. The bottom-current speed underestimation by CM2.6 is surprising, given its
relatively high resolution, and we speculate, based upon the Pearson et al. (2017) results, that the
differences between CM2.6 and the HYCOM simulations might be due to different viscosity
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coefficients (see e.g., Griffies and Hallberg (2000) and Wallcraft et al. (2005)), or methods of
applying bottom-drag. We also note an increasing trend in the world-averaged resolved bottom-
current speed as model resolution is refined in the CM2-0O suite, i.e., the higher the resolution, the
faster the bottom currents, as shown in Fig. 6.7b.
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Fig. 6.8 | (Left) Histograms of the distribution of resolved bottom-current speeds corresponding to the 378
current-meter sites deeper than 1 km. Lines represent kernel density functions. (Right) Correlation
diagrams between measured bottom-current speeds (U) and model-simulated values. Correlation

coefficients (R?) are shown for each model.

6.5.3 Global CaCOs estimates

The strong underestimation of bottom-current speeds provided by the models directly
impact the representation of the benthic DBL and, hence, the calcite dissolution rate. Scaling up
or down the CMIP5 model mean bottom-current speeds by a constant factor, we evaluate the
sensitivity of the global modelled seafloor calcite dissolution rate to the world-averaged bottom-
current speed (Fig. 6.9a). When the CMIP5 model mean U is scaled up to the current-meter level,
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the estimated amount of calcite dissolved at the seafloor rises from 8.7 Tmol a™* to 30.4 Tmol a’
when averaged over the first 30 years of the simulation, which is in good agreement with the results
of Berelson et al. (2007) and Sulpis et al. (2018).
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Fig 6.9 | (a) Global seafloor CMIP5 model mean calcite dissolution rate as a function of the world-averaged
bottom-current speed from scaling up or down CMIP5 bottom current speed. Symbols represents the
theoretical dissolution rates corresponding to the current-speed means presented in Fig. 6.7b. The dashed
horizontal lines and shaded areas represent the contemporary seafloor calcite dissolution and the related
uncertainty as estimated by Berelson et al. (2007) (in red) and Sulpis et al. (2018) (in blue). (b) Global
seafloor calcite dissolution rate as a function of time simulated by the CMIP5 model mean under the
RCP8.5 scenario (black line), taking into account the uncertainties associated with each CMIP5 model
mean variable (CMIP5-intermodel spread) and their propagation into the computed dissolution rates (grey
shaded area).

Fig. 6.9b represents the global 21% century calcite dissolution rate, computed from the
CMIP5 model variables shown in Figs. 6.1 and 6.2, where CMIP5 current speeds have been scaled
up to correspond to the current-meter average, and the standard deviation has been computed using
standard error propagation rules following Sulpis et al. (2018). The uncertainty associated with the
computed [COs*Jsw was derived using the code of Orr et al. (2018). In year 2100, the scaled-up
seafloor calcite dissolution rate is 29.1 + 13.8 Tmol a!, statistically indistinguishable than the
2006-2035 averaged rate of 30.4 + 21.6 Tmol a’*, due to the wide error bar. As can be seen in Fig.
6.2, the modelled values of many bottom-water variables are very heterogeneous depending on the
model. From the three CMIP5 models used in this study, the world-averaged intermodel standard

deviations for TA and DIC are 40 and 66 pmol kg, respectively, which represents more than 10
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times the usual measurement errors (Millero, 2007; Olsen et al., 2016). The computed bottom-
water CO3® concentration is thus highly dependent on the model, which inhibits our ability to
simulate accurate dissolution rates in the present or in the future. Similarly, the world-averaged
standard deviation for the calcite flux to the bottom is larger than its mean value throughout the
entire century. These results highlight the need for a better representation of both physical and
chemical bottom-water variables in the next generation of Earth System and climate models. We
note, however, that despite large cumulative errors that hinder accurate future calcite dissolution
predictions, a Mann-Kendall trend test reveals that the global seafloor calcite dissolution rate
evolves during the 21% century under RCP8.5 with a statistically significant decreasing trend (p =
1x107%).

6.6 Conclusion

Calcite dissolution rates at the seafloor are dictated by a variety of processes that will
evolve in the future. Whereas ocean acidification controls the thermodynamic potential of the
dissolution reaction, widening the gap between [CO?]sw and [CO?]eq, and driving calcite towards
dissolution, the dissolution rate at the seafloor also depends on kinetic processes independent of
solution chemistry, such as the resistance caused by the presence of a diffusive boundary layer
above the seafloor, whose thickness is dependent on bottom-current speed. Traditionally, the
balance of CaCOs fluxes at the sediment-water interface has been expected to shift towards
enhanced dissolution in response to any acidification event (Archer et al., 1998; Boudreau, 2013;
Broecker and Peng, 1982; Eyre et al., 2018; Sulpis et al., 2018). Our results show that within the
21%t century, when various processes affecting the calcite dissolution rate at the seafloor are
considered, the dissolution rate will not increase in response to ocean acidification but, instead,
will globally decrease. The general slowdown of bottom-currents and decreasing CaCO3s flux to
the seafloor counteract the effect of ocean acidification on the calcite dissolution rate at the
seafloor, which might prevent this mechanism to act as a significant anthropogenic carbon sink
within the 21% century. Even though models strongly underestimate modern bottom-current speeds
relative to observations, partly due to the low-resolution of the ocean component, all models tested
in this study consistently predict a global decrease in the strength of bottom circulation. This
suggests that calcite dissolution in response to the ongoing acidification event may be delayed and,
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therefore, its associated CO. sink. To accurately predict the magnitude and loci of calcite
dissolution at the seafloor, models must better represent bottom-water chemistry, bottom currents,
and integrate a diffusive boundary layer module in which thickness fluctuates according to the
hydrodynamics at the seafloor. This study highlights the need to adopt an integrative approach
when computing seafloor calcite dissolution rates through time, and has important implications in

our understanding of calcite dissolution and preservation on geological time scales.

6.7 Supplementary figures and tables

Fig 6.10 | CMIP5 ensemble average predicted (a) water-side COs? mass transfer coefficient (B), (b)
sediment-side COs? mass transfer coefficient (ks) and (c) overall CO32- mass transfer coefficient (k') under
RCP8.5 and averaged over the last 30 years of the simulation (2071-2100).
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Fig 6.11 | Bottom-water age since the last contact with the surface, as simulated by the ESM2M model
under the RCP8.5 scenario. The top panel represents the 2071-2100 averaged value and the bottom panel
depicts the change between the 2006-2035 average and the 2071-2100 average. Output of the age tracer

were not available in HadGEM2-CC and IPSL-CM5A-MR.
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Fig 6.12 | CMIP5 model mean (top) sinking fluxes of particulate organic carbon (POC) at the bottom,
averaged over the last 30 years of simulation and (bottom) POC sinking flux to the bottom changes
between the first 30 years and the last 30 years of simulation.
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Fig. 6.13 | CMIP5 model mean correlation coefficient of a linear regression between (a) TA and DIC, (b) TA
and [dSi], (c) TA and [SRP] and (d) [SRP] and [dSi] between 2006 and 2100.
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Fig. 6.14 | Ratio of the parameterized bottom current speed to the resolved bottom-current speeds in CM2-
1deg. The parameterized current speed has been calculated from the parameterized mass transport and
represents the mesoscale eddy transport (Griffies et al., 1998). The data used in this map is an averaged of
the 30 first years of a simulation where the atmospheric partial pressure of CO2 (pCO:) increases by 1%
per year.
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Table. 6.1 | p-values of a Mann-Kendall trend test on the world-averaged CMIP5 model mean variables
presented in Fig. 6.2. p-values smaller than 0.05 (in red) indicate that the bottom-current time series shows
a statistically significant monotonic decreasing trend over the corresponding timeframe (i.e., from 2006 to
2100). Green color indicates a statistically significant monotonic increasing trend. p-values higher than 0.05
indicate no specific trend.

Variable GFDL-ESM2M HadGEM2-CC IPSL-CM5A-MR CMIP5 ensemble average

T 4 x10-43 2 x10-44 1 x10-43 7 x10-46

S 1 x10-22 1 x10-33 1 x10-18 2 x10-3¢
DIC 4 x10-4¢ 1 x10-4¢ 2 x10-4¢ 1 x10-4¢
TA 4 x104 2 x10-32 1x10°1? 6 x10-%¢
[SRP] 8 x10-42 . 3 x105 9 x10-2
[dSi] 2 x10-4¢ 5 x10-36 2 x10-18 9 x10-30

U 2 x10-2 2 x10-24 2 x107 4 x10-%5

F 2 x10-45 2 x10-28 5x10-33 1 x10-44

Table. 6.2 | p-values of a Mann-Kendall trend test on the bottom-current speeds (U) time series presented
in Fig. 6.6a. p-values smaller than 0.05 (in red) indicate that the bottom-current time series shows a
statistically significant monotonic decreasing trend over the corresponding timeframe (i.e., from 2006 to

2100).
model atmo‘::ﬁZ:Iirc‘:ng02 RCP8.5 from 2006 to
over 80 years 2100

GFDL-ESM2M - 2 x10-21
HadGEM2-CC - 2 x10-24
IPSL-CM5A-MR - 2 x107

CM2.1 2 x10-23

CM2.5 2 x10-10

CM2.6 1 x10-7
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Preface to Chapter 7

In this final Chapter, | explore the marine CaCOs system in the Anthropocene and how results
presented in this thesis contribute to our understanding - or misunderstanding - of the various
CaCOs marine sinks. The vision of the CaCOz cycle that has prevailed throughout this thesis is
somewhat simplistic, in part because of the scientific background of its authors, as it only
focuses on abiotic processes. Here, | attempt to highlight the possible role of biologically-
mediated processes in the marine CaCOs cycle.
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Chapter 7

Implications and general conclusions

7.1 The marine CaCOs cycle in the Anthropocene

In Chapters 2-4, we presented experimental evidence that in addition to bottom-water
chemistry, i.e., Qc, bottom-water physics, i.e., bottom-current speeds and their control on the
diffusive boundary layer (DBL) thickness, control the dissolution rate of CaCOs at the sediment-
water interface (SWI). Yet, to my knowledge, all models simulating CaCOz dissolution or
accumulation in sediments either explicitly disregard the presence of a DBL (e.g., Van Cappellen
and Wang, 1996; Archer et al., 2002; Hales, 2003; Munhoven, 2007; Tschumi et al., 2011), or
consider a DBL with a constant value, irrespective of the bottom hydrodynamics (Boudreau, 1996;
Heinze et al., 1999). In the recent years, Bernard P. Boudreau and his colleagues showed in a
number of papers (Boudreau et al., 2010a, b; Boudreau, 2013; Boudreau et al., 2015; Luo and
Boudreau, 2016; Luo et al., 2016; Boudreau and Luo, 2017; Boudreau et al., 2018; Luo et al.,
2018; Boudreau et al., 2019) that a simple model assuming diffusive transport control through a
DBL of the CaCOz dissolution rate at the SWI can successfully reproduce both the average position
of the CCD and its evolution through time as well as the CaCO3 content of surface sediments.
Notwithstanding, these papers treated the marine CaCOz system as a one-dimensional problem,
using a global, average value for the water-side mass transfer coefficients (f) that describes the
rate at which CO3z? ions diffuse through the DBL. In Chapters 5 and 6, we showed that it is
possible to estimate f and the DBL thickness in a four-dimensional framework, across latitude,

longitude, seafloor depth and time, by deriving the DBL thickness from the benthic current speeds.

Throughout the work presented in this thesis, we have consistently discarded all
biologically-mediated dissolution, in our experimental reactors or in our field models. On one
hand, laboratory CaCOs dissolution kinetics studies, whether on sediment beds or suspended
particles, provide insights on the abiotic mechanisms that control marine dissolution and allow the
development of straightforward CaCOs dissolution models. On the other hand, biological
processes may also affect dissolution, whether it is in the porewaters by microbial organic matter

degradation and metabolic CO2 production (Emerson and Bender, 1981; Archer et al., 1989a;
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Jahnke et al., 1997; Wenzhofer et al., 2001; Mekik et al., 2002; Steiner et al., 2019) or in the water
column through dissolution in the guts of grazing organisms or their fecal pellets (Bishop et al.,
1986; Penry and Jumars, 1986; Harris, 1994; Milliman et al., 1999; Jansen and Wolf-Gladrow,
2001; Berelson et al., 2007). Note, however, that the relative importance of the aforementioned
biologically-mediated calcite dissolution processes remains controversial and no consensus has
been reached among the marine geochemical community so far (van der Wal, 1995; Pond et al.,
1995; Jahnke and Jahnke, 2004; Friis et al., 2006; Gehlen et al., 2007; Bisset et al., 2011). This
biological component constitutes the cryptic component of the marine CaCOs cycle. Here, | use
datasets and equations from various authors to compute abiotically-driven CaCO3 fluxes in the
marine environment, in an attempt to locate and quantify this cryptic component of the marine
CaCOg sink.

7.1.1 CaCOs3 Surface export

Upon their death or grazing, the calcitic and aragonitic shells/exoskeleton of CaCOs-
secreting marine organisms are exported, individually or within fecal pellets, from the surface
ocean to the deep ocean. This flux (Fsurf) is vertical and expressed in moles of sinking CaCO3 per
m? of ocean surface per year. Various estimates of the CaCOj3 export rates from the surface ocean
have been published, ranging from 33 Tmol a* (Moore et al., 2004) to 150 Tmol a* (Murnane et
al., 1999), as well as the average export fluxes, are compiled in Table 7.1.

The CaCOz export flux from the surface ocean, Fsurf, expressed in moles per square meter
of ocean surface and per year, can be conceptualized as a continuous shower of solid material from
the surface ocean. The solid grains are falling through the water column with an associated
velocity, which is a function of the density and shape of the falling particle and can range from 10
cm d for a single coccolith (Honjo, 1976) to 200 m d! for CaCOs particles within a fecal pellet
(Riley et al., 2012). For the purpose of this discussion, we will consider the CaCOs3 export data
from Dunne et al. (2007; represented in Fig. 7.1), assuming that all exported CaCOz3 is calcite.
Dunne et al. (2007) used a dataset of satellite chlorophyll and photosynthetically active radiation
from which they inferred the particulate organic carbon (POC) export. From the POC export, the
CaCOg export was derived using a fitted CaCO3 to TOC export ratio that is specific to each basin

and latitude range, as explained in Sarmiento et al. (2002). The global average molar export ratio
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is 0.06 = 0.03 (Sarmiento et al., 2002). That different export ratios are used for different ranges of

latitudes explains the sharp latitudinal difference in Fsurf observed at ~ 45 °S in Fig. 7.1.

Table. 7.1 | CaCOs global export flux as estimated by various authors.

Reference CaCO; global export rate (Tmol a-') | CaCOs average export flux (mol m-2 a-1)
Moore ef al. (2004) 33 0.09
Moore et al. (2002) 42 0.12
Sarmiento and Gruber (2006) 42 0.12
Dunne et al. (2007) 48.5 0.13
Milliman (1993) 50 0.14
Yamanaka and Tajika (1996) 50-67 0.14-0.19
Gnanadesikan et al. (2004) 56-65 0.16-0.18
Garcon and Minster (1988) 50-125 0.14-0.35
Sarmiento et al. (2002) 50 0.14
Bacastow and Maier Reimer (1990) 58 0.16
Milliman (1999) 60 0.17
Battaglia et al. (20146) 60-87 0.17-0.24
Jin et al. (2004) 70 0.19
Shaffer (1993) 75 0.21
Lee (2001) 75-92 0.21-0.26
Ridgwell et al. (2007) 100 0.28
Chuck et al. (2005) 117 0.33
Balch et al. (2007) 130 0.36
Smith and Mackenzie (2016) 133 0.37
Berelson et al. (2007) > 133 >0.37
Heinze et al. (2003) 137 0.38
Archer et al. (1998) 138 0.38
Heinze et al. (1999) 150 0.42
Murnane et al. (1999) 150 0.42

Here, 1 assume a uniform settling rate of 200 m d for all falling particles (Riley et al.,

2012). Dividing a flux (mol m2 yr?) by a velocity (m yr?) gives a concentration (mol m=3). In a
world without dissolution, the vertical distribution of CaCO3z would be vertically homogeneous
throughout the water column. In reality, however, because of dissolution in the water column, the
CaCOs concentration decreases with water depth.

Calcite surface export flux
(Fsur, molm2a)

Fig. 7.1 | CaCO; surface export expressed per square meter of ocean surface, from Dunne et al. (2007).
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7.1.2 CaCO3 water-column and SWI dissolution

The fate of these falling particles will either be dissolution or, for the remaining fraction,
accumulation in sediments. In this section, I use the state-of-the-art empirical description of calcite
dissolution kinetics in seawater from the research group of Jess. F. Adkins and William M.
Berelson (Subhas et al, 2015, 2017, 2018; Dong et al., 2018; Naviaux et al., 2019) to compute
dissolution of CaCOs particles in the water column. These publications all describe the dissolution
kinetics of CaCOs particles enriched in **C and kept in suspension in bags placed on a shaker table
maintained at a fixed temperature and, thus, are more appropriate to describe the dissolution
kinetics of particles sinking through the water column than our sediment disk-based experiments
presented in Chapters 2-4. Naviaux et al. (2019) reported calcite dissolution rate constants (k, see
Eq. 1.21) and reactions orders (n, see Eq. 1.21) for four different temperatures, between 5 °C and
37 °C. They derived rate constants and reaction orders for two separate regions of the (1 - Qc)
spectrum, and the Qc threshold value dividing these two regions was Q¢ = 0.75-0.8. Above this
value, dissolution is believed to be limited to the retreat of pre-existing steps, kinks and adatoms
on the calcite surface, or defect-assisted dissolution, whereas below this value, undersaturation is
believed to be high enough to allow dissolution to occur homogeneously across the mineral surface
(Naviaux et al., 2019). Here, based on the results of Naviaux et al. (2019) at 5 °C, I use k = 0.027
mol m2 atand n =0.34 for Qc > 0.75 and k = 30.84 mol m?2 a™ and n = 4.81 for Qc < 0.75.

The dissolution rate constants taken from Naviaux et al. (2019) are expressed as a function
of the surface area of the dissolving calcite grains. In this discussion, | use a surface area of 500
m? mol™, in the middle of the range of BET surface areas measured by Keir (1980; between ~100
and 1000 m? mol?) on natural coccoliths and foraminifera. | also assume that pellets act as pure
“spheres” of CaCOs. In reality, pellets have a complex geometry, are surrounded by a diffusive
boundary layer and are a mixture of clay, organic matter and CaCOs. Thus, this calculation is very
idealistic and is will provide maximum estimates of dissolution. Using GLODAPV2 seawater-
chemistry data, as in Chapter 5, the modern and preindustrial in situ seawater Q¢ can be estimated,
and the dissolution rate of CaCOs (expressed in mol per m® of seawater) computed using Egs. 7.1-
7.4 for both preindustrial (i.e., 1800) and modern (i.e., 2002) times. Results of these calculations
are shown for a transect along the meridian 166 ° west of Greenwich in Figs. 7.2a and 7.2b. The

difference between the modern dissolution rate and that estimated for preindustrial times, that we
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attribute to anthropogenic forcing, is represented in Fig. 7.2c (note that Fsurf is considered the same
for preindustrial and modern times). Interestingly, in regions where strong water-column
dissolution occurs, such as in the Northern Pacific where more anthropogenic CO- invades, less
dissolution occurs at depth, simply because fewer CaCOs particles survive shallow-water

dissolution and are delivered to the deep sea.

Antarctica Manihiki Plateau Bering Strait

dissolution rate
(molm=a)

Modern calcite Preindustrial calcite

dissolution rate
(molm=a’)

(@]
Anthropogenic
calcite dissolution
rate changes
(molm=a)

4t FJ " I | -20
. . 1 . . - 40

- 60 - 40 -20 0 20 40

Fig. 7.2 | (a) Preindustrial, (b) modern and (c) anthropogenic water-column CaCQg dissolution along the
meridian 166°W of Greenwich.

The CaCOs flux at the seafloor can be estimated by subtracting the amount of CaCO3
particles dissolved, as they fall through the water column, from the surface production (Fsur).
Integrating over the water-column depth, the amount of CaCO3 dissolved in the water-column by
the action of corrosive waters for each square meter of ocean surface, that I will call Rsw, and its
anthropogenic component, ARsw, are shown in Fig. 7.3. The modern fraction of Fsurf that makes it
to the seafloor, and its anthropogenic component, are depicted in Fig. 7.4. Most water-column
dissolution occurs in the North Pacific, where the CSD is shallowest (Feely et al., 2004), and in
the very deep Argentine Basin (Fig. 7.3a). In both regions, less than 10 % of the surface CaCO3
export currently reaches the seafloor, whereas this value stands at between 70 and 100 % for most

of the seafloor’s surface (Fig. 7.4a). Whereas the strongest anthropogenic water-column
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dissolution currently takes place in coastal environments and in the Argentine Basin, the largest
decrease in the fraction of the CaCOz export flux reaching the seafloor is found in the Southern
Ocean, where the anthropogenic DIC concentration is high at all depths (Chen, 1982; Lauvset et
al., 2016; Gruber et al., 2019) and the CaCOs surface export flux is very small (Fig. 7.1). For
instance, in the Enderby Abyssal Plain, close to the Antarctic Circle, assuming a fixed CaCO3
surface export flux, the fraction of the CaCOs reaching the seafloor has dropped by a maximum
value of ~30 % since the end of the preindustrial era, solely due to anthropogenic water-column

dissolution.

0.3

Modern calcite
water-column dissolution
(Rsw, molm=2a)

+0.05

(ARgy, molm=3a)

Anthropogenic calcite
water-column dissolution changes

-0.05

e
IS

Fig. 7.3 | (a) Modern and (b) anthropogenic water-column CaCQj3 dissolution integrated over the whole
water column.

Next, using the methodology described in Chapter 5, bottom current speeds derived from
HYCOM and the CaCOs flux reaching the bottom computed above, the CaCO3 dissolution rate at
the SWI can be computed. Results are represented in Fig. 7.5a for modern times, whereas Fig.
7.5b represents anthropogenic changes. As can be noted when comparing Fig. 7.5 with Fig. 5.3,
whether we assume that the CaCO3 flux to the seafloor corresponds to the flux of CaCO3 that must
reach the CCD in order to explain the observed CaCO3 contents in surficial sediments (as we did
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in Chapter 5) or we use the flux of CaCOs reaching the seafloor as computed here, no noticeable

difference can be observed in the magnitude or location of CaCOs3 dissolution at the seafloor.
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7.1.3 CaCO3 accumulation at the seafloor and the missing sink

An ocean-wide compilation of total sediment accumulation rates has been published before
(Sarmiento and Gruber, 2006), but the corresponding CaCOsz accumulation rates are unknown.
Here, | use the total sediment accumulation rate dataset of Sarmiento and Gruber (2006), based on
the original data of Jahnke (1996), and the CaCOz content of marine sediments extracted from the
dbSEABED database of Jenkins (1997, shown in Fig. 5.6a) to compute CaCOz accumulation rates
according to:

Acaco; = Xcacos X Aot (7.1)

where Xcacos is the weight fraction of CaCOs in surface sediments and At is the total sediment
accumulation rate from Sarmiento and Gruber (2006). Acacos is presented in Fig. 7.6.
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Fig. 7.6 | CaCO3 accumulation rates in sediments. White zones are areas where no data is available.

Assuming that biogenic CaCOz produced in surface waters is the only source of solid
CaCO:s to the seafloor, thus neglecting the contribution of rivers or lithogenic sources, a simple

mass balance equation describing the CaCOs cycle can be written as:
Fsurf = Rsw + Row1 + ACaC03 + Rmissing (7.2)

where Fsur is the CaCOs surface export flux from Fig. 7.1, Rsw is the water-column dissolved
CaCO:g flux from Fig. 7.3a, Rswi is the CaCOs flux dissolved at the SWI from Fig. 7.4a, Acacos is
the accumulation flux of CaCOz in sediments shown in Fig. 7.6 and Rmissing IS the fraction of the
CaCOg export that is neither dissolved abiotically nor accumulated in sediments (i.e., the surplus

of CaCOs3). Thus, Rmissing can represent dissolution that occurs in the guts of grazing organisms
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living in the water column, or within sediments, due to oxic diagenesis and the accumulation of
metabolic CO> production that acidifies the porewaters. | should note that since Rmissing iS Obtained
by a difference rather than a measurement, it is associated with a probably large uncertainty that

will depend on the uncertainties of Fsurt, Rsw, Rswi and Acacos, which cannot be readily quantified.
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Fig. 7.7 | CaCO3 missing sink, what is left from the CaCQOg3 surface export flux after water-column
dissolution, dissolution at the SWI, and accumulation in sediments.

Globally, this analysis shows that while 48.5 Tmol of CaCOg are exported from the surface
ocean each year, 7.9 Tmol (16 %) are dissolved in the water column, 23.5 Tmol (48 %) are
dissolved at the SWI, 11.3 Tmol (23 %) accumulate in the sediments and 5.8 Tmol (12 %)
constitute the missing sink. The global CaCO3 accumulation rate derived here (11.3 Tmol a) is
close to values reported in previous studies, e.g., 13.5 Tmol a® (Boudreau and Luo, 2017), 12
Tmol a* (Mackenzie and Morse, 1992) and 15 Tmol a* (Davies and Worsley, 1981). In response
to anthropogenic changes, since the end of the preindustrial period, water-column and seafloor
CaCOg dissolution have increased by 8.2 and 10.3 %, respectively, and the flux of CaCO3 reaching
the bottom has decreased by 1.5 %.

Rmissing, Shown in Fig 7.7, appears to be higher near the coast, and is correlated with both
the CaCOs surface export and the total organic carbon (TOC) content of the sediment, taken from
Sarmiento and Gruber (2006) based on the original dataset of Seiter et al. (2004)) (Fig. 7.8). What
mechanism hides behind this CaCOz missing sink? The fact that more CaCOs is missing in areas

of high TOC sedimentary content would imply that this missing CaCOs sink could be attributed to
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dissolution caused by oxic diagenesis and metabolic CO2 accumulation in porewaters (Froelich et
al., 1979; Jahnke et al., 1997; Mucci et al., 2000; Wenzhofer et al., 2001; Steiner et al., 2019).
Nevertheless, no correlation was found between the Rmissing and bottom-water oxygen contents
from GLODAPvV2, that are usually narrowly linked to sediment carbon remineralization (Emerson
etal., 1985). Alternatively, Rmissing may be independent of the sediment TOC content, as correlation
does not imply causation. Rmissing could simply be an artefact of the high carbon export from the
surface, the latter affecting both shallow-water biotic dissolution and sediment TOC. Let us
remember that the CaCO3 export dataset used in this discussion is derived from satellite surface
chlorophyll concentration measurements, from which both the POC and CaCOs3 export fluxes are
derived as they are assumed to be correlated. If CaCOs is dissolving within the guts of grazing
organisms or within fecal pellets while settling through the water column (Bishop et al., 1986;
Penry and Jumars, 1986; Milliman et al., 1999; Jansen and Wolf-Gladrow, 2001; Berelson et al.,
2007), this dissolution is not in any way taken into account in most models, including this one,
which could explain the apparent missing CaCOs sink. Alternatively, this missing sink could also
be attributed to shallow-water (i.e., above the calcite saturation depth, CSD) dissolution of more
soluble phases, such as aragonite or high-Mg calcites (Betzer et al., 1984; Byrne et al., 1984).

6 5 25 4
= ~ o £
c - o
» O » £
o 4 S
c & o® Qe
— > C
26 .’ 15 50
Ee’? £ 2
e 33
U 20 ° T =
T ,© 05
0= 0

-2 o

0 2 4 6

Calcite surface export flux
(Fo,ir, mol m2 o)

Fig. 7.8 | Calcite missing sink as derived in this study as a function of the calcite surface export from Dunne
et al. (2007). The color represents the total organic carbon (TOC) content in dry sediments taken from
Sarmiento and Gruber (2006) based on the original dataset of Seiter et al. (2004).

From this discussion, it appears that a significant fraction of the marine CaCO3 sink is

neither abiotic dissolution, nor accumulation in sediments. Biotic dissolution occurring above the
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CSD has been hypothesized or reported by several authors (Bishop et al., 1986; Milliman and
Droxler, 1996; Milliman et al., 1999; Wilson et al., 2008; Steiner et al., 2019). It is also known
that porewater acidification during oxic diagenesis takes place in organic matter-rich sediments
(Emerson and Bender, 1981; Archer et al., 1989a; Mekik et al., 2002), which is also strongly
influenced by the amount of oxygen in the bottom waters (Cai and Reimers, 1995; Cai and Sayles,
1996), or by the action of burrowing organisms (Meysman et al., 2006; Teal et al., 2008). If
anthropogenic changes can enhance abiotically-driven dissolution in both the water column and at
the SWI through the invasion of anthropogenic DIC in the oceans, can the anthropogenic influence
on the bottom-water O content or on the activity of burrowing organisms affect CaCO3 dissolution
as well? How would the DBL control on the benthic dissolution rates highlighted throughout this
thesis differ if strong metabolic CaCOs dissolution occurs within marine sediments? Irrespective,
we have seen in Chapter 6 that, under a business-as-usual scenario, a changing CaCOs export will
be the main driver on the 21% century CaCOj3 dissolution rates at the SWI. How would changes in
surface primary production impact water-column CaCOs dissolution as well as the delivery of
CaCOs and TOC to the seafloor? It is clear that more research is required on the biologically-
mediated CaCOs cycle and on the potential anthropogenic component. In the following section, |

present my recommendations for future research in tackling these timely questions.

7.2 Recommendations for future research

Water-column CaCOs research has a very bright future. Whereas detailed mechanisms of
CaCOs dissolution in seawater are slowly being unraveled (Littge et al., 2013; Fischer et al., 2014;
Arvidson et al., 2015; Dong et al., 2018; Naviaux et al., 2019), the implementation of these latest,
more accurate, kinetic laws in global-scale models still awaits. Furthermore, as mentioned in
Section 7.1 of this Chapter, the mystery of shallow-water CaCOs dissolution highlighted by
Milliman et al. (1999) still prevails. Mesocosms or laboratory studies should focus on quantifying
the amount of CaCOs dissolution occurring in zooplankton guts, and its dependency on the species
or environmental variables, to predict how this “gut” dissolution could evolve with time. Finally,
it is implicit in most carbonate budgets, including the one presented in this Chapter, that CaCO3
exported from the ocean surface to the seafloor is mostly calcite (Buitenhuis et al., 2019). Yet,

recent work has revealed that pteropods, which precipitate an aragonitic shell, dominate surface
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CaCOs production and export (Buitenhuis et al., 2013; Buitenhuis et al., 2019). These more soluble
phases, if present in important quantities, could account for the CaCO3 missing sink. In addition,
as noted by Berelson et al. (2007), the literature can be confusing regarding the difference between
surface CaCOs “production” and “export”, which might explain some of the variability in the
export fluxes reported in Table 7.1. This confusion betrays our lack of understanding of the

shallow-water (i.e., above the CSD) CaCOs cycle.

One of the main tasks of future studies on the dissolution kinetics of CaCOz in marine
sediments at the seafloor will be to improve our understanding of the link between organic matter
and CaCOs fluxes and preservation. Dissolution experiments carried out on sediments containing
CaCOz and organic matter of variable concentrations and lability (reactivity, see for instance
Middelburg (1989), Boudreau and Ruddick (1991), Arndt et al. (2013) or Stolpovsky et al. (2018))
will help reach this goal. Of particular interest, although challenging to reproduce in the laboratory,
would be a study of the impact of pulses of organic matter delivery to the seafloor and its
consumption by benthic meio- or macro-fauna (Witte et al., 2003; Nascimento et al., 2012) on the
structure and chemistry of sediments. Future experimental work could focus on characterizing
changes through time in organic matter reactivity and content, as well as changes in CaCOs
mineralogy. Although only low-Mg calcite phases persist in deep-sea sediments (Morse and
Mackenzie, 1990), shallow sediments can contain more soluble CaCO3 phases, such as aragonite
(Mucci, 1983) and/or high-Mg calcites (Bischoff et al., 1987), that Morse et al. (2006) predicted
to be the “first responder” to ocean acidification (see section 1.2.2). On the other hand, a
progressive recrystallization of biogenic Mg-calcites into calcite cements of lower Mg content
(undefined precisely) has been described during long-term equilibration experiments (Tribble and
Mackenzie, 1998) and was associated with a decrease in carbonate mineral solubility. Changing
CaCOs mineralogy might also be significant in deep-sea sediments, as Sun and Turchyn (2014)
reported that at least 10 % of the global CaCO3 accumulation is accounted for by authigenic CaCOs

precipitation.

Given that dissolution driven by organic matter remineralization in sediments can occur
well below the SWI (Archer et al., 1989a; Jourabchi et al., 2008), the analysis of solids and
porewater solutes profiles will be necessary to document the interaction between organic matter

and CaCO:s. For this purpose, characterization of the stable carbon isotopic composition of the
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porewater DIC would be particularly useful. If the *3C signature of CaCO3 and TOC are known,
the fraction of porewater DIC originating from CaCOs3 dissolution and that coming from TOC
degradation can be established by a Keeling plot (Pataki et al., 2003). pH (Archer, 1989a; Cai and
Reimers, 1993; Zhao and Cai, 1999; Cai et al., 2000), pCO2 (Zhao and Cai, 1997; Cai et al., 2000),
COs? (de Beer et al., 2008; Han et al., 2014; Cai et al., 2016), Oz (Reimers, 1987; Archer et al.,
1989a; Sosna et al., 2007), and even dissolved Fe, Mn or S(-11) (Brendel and Luther, 1995)
microelectrodes have been developed during the past decades. These microelectrodes would
provide unique insights on the role of organic matter in the fate of CaCO3 particles within a context
of early diagenesis. As raised in the literature review in Chapter 5, important porewater
acidification due to organic carbon remineralization, for instance, could generate deep COs*
gradients within the sediment, reducing the DBL control on the diffusive CO3? highlighted in this
thesis. To validate or refute this hypothesis, solute profiles through the sediment-water interface
need to be determined precisely with microelectrodes, under various DBL thicknesses and organic

matter contents.

Most, if not all, of the above future research recommendations and potential analytical
insights could be achieved using a modified version of the rotating-disk reactor described in
Chapter 3, in which microelectrodes could be inserted from above and below the sediment disk.
However, as demonstrated by Glud et al. (1994) using early microelectrodes, deeper sediment O>
penetration depths are measured when electrodes are inserted into sediments from the water-side
of the SWI than when electrodes are inserted from below and moved upward. The sediment disk
should also be made thicker in order to visualize deeper solute and solid gradients caused by

organic carbon remineralization.

On the modelling side, sediment modules integrating several carbonate polymorphs (e.g.,
Ahm et al., 2018), multiple POC pools (e.g., Stolpovsky et al., 2018), a full set of diagenetic
reactions (e.g., Couture et al., 2010), bioturbation and irrigation (e.g., Boudreau et al., 1996) and
variable DBL thicknesses (e.g., Sulpis et al., 2018) have all been described in the literature, but
are yet to be merged into a single model. Such a model would certainly help to identify new climate
feedback mechanisms. In Chapter 6, we showed that bottom-current flowpaths and speeds may
display strong changes within a century, thereby affecting the DBL thickness and the CaCOs3
dissolution patterns. Similarly, it has been shown that changes in bioturbation through geological
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times has played a important role in the evolution of the sulfur (Canfield and Farquhar, 2009),
oxygen and carbon (van de Velde, 2018) biogeochemical cycles. How will bioturbation evolve in
the next centuries, however, is unknown. Notwithstanding, based on the predicted increase POC
flux to the seafloor predicted to occur in the 21% century (Fig. 6.12), one can speculate that in a

high CO> world, with the exception of CaCOs-secreting organisms, life at the seafloor will thrive.
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