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Abstract

The pre-Sturtian Islay anomaly is a negative carbon isotope excursion that has been documented
globally, and recent work in northern Canada and Scotland has led to the suggestion that there
may be two distinct negative anomalies, an older one ca. 739 Ma and a younger one ca. 720 Ma,
both being assigned to the Islay anomaly. Here we investigate the litho- and chemo-stratigraphy
of the pre-Sturtian Ugab Subgroup of the Otavi Group in northwestern Namibia. Carbon isotope
data from two separate outcrop belts, the Summas Mountains and the Vrede Domes, indicate that
the Ugab Subgroup strata exposed in the former inlier are older than those of the latter, with only
approximately 100 metres of stratigraphic overlap. We use detailed measured sections to develop
a sequence stratigraphic framework for the Ugab Subgroup in each outcrop belt, and correlate
strata across the two exposures to construct a composite 8'*C record. This carbon isotope profile
of the Ugab Subgroup shows two separate pre-Sturtian negative anomalies, consistent with the
findings in northern Canada and Scotland. Our results are an important contribution to the pre-
Cryogenian carbon isotope record, as this data may serve as the first definitive documentation of

both anomalies within a single basin.



Abstract (French)

L'anomalie pré-sturtienne d'Islay est une excursion négative du §'*C qui a été documentée a
I'échelle mondiale. Des travaux récents dans le nord du Canada et en Ecosse ont suggéré qu'il
pourrait y avoir deux anomalies négatives distinctes, une plus ancienne d’environ 739 Ma et une
plus jeune d’environ 720 Ma, les deux étant attribuées a I'anomalie d'Islay. Cette étude se
focalise sur la litho-chimio-stratigraphie du sous-groupe pré-sturtien Ugab du groupe Otavi situé
dans le nord-ouest de la Namibie. Les données isotopiques de carbone des strates du sous-groupe
Ugab exposées dans les monts Summas indiquent qu’elles sont plus anciennes que celles
présentes aux domes de Vrede avec seulement ~100 metres de chevauchement stratigraphique.
Nous utilisons des sections mesurées de facon détaillée pour développer un cadre de stratigraphie
séquentielle pour le sous-groupe Ugab dans chaque bande d'affleurement. Ce cadre de
stratigraphie séquentielle a pour but de corréler les deux affleurements afin de construire une
courbe composite isotopique de 8!°C. Cette courbe isotopique de carbone du sous-groupe Ugab
montre deux anomalies négatives distinctes d’age pré-sturtienne, ce qui appuie les données
obtenues dans le nord du Canada et en Ecosse. Nos résultats constituent une contribution
importante a I'enregistrement isotopique du carbone pré-cryogénien, car ces données représentent

la premiere documentation des deux anomalies au sein d'un méme bassin.
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CHAPTER 1

1.1 Introduction

The Neoproterozoic Era (1000-541 Ma) was a time of enormous climatic fluctuations that
included at least two global glaciations, often termed ‘Snowball Earth’ events, each followed by
extreme greenhouse conditions (Kirschvink 1992; Hoffman et al., 1998; etc.). The
Neoproterozoic also records at least six globally correlative negative anomalies in the carbon
isotope record, which are superimposed on a long-term baseline carbon isotope enrichment of ~5
%o that persisted until the Cambrian Period (~542 Ma) (Halverson et al., 2005) (see Figure 1.1).
Additionally, much of the Neoproterozoic is characterized by significant tectonic reorganization,
with the lengthy breakup of the equatorially-centered supercontinent Rodinia (ca. 830-720 Ma)
and following assembly of Gondwana (Hoffman, 1991, 1999; Meert and Lieberman, 2008;
Pisarevsky et al., 2003). Combined with the advances in biological evolution that took place
during this eon (Canfield et al., 2007; Gaucher and Sprechmann, 2009), these make the

Neoproterozoic a particularly dynamic time in Earth’s history.

This thesis focuses on developing the pre-Cryogenian carbon isotope record in northwestern
Namibia through studying the Otavi Group’s Ugab Subgroup, a mixed carbonate-siliciclastic
succession that lies directly beneath glacial deposits from the first Neoproterozoic global
glaciation. The late Tonian (ca. 750-720 Ma), when the Ugab Subgroup was deposited, records
the break-up of Rodinia and the lead-up to the first Neoproterozoic global glaciation as well as at
least one pre-glacial negative anomaly in the carbon isotope record, named the Islay anomaly
(Hoffman et al., 2012; Strauss et al., 2015). The carbonate-dominated Neoproterozoic strata of
the Otavi Group are well exposed in an arid environment with scarce vegetation and low
amounts of rainfall, limiting chemical weathering and making it an appealing target for studies of
the Neoproterozoic carbon isotope record. Despite the excellent documentation of the glacial and
interglacial deposits in this area, which are the foundation for the original Neoproterozoic
Snowball Earth hypothesis (Hoffman et al., 1998), the immediately pre-Cryogenian stratigraphy

remains relatively poorly documented.
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Figure 1.1: Composite carbon isotope record of the Neoproterozoic, from Halverson et al.
(2005). U-Pb dates indicated by black arrows, Re-Os dates indicated by grey arrows. 1: Prave et
al. (2016), 2: Condon et al. (2005); 3: Rooney et al. (2015); 4: Macdonald et al. (2010); 5:
Swanson-Hysell et al. (2015).



Though this thesis aims to investigate the late Tonian carbon isotope record in northwestern
Namibia and the Islay anomaly hosted therein, an understanding of the changing Earth surface
conditions during the Neoproterozoic and how carbon circulates through the Earth’s surface
environment is important to provide context to the pre-Cryogenian &'>C record and its possible
causal link with the onset of Cryogenian glaciation. This chapter includes an overview of the
Neoproterozoic carbon cycle and the carbon isotope fractionations that drive secular variation in
in seawater 8'3C, followed by a review of the Snowball Earth Hypothesis, the Tonian-
Cryogenian boundary, and the global context of the Islay anomaly. Chapter 2 will focus on the
Otavi Group of northwestern Namibia, starting with an overview of the paleogeography and
stratigraphy. The new contributions in this thesis comprise a sequence stratigraphic interpretation
of the Ugab Subgroup as exposed in two separate outcrop belts on the southern, extended margin
of the Congo craton, and an accompanying pre-Cryogenian carbon isotope record based on new

and previously collected data.
1.2 The Neoproterozoic Carbon Cycle
1.2.1 Background

Sedimentary carbonate rocks are a valuable archive of geochemical signals that reflect conditions
on Earth’s surface in the deep past. The carbon cycle involves complex interaction between
biological and abiotic environmental processes as carbon moves through different reservoirs in
the mantle, ocean, continents, and atmosphere. As atmospheric and ocean chemistry, as well as
life, have evolved through time, the carbon cycle has also changed. This can be seen through the
secular change in dominant styles of carbonate production from the earliest Archean carbonates

(ca. 3800 Ma) to those forming today (Grotzinger and James, 2000; Shields and Veizer, 2002).

Throughout most of the Precambrian, life is thought to have been restricted to aquatic
prokaryotes and primitive eukaryotes. Cyanobacteria (also known as blue-green algae) were the
dominant primary producers in the oceans. The continents were thought to be barren, although
some authors have suggested that colonization of the continents in the form of simple bacterial
mats may have begun as early as 850 Ma (Kenny and Knauth, 2001; Knauth and Kennedy, 2009;
Kump, 2014).

During the Archean Eon (3850-2500 Ma), carbonate sedimentation was mostly characterized by

precipitation of cements, encrustations, and crystal fans directly onto the seafloor, suggesting



supersaturation of calcium carbonate in seawater (Grotzinger and Kasting, 1993). Minor
stromatolites also existed in the Archean, with the earliest documented occurrences ca. 3.45 Ga,
and slowly increased in abundance until peaking in the mid-Mesoproterozoic (Hofmann 2000;
Riding 2006; Allwood et al., 2009). Direct seafloor precipitation of carbonates gradually
declined throughout the late Archean into the Proterozoic (2500-541 Ma), and carbonate
precipitation in the water column became more common. This trend suggests that throughout the
Proterozoic, a physiochemical change occurred in the ocean that favoured the nucleation of
carbonates in the water column, possibly related to a slow rise in oxygen (Higgins et al., 2009;
Sumner and Grotzinger, 1996). The mid-Proterozoic (1.8-0.8 Ga) is also believed to be a time
when significant diversification of simple eukaryotes began, including the appearance of the first
photosynthesizing eukaryotes ca. 1050 Ma, estimated by molecular clock analyses to have
evolved as early as 1.25 Ga, and a notable expansion in eukaryotic diversity observed in the
fossil record beginning ca. 800 Ma (Knoll, 1994; Porter, 2004; Parfrey et al., 2011; Knoll 2014;
Gibson et al., 2017). An increase in abundance of steroid biomarkers suggests that eukaryotes
may have taken over from cyanobacteria as the dominant primary producers by the middle of the
Cryogenian Period (720-635 Ma) (Brocks et al., 2017). The Ediacaran Period (ca. 635-541 Ma)
marked the appearance of the first metazoans in the form of the enigmatic Ediacaran biota, which
appeared ca. 575 Ma and disappeared at the Precambrian-Cambrian boundary (Bowring et al.,
2003). Although the metazoan affinity of certain Ediacaran fossils is ambiguous, there is
growing evidence that the Ediacaran biota included cnidarians, bilaterians, and possible bivalves
(Martin et al., 2000; Chen et al., 2002; Ivantsov and Fedonkin, 2002; Van Iten et al., 2006;
Gehling et al., 2014). Furthermore, the possible origination of the sponges prior to the Ediacaran
(Li et al., 1998; Love et al., 2009) coupled with recent molecular clock results suggest that most
if not all animal phyla existed by the end of the Precambrian (Erwin, 2011). When animal life
radiated in the Cambrian it resulted in a considerable change in the style of production of marine
carbonates from abiotic to biotic. Carbonate biomineralization is believed to have evolved near
the end of the Ediacaran Period (ca. 550 Ma) (Grotzinger et al., 1995; Grotzinger et al., 2000;
Wood et al., 2002; Zhuravlev et al., 2012; Cortijo et al., 2015a,b), and quickly became
responsible for a substantial proportion of carbonate sediments produced in the Phanerozoic Eon

(542 Ma - today).
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Figure 1.2: The Neoproterozoic carbon cycle.

The interval of time of interest for this thesis, the early Neoproterozoic, was a time when
cyanobacteria were still the dominant biomass in the oceans, and carbonate nucleation in the

water column was the main style of carbonate sedimentation (Figure 1.2).
1.2.2 Carbon in the atmosphere and ocean

Atmospheric carbon dioxide (CO») levels exert a fundamental control on the Earth’s temperature
and climate system due to the role of CO; as the most abundant non-condensing greenhouse gas
in the atmosphere (eg. Lacis et al., 2010). CO> levels in both the atmosphere and the ocean are
dominantly buffered by consumption during silicate weathering reactions and organic uptake by

photosynthetic marine organisms, both of which will be discussed further below.

Marine carbon can be viewed as two interacting pools, one consisting of organic carbon, both
particulate and dissolved (POC and DOC) and the other much larger pool consisting of the
dissolved inorganic carbon (DIC). The organic carbon pool contains the ocean’s biota, which
drive an organic carbon pump that effectively transfers carbon from the surface ocean to the

seafloor and deep oceans. Organisms in the photic zone of the ocean take up CO> from the DIC



pool during oxygenic photosynthesis according to the following simplified reaction, where CH,O

is used as a general representation of organic matter:

CO, + H,0 + sunlight - CH,0 + 0, (D

The organic matter produced from this reaction will either sink to the seafloor and become
buried in the sediments or will be recycled through bacterial decay back to inorganic carbon (i.e.,
remineralization), which under aerobic conditions, proceeds according to the following

simplified reaction (inverse of photosynthesis):

CH,0 + 0, > CO, + H,0 (2)

Other oxidants, such as sulfate and nitrate, also contribute to the remineralization of organic

carbon in the water column or during early diagenesis.

The residence time of the DIC in the ocean is on the order of 10° years, exceeding the mixing

time of the ocean, which is estimated to be on the order of 10° years for the modern ocean.

The sources of carbon to the marine DIC pool include the release of CO, during the decay of
organic matter, which is generally counterbalanced by the consumption of CO; during the
silicate weathering process, as discussed in more detail below. Volcanic outgassing at mid-ocean
ridges is also a major contributor of inorganic carbon to the ocean. Riverine fluxes transport
bicarbonate and cations liberated from minerals during chemical weathering of the continents
(discussed below), and may also contain particulate and remineralized organic matter from
terrestrial biomass after ~850 Ma (Kump, 2014). Lastly, CO, from the atmosphere diffuses into
the ocean in areas where seawater is undersaturated with respect to inorganic carbon, such as
areas with high rates of primary productivity and regions with cooler surface ocean temperatures

which increases CO; solubility (Weiss, 1974).

The main flux of carbon directly into the atmosphere during the Precambrian was volcanic

outgassing of CO», either at volcanic arcs associated with subduction zones or at oceanic island



hotspots. Hotspot CO» is sourced from the mantle, whereas at subduction-related volcanoes,
most of the CO2 comes from metamorphism of carbonate sediments and organic matter

accumulated on the subducted slab, with only approximately one tenth coming from the mantle

(Shaw et al., 2003).
1.2.3 Silicate weathering

Silicate weathering acts as an important buffer for CO, in the atmosphere during continental
weathering and the ocean during alteration of newly formed oceanic crust at mid-ocean ridges.
During silicate weathering, CO> reacts with seawater in the ocean or meteoric water on the
continents (to form carbonic acid—H>CO3) which then reacts with silicate rocks, summarized as

follows:

CO, + 2 H,0 + silicate minerals - HCO3 + cations + clay minerals (3)

The bicarbonate and cations produced from continental weathering are generally transported to
the ocean through rivers. Silicate weathering is enhanced during times of heightened tectonic
activity that result in uplift or volcanism associated with rifting. This may increase the draw-
down of atmospheric CO: or shift where it occurs on the continents, impacting the delivery of
important nutrients (eg. P, Fe, N) to the ocean. Consequently, silicate weathering is linked to
primary productivity, creating a link between the supercontinent cycle and the carbon cycle. The
breakup of Rodinia during the early Neoproterozoic was associated with extensive volcanism
including the eruption of flood basalts (Harlan et al., 2003; Heaman et al., 1992), and
corresponding volcanic outgassing of CO;. This likely stimulated silicate weathering due to both
the widespread production of fresh volcanic material to be weathered and the increased

greenhouse effect invigorating the hydrological cycle (Goddéris et al., 2003; Trenberth, 1999).
1.2.4 Calcium carbonate precipitation

Ca”' is delivered to the oceans as a product of silicate weathering, and when the concentrations
of both Ca?" and carbonate are sufficiently high to reach supersaturation, calcium carbonate is

formed according to the following reaction:



Ca?* +2C0% +2H* <—> CaCo; + CO, + H,0 (4)

Calcium carbonate solubility is mainly controlled by pH and temperature (Morse and Arvidson,
2002). Changes to pH determine the speciation of DIC (Figure 1.3) (Zeebe and Wolf-Gladrow,
2001). Once dissolved in seawater, aqueous CO; reacts with the water to form the
thermodynamically preferred species of inorganic carbon. The inorganic carbon species maintain

equilibrium with one another through the following reactions:

COZ (aq) + HZO(aq) < —=> HZCO3 (aq) (5)
H2603(aq) < _> HCO;(aq) +H+ (6)
HCO3 () < —>CO5uq + H* (7)

Seawater pH has likely remained between ~6 and 9.5 throughout geologic time (Halevy and
Bachan, 2017), a range at which bicarbonate (HCO5") is the dominant species. The conversion of
carbon dioxide to bicarbonate releases a proton, lowering seawater pH. This relationship explains
why large-scale injections of COz into seawater will drive ocean pH down. Acidification of the
ocean (i.e. decreasing pH) lowers the concentration of carbonate ions in seawater and increases
the concentration of dissolved carbon dioxide, leading to decreased supersaturation, decreased
nucleation of calcium carbonate minerals, and, ultimately, the dissolution of calcium carbonate,

which is an important buffer of seawater pH.

Higher temperatures result in decrease in the solubility of aqueous CO», thereby favouring
precipitation of calcium carbonate. As a result, thick carbonate successions tend to be associated

with warm, shallow, equatorial waters (Ziegler et al., 1984).

Calcium carbonate typically precipitates in seawater as either magnesian calcite or aragonite.
The preferred polymorph, which is believed to have changed several times during the
Precambrian, is dominantly controlled by the Mg/Ca ratio of seawater and temperature, with

aragonite being preferred under warmer, more Mg-rich conditions (Hardie, 1996; Morse et al.,



L

.l"
-0.5 Sur . ]
urface l
— 1l Seawater pH ! ]
0 (modern) ! j
2 15 \ |
© 1
E— —2|* : ) 1
5] CcO HCO_ ! cos
T -2.5[ 2 3 3
= i
8 -3
c
=]
£ 3.5
m |
O
- -4
45!
—5L— L . .
0 2 4 6 8 10 12 14

Figure 1.3: A Bjerrum diagram showing the speciation of inorganic carbon in seawater.

Modified from Zeebe and Wolf-Gladrow (2001).

1997). An aragonite-precipitating ocean is both predicted and observed in the geologic record

throughout most of the Neoproterozoic (Hardie, 2003).

Many Precambrian carbonates are preserved today as dolostones (Daly, 1909), which has led
some workers to suggest that dolomite (CaMg(COs3)2) may have been the stable carbonate
mineral precipitating in the ocean during some intervals of the Proterozoic (Tucker, 1982).
However, laboratory experiments still cannot replicate reasonable conditions under which large
volumes of dolomite would precipitate from seawater, despite having reached supersaturation
(Land, 1998). Although there is some evidence for primary synsedimentary dolomite
precipitation (Hood et al., 2011), it is generally accepted that the abundance of dolostone in the
Proterozoic rock record is the result of diagenesis during which precursor magnesian calcite or

aragonite is recrystallized to dolomite.



Carbonate minerals precipitated in the water column will accumulate on the seafloor provided it
is above the carbonate compensation depth, the depth below which carbonate minerals will
dissolve due to thermodynamic instability arising from decreased saturation state (Berger and
Winterer, 1974). These carbonate sediments will ultimately lithify into carbonate rocks, where
they become a proxy archive for the elemental and isotopic composition of the seawater at the

time of formation.
1.3 Interpreting Stable Carbon Isotopes

One of the key and most robust geochemical proxies of sedimentary carbonates is their stable
carbon isotope ratio. The carbon isotope record of marine carbonate rocks broadly represents the
isotopic composition of the DIC pool at the time the carbonate mineral formed and can be useful
both for inferring past environments and as a chemostratigraphic tool. Carbon has two stable
isotopes, *C and '*C, with natural abundances of 98.9% and 1.1% respectively. Secular
variations in seawater carbon isotopes result from changes in isotopic fractionation between
oxidized (carbonate minerals) and reduced (organic matter) carbon species and the relative
importance of these two sinks. These fluctuations in *C/!2C in the DIC pool are recorded in both
carbonate minerals and buried organic matter and can be used as a tool for correlating
sedimentary successions. Large fluctuations in carbon isotope ratios in the Neoproterozoic make
them particularly useful for correlations during this time interval (Kaufman and Knoll, 1995;
Knoll and Walter, 1992). This correlation tool is particularly valuable for Precambrian
successions, where the sparse fossil record precludes biostratigraphy and magnetostratigraphy is

of limited use.

Carbon isotope ratios are expressed in per mil units in standard delta (8) notation, which is

defined according to the following equation:

813C (%o) = | ~—~—5———1 |+ 1000 (8)

10



The international reference standard used for stable carbon isotopes is the Pee Dee Belemnite
(PDB) or Vienna Pee Dee Belemnite (VPDB), for which '*C/'>C=0.0112372 (Coplen, 1988;
Craig, 1957). Samples that are ‘enriched’ have a higher '3C/!2C ratio than that of the reference
standard (8'C value > 0%o). Likewise, the term ‘depleted’ is commonly used for samples with a

13C/12C ratio lower than the reference standard.

The isotopic composition of the marine DIC reservoir is dependent on the relative fluxes and
isotopic compositions of multiple sources: the atmosphere (diffusive exchange with the
atmosphere), the exposed continent (terrestrial weathering products transported to ocean by
rivers), the mantle (mid-ocean ridge volcanic activity), and the rates of primary productivity
(conversion to organic carbon) and subsequent remineralization or burial of organic carbon.
Changes to any of these carbon reservoirs, fluxes, or the isotopic compositions associated with

them can cause fluctuations in 8'3C of the ocean DIC reservoir.

Isotopic fractionations are imparted during various steps of the carbon cycle, with the most
significant fractionation occurring during photosynthesis, due to a kinetic fractionation effect
which favours the incorporation of the lighter isotope in biomass. Fractionations are expressed

by €, which is defined as follows:

1000 + &,

— T q1)«1
1000 + &5 )* 000 ©)

a5 (o) =

Metabolic pathways used by cyanobacteria during oxygenic photosynthesis produce a
fractionation of up to ~ -24 %o (Pardue et al., 1976), resulting in the organic carbon pool being

very isotopically depleted relative to the DIC pool.

The carbon isotope composition of the atmosphere and surface ocean are linked due to CO»
freely exchanging at the atmosphere-ocean interface (Lynch-Stieglitz et al., 1995). Dissolution of
atmospheric CO; into seawater is associated with a small temperature-dependent fractionation of
€co2g-co2aq = 1.1 %0 at 20°C (Vogel et al., 1970). For subsequent conversion to bicarbonate,
€C02ag-HCO3- = -9.5 %0, and precipitation of calcite and aragonite from bicarbonate are eHco3--cal =

0.9 %o and €nCO3--arag = 2.7 %o, respectively (Mook et al., 1974; Rubinson and Clayton, 1969).

11



The net effect is that at 20°C, atmospheric CO; displays an 8.4 %o depletion relative to the §'°C
of oceanic DIC, and carbonate sediments are enriched by 0.9 to 2.7 %o depending on which
polymorph precipitates. Carbon sourced from the mantle has a §'°C ranging from -5 to -7 %o
(Des Marais and Moore, 1984). The §'°C of riverine DIC is variable as it depends on the
weathering source, but is generally estimated to be ~ -6.5 %o in the modern day (Scholle and

Arthur, 1980).

Fluctuations in the carbon isotope record can occur as a result of either a steady-state change to
the system or a non-steady-state perturbation. Non-steady state anomalies result from fast
influxes of carbon followed by a recovery, the length of which is controlled by the residence
time of carbon in the ocean. Steady-state anomalies occur over a longer period of time, caused by
a change in the §'3C of a flux into or out of the reservoir, with the length of time over which the
shift occurs controlled by the residence time of carbon in the reservoir. Residence time is

calculated from the size of the reservoir and the fluxes in or out at steady state.

The unusually enriched background §'*C recorded in the Neoproterozoic is commonly
interpreted to record an increase in the proportion of organic carbon buried. Long-term
fluctuations in the carbon isotope record (on the order of >10° yrs) are traditionally attributed to
changes in the fraction (for¢) of organic carbon (Corg) burial relative to total carbon (e.g. Bartley
and Kah, 2004; Frank et al., 2003). Consequently, protracted intervals of high 8'*Cear are often
interpreted as being periods of net increase in atmospheric O, as the rate of O2 being produced
during photosynthesis is higher than the rate at which it is being consumed during decay of
organic matter due to a higher proportion of the organic matter being buried rather than decaying
(Karhu and Holland, 1996; Schidlowski et al., 1975). In general, the higher burial proportion of
organic carbon is inferred to be due to higher rate of burial, either through increased primary
productivity or increased sedimentation rates (Campbell and Allen, 2008; Des Marais et al.,
1992; Galy et al., 2015). Alternatively, recent modeling has shown that changes in erosion rates
controlled by tectonics may result in changes in §'°C independent of the rate of organic carbon
burial. These results imply that increased §'°C and oxygenation may not be as closely linked as
previously believed (Shields and Mills, 2017). Additionally, anoxic photosynthesis may have

played an important role in Precambrian biogeochemical cycling, with some organisms likely
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using sulfide as an electron donor in largely anoxic Proterozoic oceans and producing oxidized

sulfur compounds instead of O (Johnston et al., 2009).

Another mechanism argued to be equally plausible as a cause for long-lasting §'3C enrichment of
the Neoproterozoic is widespread production of isotopically-depleted diagenetic carbonate
cement, resulting from alkalinity generated via oxidation of organic carbon or methane within
sediments (Schrag et al., 2013). This would drive the DIC pool to more enriched values without
a compensatory increase in atmospheric O2, and this process is more likely to have occurred

under the low O; conditions in the Proterozoic compared to modern day (Schrag et al., 2013).

Several hypotheses have been invoked to explain the high-magnitude, short-term perturbations to
the carbon cycle that are also characteristic of the Neoproterozoic. A shut-down in organic
carbon burial would result in the §'*C of DIC gradually approaching mantle values (~ -6%o)
(Kump, 1991) but cannot alone explain excursions extending below that. Rothman et al. (2003)
proposed that these exceptionally negative excursions could be the result of an unusually large
organic carbon reservoir in the ocean, whereby intervals of increased remineralization from a
large Corg pool could cause inflated negative excursions in 8'*C of the DIC pool. Because organic
carbon is formed through biological consumption of inorganic carbon, 8'*Cear and §'*Cor have
covaried throughout most of Earth’s history. An apparent disappearance of this isotopic coupling
from the end of the first Snowball event until the end of the Ediacaran Period led to speculation
that a sufficiently large oceanic Corg reservoir would drown out signals from the DIC pool
(Rothman et al., 2003; Swanson-Hysell et al., 2010). However, Johnston et al. (2012) present
evidence that this decoupling was not global and posit that local decoupling observed in some
parts of the world results from detrital organic carbon mixing with the primary organic carbon
thus diluting the signal. Another leading hypothesis is the oxidation of isotopically-depleted,
reduced carbon from a large methane clathrate reservoir (Bjerrum and Canfield, 2011; Schrag et
al., 2002). Bartley and Kah (2001) inferred that the high magnitude of §'*C excursions observed
in the Neoproterozoic may be a natural consequence of a decline in the size of the marine DIC
reservoir which would result in a system less capable of buffering short term perturbations to the

carbon cycle.

In order to use carbon isotopes either to make inferences about the global environment or as a

correlative tool, the assumption must be made that the signals preserved in the rock are both
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primary and representative of the global ocean (Frimmel, 2010; Melezhik et al., 2001). The §'*C
record is often affected by secondary alteration from diagenetic and metamorphic processes.
Fine-grained carbonate sediments that accumulate at slow rates are especially prone to
contribution from authigenic carbonate, which can drive §'C towards negative values (Schrag et
al., 2013; Sun and Turchyn, 2014). Subaerial exposure surfaces in young sediments often show a
decline in §'*C due to isotopic exchange between carbonates and meteoric water mixed with
decaying organic matter (Allan and Matthews, 1982; Kenny and Knauth, 2001). This mechanism
can alter both oxygen and carbon isotope ratios simultaneously, therefore covariance of oxygen
and carbon isotope ratios can provide evidence for post-depositional alteration of the carbon
isotopes (Allan and Matthews, 1982; Fairchild et al., 2000). Even when geochemical tests can
rule out meteoric and shallow-burial diagenetic alteration, basin restriction may influence the
preserved isotopic signal. However, different processes have much different effects, such that
there is no single model for how restriction influences the §'°C record. In a basin that is
episodically isolated from the open ocean, isotopic changes to global seawater may not be
recorded, and Rayleigh fractionation during evaporation can create enrichments in the heavier
isotopes (Pierre, 1989). These complications reinforce the importance of establishing a detailed
sedimentological framework to assess whether isotopic signatures truly represent a primary open

marine signal that has experienced limited post-depositional alteration.

Despite difficulties of interpreting carbon isotope signals due to the uncertainties about ocean
and atmosphere chemistry in the past, much research on the Precambrian world still relies on the
clues carbon isotopes can provide. Available evidence indicates that that many salient §'3C
trends are reproducible globally. Not only can the carbon isotope record facilitate correlations
between radiometrically dated strata and their undated equivalents, it can also reveal information

about both biological and physical processes at play in the Precambrian world.
1.4 The Snowball Earth Hypothesis

The Snowball Earth hypothesis was first proposed by (Kirschvink, 1992) in an attempt to explain
the occurrence of Neoproterozoic glaciogenic deposits and associated iron formations recognized
on nearly every major craton, including land masses thought to have been at a low latitude
during the late Proterozoic (Harland, 1964). In addition to paleomagnetic data indicating low

latitudes (Sohl et al., 1998; Hoffman and Li, 2009), some of the glacial deposits were observed to
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contain carbonate clasts or to be bracketed by carbonate strata, suggesting paleolatitudes within
33° of the equator (Harland, 1964; Ziegler et al., 1984). Kirschvink (1992) proposed that the
unique arrangement of landmasses during the late Proterozoic, specifically their concentration in
middle to low latitudes, could have led to global cooling. Unvegetated continents have a higher
albedo relative to ocean surfaces, and higher rates of silicate weathering would cause a decrease
in atmospheric pCO; and global cooling. Additionally, oceans at high latitudes are often covered
by a high albedo fog or cloud layer, further reducing the amount of solar energy absorbed
compared to the amount absorbed at equatorial oceans (Ramanathan et al., 1989). This cooling
could lead to growth of high albedo polar ice caps, lowering the sea level and adding more high
albedo landmass as the continental shelves are increasingly exposed. These positive albedo
feedbacks are suggested to have eventually caused the entire earth to be covered in ice,
evocatively described by Kirschvink (1992) as resembling a snowball. As originally argued, with
the oceans covered in pack ice, ocean circulation would have stopped and oxygen from the
atmosphere would have no longer diffused into seawater, leading to anoxia. Ferrous iron would
have built up in solution in the ocean over time as it was released at mid-ocean ridges and from

seafloor sediments.

The possibility of a fully frozen Earth as a stable climatic state was first proposed based on
simple, 1D energy balance models (Budyko, 1969; Sellers, 1969), but it was assumed that the
Earth had never experienced one because escape from a snowball state would be difficult and no
mechanisms were known that could trigger a return to a non-glaciated climatic state. However,
Caldeira and Kasting (1992) solved this conundrum, recognizing that CO; derived from volcanic
outgassing would accumulate in the atmosphere regardless of the frozen surface because plate
tectonics is immune to ice cover. With the hydrological cycle halted and the surface of the ocean
and much of the landmass covered in ice, both photosynthesis and silicate weathering would
have essentially ceased and no longer have been able to act as buffers for the increasing levels of
COsz. Consequently, CO2 could have accumulated in the atmosphere up to a critical point where
the greenhouse effect overcame the ice albedo effect and ice cover began to melt in the tropics.
Open ocean, once exposed, would have absorbed solar energy and accelerated the warming of
the planet, driving an ice albedo runaway in the opposite direction. Once ocean and atmosphere
could interact, O2 would have diffused from the atmosphere into the seawater and the ocean’s

built-up reservoir of iron would have precipitated as iron oxides, blanketing the seafloor in iron-
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rich deposits. Kirschvink (1992) suggested that the switch from an ‘icehouse’ to a ‘greenhouse’

state was likely to have been relatively fast, resulting in a very warm post-glacial earth.

Kirschvink (1992) outlined three predictions that could be used to test the Snowball Earth
hypothesis: global synchronicity of onset and demise of glaciation, extreme greenhouse
conditions following the glaciations, and stagnation and anoxia of the ocean beneath the ice
during the glaciations. Geological evidence of all three predictions was introduced by (Hoffman
et al., 1998) after extensive fieldwork in Northwestern Namibia studying the Neoproterozoic
Otavi Group. Hoffman et al. (1998) recognized deposits from two discrete glaciations: th