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Abstract 

 
Over the past century, dissolved oxygen concentrations (DO) in the bottom waters of the Lower 

St. Lawrence Estuary (LSLE) and the Gulf have decreased dramatically and led to the development 

of persistent hypoxia ([O2] = <62.5μmol/L) in the LSLE. Oxygen depletion has been attributed 

primarily to changes in ocean circulation in the northwest Atlantic Ocean and an increase in the 

flux of organic matter to the seafloor. Accumulation of metabolic CO2 in these waters has also 

resulted in their acidification and a decrease in pH (0.3-0.4 pH unit), commensurate to the variation 

expected for oceanic surface waters by the end of this century, thus, making this setting an 

excellent analogue for studies of ocean acidification and its potential ecological impacts. The 

decrease in bottom-water pH is accompanied by a decrease in the carbonate ion concentration and 

the saturation state of the waters with respect to both calcite and aragonite (ΩC and ΩA). Although 

the Laurentian Trough sediments are mostly devoid of modern calcium carbonate fossils, detrital 

(Ordovician/Silurian) carbonates originating from Anticosti Island accumulate on the neighboring 

seafloor. Whereas aragonite is absent in these sediments, to the best of our knowledge the 

preservation and dissolution of calcite has not been documented. This study examines the impact 

of oxygen depletion and the concomitant acidification of bottom waters on the preservation of 

these detrital carbonates in the Laurentian Trough sediments. Evidence of carbonate mineral 

dissolution is presented through an analysis of the inorganic carbon content of the sediments and 

their pore water composition. Historical data are used to determine the temporal evolution of the 

solid phase profiles as well as document the differential spatial preservation of the detrital 

carbonates. Finally, the mineralogy, chemical (Mg/Ca) and stable isotopic composition (δ13C and 

δ18O) of the carbonates in sediment cores recovered in the Trough were compared to the source 

material eroded from Anticosti Island.  

 

 

 



Résumé 

 
Au cours du siècle dernier, les concentrations en oxygène dissous dans les eaux profondes de 

l’estuaire maritime du Saint-Laurent (EMSL) et du Golfe ont diminuées dramatiquement, menant 

à une hypoxie persistante ([O2] = <62.5μmol/L). L’appauvrissement en oxygène dissous est 

principalement due aux changements de la circulation océanique dans le nord-ouest Atlantique et 

à une augmentation du flux de matière organique vers le fond. L’accumulation de CO2 métabolique 

dans ces eaux résulte en leur acidification et à une chute du pH (de 0.3-0.4 unité de pH), semblable 

aux variations attendues pour les eaux océaniques de surface d’ici la fin du siècle. Ainsi, cet 

environnement est un excellent analogue pour l’étude de l’acidification des océans et ses impacts 

écologiques potentiels. La diminution du pH des eaux profondes est accompagnée par une 

diminution de la concentration des ions carbonates et de l’état de saturation de l’eau par rapport à 

la calcite et à l’aragonite (ΩC and ΩA). Alors que les sédiments de la fosse laurentienne ne 

contiennent généralement pas de fossiles modernes de carbonate de calcium, des carbonates 

détritiques (Ordovicien/Silurien) provenant de l’île d’Anticosti s’accumulent sur le fond marin 

avoisinant. Quoique ces sédiments ne contiennent pas d’aragonite, au meilleur de notre 

connaissance, la préservation et la dissolution de la calcite n’a pas été documentée. Cette étude 

examine les impacts de la diminution en oxygène dissous et de l’acidification concomitante sur la 

préservation de ces carbonates détritiques dans les sédiments de la fosse laurentienne. Nous 

documentons la dissolution des minéraux carbonatés à l’aide d’une analyse du contenu en carbone 

inorganique des sédiments et de la composition de leurs eaux porales. Des données historiques 

sont utilisées pour déterminer l’évolution temporelle des profils de la phase solide ainsi que 

documenter la variabilité spatiale de la préservation. Finalement, nous comparons la composition 

minéralogique, chimique (Mg/Ca) et isotopique (δ13C and δ18O) des carbonates de carottes de 

sédiment provenant de la fosse et du matériel source érodé de l’île d’Anticosti. 
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Chapter 1: Introduction 
 
1.1 - Ocean Acidification  

 

1.11 - Climate change and atmospheric CO2 

 

Over the past 180 years, global anthropogenic carbon dioxide (CO2) emissions have 

increased exponentially in response to the progressive use of fossil fuels, deforestation and land 

use changes (Feely et al., 2004; Doney et al., 2009; Feely et al., 2009). This has caused atmospheric 

CO2 levels to surpass the 400 ppm mark at the end of 2014, exceeding pre-industrial concentrations 

by nearly 40%, and reaching levels higher than any recorded in the past 800,000 years (Feely et 

al., 2004; Sabine and Feely, 2007; Doney et al., 2009; Feely et al., 2009; Le Quéré et al., 2009; 

Tans and Keeling, 2016). This has had impacts across the globe such as rising average 

temperatures, decreasing sea-ice cover at the poles and ocean acidification (IPCC, 2007). 

 

Atmospheric CO2 concentrations are expected to rise at an even faster pace in the coming 

decades due to an ever-growing population, which is projected to exceed 11 billion people by 2100 

(United Nations, 2017). This considerable increase, from the current population of 7.4 billion, will 

bring about a surge in the demand for energy, food, and land. The Intergovernmental Panel on 

Climate Change (IPCC) developed a series of projections for future atmospheric CO2 

concentrations that range from the current rate of emissions to increases matching the population 

growth. A newer projection, following the 2015 Paris Climate Accord, suggests that if every 

country that signed the accord were to abide to their pledges, atmospheric CO2 concentrations will 

reach 670 ppm by the end of this century. More realistic predictions such as the “business-as-

usual” scenario (IS92a), however, foresee CO2 concentrations exceeding 700 ppm by the end of 

this century. 

 

 

 

 



1.12 - CO2 uptake by the surface ocean  

 

Since the beginning of the industrial revolution, the ocean, the largest CO2 reservoir and 

sink on Earth, has taken up just over a quarter of all anthropogenic CO2 emissions to the 

atmosphere (Feely et al., 2004; Sabine and Feely, 2007; Feely et al., 2009; Gattuso and Hansson, 

2011). The sequestration of atmospheric CO2 by the oceans has greatly curbed the effects of 

climate change and the visible impacts of global warming, but it does not do so without 

consequences as it leads to ocean acidification, i.e., a decrease in the pH of seawater (Doney et al., 

2009; Feely et al., 2009). Ocean acidification can have deleterious effects on marine ecosystems, 

especially to organisms that secrete calcium carbonate shells and skeletons as it makes calcification 

more difficult. Additionally, non-calcifying organisms may suffer physiological impairments (e.g., 

growth rate, reproduction), due to a drop in pH as CO2 reacts with body fluids, causing changes to 

their metabolic rates (Fabry et al., 2008; Miller et al., 2009; Ries et al., 2009; Kroecker et al., 

2013).  

 

The interaction between atmospheric CO2 and the surface ocean can be readily described 

by reactions of the CO2-seawater system. When CO2 dissolves in seawater and enters the aqueous 

phase as CO2(aq), a portion of the solvated CO2 is converted to carbonic acid (H2CO3) (Morse et 

al., 2007; Gattuso and Hansson, 2011: see Equation 1). The relationship between atmospheric and 

oceanic CO2 concentrations is described by Henry’s Law (see Equation 2), where the equilibrium 

concentration of CO2(aq) is given by the product of the partial pressure of CO2(gas) (pCO2) in the gas 

phase (atmosphere) and its solubility product in seawater (K*
H) (Gattuso and Hansson, 2011). 

 

        (1) 

       (2) 

 

H2CO3
* is commonly used to describe the sum of carbonic acid and CO2(aq) because it is 

difficult to distinguish them analytically within a solution. True H2CO3 typically only accounts for 

~0.3% of H2CO3
* (Millero et al., 2002; Morse et al., 2007; Gattuso and Hansson, 2011). 

 



 H2CO3 is a weak acid and subsequently undergoes partial dissociation, leading to an 

increase in the effective concentration of protons (H+) and a decrease in pH (pH = -log(H+)) of the 

solution (Millero et al., 2002; Morse et al., 2007; Gattuso and Hansson, 2011: see Equations 3 and 

4).  

         (3) 

          (4) 

 

The reactions within the CO2-seawater system are fully reversible, meaning that the 

carbonate ion (CO3
2-), if present in seawater, can neutralize protons (H+) released upon the 

dissociation of H2CO3
* and buffers the pH change in response to ocean acidification (Millero et 

al., 2002).  

 

 The two dissociation reactions, as described in Equations 3 and 4 above, are governed by 

the stoichiometric equilibrium constants K1
* and K2

* respectively (see Equations 5 and 6). These 

constants are defined by the ratio of the concentration of the products over the reactants of the 

reactions. Since they are defined in terms of concentrations instead of activities, these constants 

vary with temperature, pressure and salinity. Their absolute values also depend on the 

thermodynamic convention and pH scale used to define the activity or concentration of the proton 

(Dickson, 1984).  Hence, the inorganic carbon speciation is strongly dependent on pH. 

 

          (5)  

          (6) 

 

 Using the K1
* and K2

* values, the speciation of the dissolved inorganic carbon (DIC = 

) can be calculated for a set of environmental conditions at any given 

pH according to: 

 

         (7)  

       (8) 



        (9) 

 

These concentrations can be plotted on a Bjerrum or speciation diagram as a function of 

pH (Wolf-Gladrow et al., 2007; see Figure 1.1). At the pH of the surface ocean (pHT ≈ 8.1, total 

proton concentration scale defined under the constant ionic medium convention), most of the DIC 

is present as HCO3
- (90%), approximately 9% is in the form of CO3

2-
 and only 1% as H2CO3

*
 (or 

CO(aq)) (Orr et al., 2005; Doney et al., 2009; Gattuso and Hansson, 2011).  

   

Over the last century, uptake of CO2 from the atmosphere has decreased the pH of the 

ocean surface by an estimated 0.1 unit, equivalent to a 30% increase in the proton concentration 

in solution (Caldeira and Wickett, 2005). If projected atmospheric CO2 concentrations for the end 

of this century are accurate (~700 ppm) and the pH of the surface ocean falls by an additional ~0.4 

unit, this will dramatically affect the speciation of DIC in seawater (see Figure 1.1). At this 

projected pH, the concentration of CO3
2- will have decreased by 50%. As the CO3

2- concentration 

decreases, pH will decrease faster upon further anthropogenic CO2 uptake due to a weakened 

buffer capacity of the seawater (β = 2.303 ([HCO3
-] + 4[CO3

2-] + [B(OH)4
-] + [H+] + [OH-]), for a 

system opened to the atmosphere), causing a dangerous run-away effect (Orr et al., 2005).  

 

1.13 - Alkalinity and the Neutralizing Capacity of the Ocean  

 

Total Alkalinity (TA) is defined as the ability of an aqueous solution to neutralize a strong 

acid or, in other words, is equal to the sum concentration of all organic and inorganic bases (anions) 

in a solution that are titratable with a strong acid to an equivalence point corresponding to the 

conversion of HCO3
- to H2CO3 (Stumm and Morgan, 1996; Gattuso and Hansson, 2011; see 

Equation 10).  

 

   (10) 

  

In the open ocean, carbonate alkalinity (Ac) makes up most of its total alkalinity, as the 

concentration of other bases, apart from the borate ion (B(OH)4
-), are negligible (see Equation 11).  



 

       (11) 

 

 The absorption of CO2 does not affect the alkalinity of seawater unless CaCO3 is 

precipitated or dissolved (see Equations 1, 3 and 4), it can only affect the pH and, therefore, the 

speciation of DIC, as seen in Figure 1.1.  

 

1.14 - CO2 Transport to the Deep Ocean  

 

Carbon delivery from the surface to the deep ocean occurs through two major pathways, 

or “pumps”; the biological pump (particulate carbon export) and the solubility pump (dissolved 

carbon export) (see Figure 1.2).  

 

The biological pump refers the production and transport of particulate organic carbon from 

the ocean’s surface to the deep ocean and the seafloor. It can be divided into three major steps; 

primary production of organic matter (OM; see Equation 12) and carbonate minerals by 

photosynthetic and higher organisms in the surface ocean, transport of these particles (OM and 

carbonates) through the water column and, finally, the preservation/decomposition of particles as 

they settle through the water column and once they reach the seafloor (De La Rocha, 2006). 

 

        (12) 

 

Part of the organic carbon is remineralized (converted back into CO2) by microbial 

oxidation within the water column, the rate of which is controlled by temperature, depth (time of 

exposure) and the reactivity of the organic matter (Mucci et al., 2000; De La Rocha., 2006; Mouret 

et al., 2010). The amount of inorganic carbon delivered to the sea floor, in the form of carbonate 

skeletons/tests, is a function of the surface productivity and the saturation state 

(Ω=[Ca2+][CO3
2]/K*sp, where [i] are concentrations and K*sp is the stoichiometric solubility of 

calcite or aragonite, the most common CaCO3 polymorphs in marine environments) of the 

overlying water (Mucci et al., 2000). The final step in the biological pump scenario is the 

decomposition/preservation of the carbon reaching the seafloor. Organic matter will be subjected 



to catabolism through a sequence of microbially-mediated oxidation reactions while the fate of 

carbonate minerals depends on the saturation state of the overlying waters and sediment pore 

waters (Froelich et al., 1979; Mucci et al., 2000). These reactions will be discussed in detail later 

in this thesis.  

 

 The solubility pump is a mechanism that describes the transport and cycling of dissolved 

inorganic carbon throughout the water column. Its mode of operation is dependent on two major 

factors: the solubility of CO2 in seawater and the thermohaline circulation within the ocean (Raven 

and Falkowski, 1999). Given that CO2 is more soluble in the colder waters of polar regions (North 

Atlantic, Antarctica/Weddell Sea) where deep, cold marine waters are formed, these areas act as 

sinks or “doorways” for CO2 to the deep ocean (Sigman and Boyle, 2000). DIC is then distributed 

throughout the open ocean through the global, thermohaline circulation. 

 

1.15 - Coastal Systems, Carbon Cycling, Hypoxia and accompanying Acidification  

 

 High-latitude coastal regions are most vulnerable to ocean acidification and will be the first 

to show its most profound impacts (Orr et al., 2005). This is because coastal ocean environments 

are transition zones or “bridges” between the terrestrial and marine realms (Gattuso et al., 1998; 

Bauer et al., 2013). In these coastal areas, primary productivity is high and sustained by the 

delivery of nutrients from the continents or by wind-driven upwelling of CO2 and nutrient-rich 

marine waters. The availability of nutrients in the coastal ocean has made it the most productive 

marine environment in the world, accounting for ~30% of all marine primary productivity despite 

comprising ~10% of the global ocean’s surface area (Gattuso et al., 1998, Gattuso and Hansson, 

2011). Estuarine systems are typically supersaturated in CO2 with respect to the atmosphere and 

are commonly regarded as a net source of CO2 to the atmosphere (Gattuso et al., 1998; Bauer et 

al., 2013). Estuaries are commonly divided into two distinct categories: river-dominated and 

marine-dominated estuaries. River-dominated estuaries are typically partially mixed, turbid and 

CO2 sources to the atmosphere due to microbial respiration and low primary productivity. Marine-

dominated estuaries are deeper, stratified, and act as a net sink of atmospheric CO2 due to 

biological drawdown (Jiang et al., 2008; Joesof et al., 2015; Dinauer and Mucci, 2017, 2018). The 

magnitude of CO2 degassing in individual estuaries is highly variable due to several controlling 



factors such as geomorphology (depth and cross-section), hydrology (discharge and flow) and 

nutrient inputs (Bauer et al., 2013).  

 

Eutrophication results from an increase flux of organic matter (OM) or nutrients, that 

promote the generation of OM through photosynthesis, to a body of water (Berner and Berner, 

1996; Gehlen et al., 2011; Sunda and Cai, 2012).  This process may lead to oxygen depletion upon 

the microbial respiration of the OM and the accompanying accumulation of metabolic CO2, as in 

the Gulf of Mexico (Rabalais et al., 2001, 2002) and the Lower St. Lawrence Estuary and Gulf 

(Mucci et al., 2011). The oxic respiration of OM is represented by the “RKR Equation”, as 

described in Equation 13, using Redfield stoichiometry to represent the chemical composition of 

algal OM (Redfield et al., 1963). Hedges et al., (2002) proposes a slightly different stoichiometry 

to this equation, however, for the purpose of this thesis we will use the “RKR” stoichiometry. 

 

          (13) 

 

  Variations in pH depend on which direction the reaction is driven and can greatly intensify 

the effects of ocean acidification caused from interactions with the atmosphere (Cai et al., 2011; 

Gattuso and Hansson, 2011; Melzner et al., 2013). The ocean surface waters are in direct contact 

with the atmosphere, allowing exchange of O2 and CO2 across the air-sea interface to 

counterbalance the above reaction. In a stratified body of water, where mixing is limited by the 

presence of a strong pycnocline, such as in the open ocean, the Gulf of Mexico (Rabalais et al., 

2001, 2002) or the St. Lawrence Estuary (Mucci et al., 2011), oxygen may become depleted and 

metabolic CO2 can accumulate in bottom waters. This is reflected by the presence of an oxygen 

and pH minimum near the permanent thermocline in the open ocean (Poole and Tomczak, 1999) 

and to the development of hypoxic conditions and the concomitant acidification of bottom waters 

in the Gulf of Mexico and the St. Lawrence Estuary (Rabalais et al., 2001, 2002; Gilbert et al., 

2005; Cai et al., 2011; Mucci et al., 2011).  

 

A water mass is considered hypoxic when the dissolved O2 concentration falls below 30% 

saturation and is severely hypoxic when below 20% saturation or 62.5 µmol/L (Rabalais et al., 



1999). This occurs when the rate of organic matter respiration outpaces the replenishment or influx 

of dissolved O2 to the water mass. Oxygen depletion in coastal zones occurs at a much faster rate 

than in the open ocean, largely due to eutrophication and the accompanying rise in primary 

productivity and organic matter export. The number of documented oxygen-depleted zones in the 

coastal ocean has multiplied over the past century (Diaz and Rosenberg, 2008; Gilbert et al., 2010). 

The development of coastal hypoxic environments and the associated acidification has a profound 

effect on benthic ecosystems, such as making it more difficult or impossible for biocalcification to 

occur (Kleypas et al., 2006), and reaching lethal DO thresholds where animals can simply no 

longer survive (i.e. Atlantic Cod in the Lower St. Lawrence Estuary; Plante et al., 1998). This can 

ultimately limit areas in which these animals can live, changing the overall dynamic of the 

ecosystem and food web (Diaz and Rosenberg, 2008). In some cases, such as along the Eastern 

Pacific Shelf, pteropods, the primary food source for juvenile Pacific salmon, will see their 

calcification and survival increasingly affected by acidification, thus potentially lowering food 

availability and, therefore, salmon recruitment (Aydin et al., 2005; Comeau et al., 2009). 

 

1.2 - Carbonate Chemistry and Sediments  

 

1.21 - Carbonate Chemistry in Seawater 

 

Carbonate-rich sediments are the ultimate, short-term sink of anthropogenic CO2. As ocean 

acidification disrupts the CaCO3 cycle of the ocean, hindering the ability for biogenic organisms 

to precipitate calcium carbonate skeletons/tests, it also leads to calcium carbonate dissolution if 

the surrounding waters become undersaturated (i.e., corrosive) with respect to these minerals 

(Feely et al., 2004; Morse et al., 2007). The chemical reaction that describes the solubility of 

calcium carbonate minerals in seawater is given by Equation 14.  

 

        (14) 

 

The equilibrium constant for this reaction corresponds to the stoichiometric (K*
sp) or 

thermodynamic (Kºsp) solubility products (see Equations 15 and 16). The thermodynamic 

solubility product is a function of the temperature (T) and pressure (P) while the stoichiometric 



solubility constant also varies with salinity (S). The K*
sp of aragonite and calcite in seawater of 

various salinities and temperatures was determined by Mucci (1983). The effect of pressure on 

K*
sp can be calculated from the partial molal volume and compressibility of the reactions, the 

values of which can be found in Millero (1995). Total ion concentrations are denoted by [i], total 

ion activities by (i) and total ion activity coefficients by . 

 

         (15) 

      (16) 

 

The two most common polymorphs of calcium carbonate that are precipitated by organisms 

and abiotically in the modern oceans are calcite and aragonite. During precipitation from seawater, 

calcite will incorporate various amounts of magnesium, as the latter substitutes for calcium in the 

crystal lattice. The products of these precipitations are called magnesium or magnesian calcites. 

The solubility of magnesian calcites in seawater at specific T, P and S values depends on the mole 

fraction of MgCO3 incorporated into the crystal (Busenberg and Plummer, 1989). At lower mole 

fractions (%MgCO3 <4%), the solubility of calcite is at its lowest, making this the most stable 

calcium carbonate polymorph. At higher mole fractions (%MgCO3 > ~5%), the solubility of calcite 

rapidly increases with MgCO3 content, exceeding that of aragonite beyond ~11% MgCO3, making 

them the least stable common CaCO3 polymorphs in seawater (Morse et al., 2007; Dickson, 2010; 

see Figure 1.3). At 25°C, aragonite is approximately 50% more soluble than calcite (Mucci, 1983). 

Therefore, high-magnesian calcites are expected to be the “first responders” to ocean acidification 

in shallow-water environments where they commonly accumulate (Morse et al., 2006). 
 

The saturation state of seawater with respect calcite or aragonite is defined by:  

 

        (17) 

 

Ωx is determined by the ratio of the ion concentration product ([Ca2+][CO3
2-]) in solution to the 

stoichiometric solubility product (K*
sp) of the mineral of interest. When the ion concentration 

product is equal to K*
sp, Ωx is equal to 1 and the solution is saturated or at equilibrium with respect 

to calcite or aragonite (Morse et al., 2006; Andersson et al., 2007). If Ωx is greater than 1, the 



solution is supersaturated and precipitation of the stated carbonate mineral should outpace its 

dissolution. Conversely, if Ωx is less than 1, the solution is undersaturated with respect to the stated 

mineral and dissolution should occur if that mineral is present (Morse and Mackenzie, 1990; Morse 

et al., 2006; Andersson et al., 2007).  

 

Ocean acidification shifts the balance of equations 1, 3 and 4 to favour HCO3
-
 and H2CO3

*, 

lowering the CO3
2- concentration and saturation state of the seawater with respect to carbonate 

minerals. Once CO3
2- has become sufficiently depleted, seawater will become undersaturated or 

corrosive with respect to CaCO3, and its dissolution should occur until saturation is re-established. 

Hence, ocean acidification will lower the accumulation and preservation of carbonate minerals in 

sediments. 

 

1.22 - Drivers and Inhibitors of Dissolution 

 

Whereas salinity, pressure and temperature affect the solubility product (K*
sp) of carbonate 

minerals in seawater, other substances and ions present in the water column/sediments can alter 

the rate of the reaction, regardless of the saturation state (Terjesen et al., 1961). 

 

 1.221 - Magnesium  

 

The incorporation of magnesium into carbonate minerals increases their stoichiometric and 

thermodynamic solubilities and therefore, decreases their stability (Andersson et al., 2008; 

Dickson, 2010). The current Mg:Ca ratio in seawater is ~5:1, meaning that many marine organisms 

incorporate some MgCO3, ranging from ~4% (the most stable) to as high as 30%,  into their 

skeletons/shells (Mackenzie et al., 1983). Davis et al. (2000) determined, through the use of 

Atomic Force Microscopy (AFM), that the sorption of Mg2+ to the crystal surface from the growth 

solution caused step “pinning” or “blocking”, slowing the advancement of crystal steps and 

therefore inhibiting the precipitation of calcite. This Mg2+ is eventually incorporated into the 

crystal lattice, thus, increasing its solubility (Davis et al., 2000). 

 

 



 1.222 - Phosphate  

 

Soluble reactive phosphate (SRP) is present in trace amounts (0.05-3.0 µmol/L) in seawater 

and is a very strong inhibitor of calcite dissolution and precipitation (Berner and Morse, 1974; 

Reddy, 1977). At surface seawater conditions of pHTotal = 8.1, SP = 35 and T = 25°C, 

orthophosphate or dissolved inorganic phosphate is present in three forms: HPO4
2- (79.2%), PO4

3- 

(20.4%) and H2PO4
- (0.4%), making HPO4

2- the dominant species (Millero, 2013). The influence 

of SRP on calcite precipitation and dissolution rates has been attributed to its adsorption at high-

energy sites on the calcite surface (Millero et al., 2001). This inhibits both growth and dissolution 

by adsorbing to the edge of steps on the crystal surface and pinning the advancement or retreat of 

steps (Burton and Walter, 1990; Dove and Hochella, 1993; Xu and Higgins, 2011). Surface waters 

are typically depleted in SRP, containing <1 µmol/L due to biological uptake, whereas deep marine 

waters typically contain ~3 µmol/L as organic phosphorus exported with particulate organic matter 

is remineralized at depth. Sediment pore water SRP concentrations can be tenfold higher due to 

the accumulation organic matter metabolites (Turekian, 1968; Broecker, 1974). Hence, the 

presence of high SRP concentrations can contribute to the preservation of carbonate minerals in 

marine sediments.   

 

 1.223 - Dissolved Organic Carbon (DOC) 

 

Dissolved Organic Carbon (DOC) is another inhibitor of calcium carbonate mineral 

precipitation and dissolution, as its adsorbs to the crystal surface, shielding the mineral from the 

solution and slowing reaction rates (Chave and Suess, 1970; Morse 1974; Berner et al., 1978; 

Veetil et al., 2018). Due to the low DOC concentrations in the deep ocean (<1mg/L), Morse (1974) 

suggested that DOC does not significantly inhibit calcite dissolution/precipitation in the water 

column, but may do so at the elevated DOC concentrations encountered in most sediment pore 

waters. 

 

 

 

 



1.23 - Calcium Carbonate Sediments 

 

CaCO3-rich sediments (>30 weight %) cover approximately 30% of the seafloor, making 

them a ready agent to neutralize anthropogenic CO2 that is injected into the deep ocean (Archer et 

al., 1998; see Equation 18).  

 

    (18) 

  

 The classic phrase coined by Noel James, “Carbonate sediments are born, not made”, 

powerfully summarizes the nature and genesis of carbonate sediments in the ocean. This holds true 

as the clear majority (>90%) of modern carbonates are biogenic (exoskeletons and hard parts from 

marine organisms) and are formed in marine environments known as Carbonate Factories (Tucker 

and Wright, 1990; James and Jones, 2015).  

 

1.231 - Shallow Carbonate Sediments 

 

The surface ocean is supersaturated with respect to calcium carbonate minerals, allowing 

them to precipitate in many marine environments. Shallow-water carbonate sediments are 

characteristic of tropical and sub-tropical environments, but in some cases, may form in more 

temperate waters or accumulate as detrital materials (Morse and Mackenzie, 1990; Andersson et 

al., 2003; Mackenzie and Andersson, 2013). Shallow-water carbonate sediments are usually 

precipitated in carbonate ramp or platform environments (James and Coquette, 1983). Carbonate 

platforms grow as organisms, such as corals and algae, build reefs and frameworks and broken 

fragments of skeletal material accumulate at the seafloor. In high energy environments, like the 

off-shore Bahama Banks, ooids dominate the carbonate sedimentary regime, forming spherical, 

layered grains (Morse and Mackenzie, 1990). Carbonate sediments precipitated in shallow-water 

environments are largely composed of aragonite and magnesian calcites (up to 30 mol% Mg) 

(Morse and Mackenzie, 1990).    

 

 

 



 1.232 - Deep Carbonate Sediments 

 

Calcium carbonate accumulating in deep-sea sediments of the open ocean is largely 

composed of low-magnesium calcite tests precipitated in the surface ocean by organisms such as 

cocolithophores and foraminifera (Morse and Mackenzie, 1990). Aragonite is precipitated largely 

by pteropods in the open ocean but, due to its elevated solubility, it is rarely preserved in the deep 

ocean (Morse and Mackenzie, 1990). The surface ocean is supersaturated with respect to calcite 

and aragonite, where in contrast, the deep ocean is not. This is in great part due to both calcium 

carbonate polymorphs displaying retrograde solubility; increasing solubility with decreasing 

temperature and increasing pressure, or in this case, increasing depth in the water column (Millero, 

2013). This increase in solubility with depth is complimented by the production of metabolic CO2 

in the water column, due to microbial respiration of settling organic matter, and the resulting 

decrease in pH and saturation state of seawater with respect to both calcite and aragonite in the 

oceanic water column (Morse and Mackenzie, 1990; Millero, 2013). The progressive decrease in 

saturation state with depth in the ocean leads to the establishment of distinct “sediment marker 

horizons” and the concept of “Carbonate Compensation” as settling CaCO3 particles are 

preferentially dissolved or preserved in the sediment record (Boudreau et al., 2010). The four major 

horizons within the deep ocean include the saturation level (aragonite and calcite), the lysocline, 

the compensation depth (aragonite and calcite) and the snow line (Zeebe and Westbroek, 2003; 

Millero, 2013). The first and shallowest horizon is the Aragonite Saturation Depth (ASD, ΩA = 1; 

~2500m in Atlantic and <300m in the North Pacific). Coincidently, it typically corresponds to the 

Aragonite Compensation Depth (ACD), the depth below which little or no aragonite accumulates 

in sediments. Next is the Calcite Saturation Depth (CSD, ΩC = 1; ~4000m in Atlantic and <500m 

in the North Pacific) or R0 level (Broecker and Peng, 1982; Morse and Mackenzie, 1990; Feely et 

al., 2004). As calcite particles settle beyond this depth, they are subjected to dissolution in the 

water column. The lysocline follows the CSD and marks the depth where the dissolution rate of 

calcite increases drastically, decreasing preservation in the sediment by up to 90% (Millero, 2013). 

The Calcite Compensation Depth (CCD) is defined as the depth where the rate of calcite supply 

from above is equal to the rate of dissolution. Below this level there is no net accumulation of 

CaCO3 in the sediments and these typically contain <10% CaCO3 by weight (Broecker and Peng, 

1982; Morse and Mackenzie, 1990; Millero, 2013). The final horizon is called the “marine snow 



line”, beyond this depth sediments are devoid of CaCO3 (Zeebe and Westbrook, 2003; Boudreau 

et al., 2010). 

 

1.24 - Future changes in Carbonate Chemistry  

 

In all future scenarios for which the atmospheric pCO2 increases from present day levels, 

ocean acidification will intensify, as implied by the series of thermodynamic equilibria described 

in Equations 1-4. These processes, however, do not include other stressors of marine ecosystems 

such as eutrophication and warming. These can greatly amplify the acidification of coastal 

environments, such as the St. Lawrence Estuary and Gulf, by increasing the flux of organic 

material to the system and accelerating its degradation, increasing the rate of metabolic CO2 

accumulation (Gilbert et al., 2005; Doney et al., 2007; Diaz and Rosenberg, 2008; Cai et al., 2011; 

Mucci et al., 2011). On short time scales (<100 years), the dissolution of carbonate sediments will 

buffer against the acidification, acting as a sink for CO2 (Orr, 2011; Mackenzie and Andersson, 

2013; see Equation 18).  

 

Several time-series have been constructed based on continued monitoring of seawater pH 

and pCO2 at research stations across the world; Hawaii Ocean Time-series (HOT), Bermuda 

Atlantic Time-series Station (BATS), and the European Station for Time-series Observations in 

the Ocean (ESTOC). These measurements all show a steady trend within the H2O-CO2-CaCO3 

system in response to the increase of atmospheric pCO2, providing the basis for modelling of the 

evolution of the seawater chemistry on short timescales (centuries) (Bates, 2007; Dore et al., 2008; 

Mackenzie and Andersson, 2013; see Figure 1.4). This trend is amplified in polar oceans, where 

[H2CO3*] is inherently higher and [CO3
2-] lower, making them more sensitive to the effects of 

ocean acidification. Within the next few decades, as the atmospheric pCO2 keeps increasing, the 

[CO3
2-] in the surface waters of the polar oceans is expected to drop below the aragonite saturation 

(Orr, 2011). As [CO3
2-] continues to decrease, a second critical concentration level will be reached 

where the surface waters will become undersaturated with respect to calcite, making all CaCO3 

polymorphs unstable. This scenario could be realized in the polar surface ocean by the end of this 

century (Orr, 2011; Mackenzie and Andersson, 2013). These conditions will be detrimental to 

organisms that precipitate carbonate tests, such as pteropods (aragonite), coccolithophores (low 



Mg-calcite) and foraminifera (low Mg-calcite), which lie at the base of food chain, as well as other 

organisms whose physiological functions will be affected by the lower pH of these waters (Fabry 

et al., 2008; Kroeker et al., 2013).  

 

1.3 - Biogeochemical Processes in Marine Sediments  

 

1.31 - Microbial Respiration and Diagenetic Processes 

 

 The preservation of CaCO3 minerals in marine sediments can be influenced by diagenetic 

processes (Jahnke et al., 1994; Mucci et al., 2000). The most important of these processes is the 

microbial degradation of organic matter, which is driven by the quantity and reactivity of the OM 

reaching the seafloor (and temperature). In marine sediments, the sequence of oxidants (or 

electron-acceptors) used for the microbial degradation of organic matter is dictated by their free 

energy yield (Claypool and Kaplan, 1974; Froelich et al., 1979). Bacteria first utilize the oxidant 

that yields the highest free energy until it is depleted, then the next most “energetic” oxidant is 

used (Froelich et al., 1979). These reactions will proceed until one of two scenarios occurs: (1) all 

available oxidants are depleted or (2) all reactive organic matter is oxidized (Froelich et al., 1979). 

Bioturbation affects the mobility of both oxidants (O2, NO3
-, Fe(III)/Mn(III) and SO4

2-) and CaCO3 

dissolution inhibitors (Mg2+, SRP and DOC) by creating “pathways” for solute exchange across 

the sediment-water interface (Boudreau et al., 1987; Anschutz et al., 2000; Katsev et al., 2006; 

Higgins et al., 2009). Calcite dissolution is likely to ensue during aerobic respiration of organic 

matter as the accumulation of metabolic CO2 decreases the saturation state of the sediment pore 

waters and may lead to an undersaturation (Walter and Burton, 1990; Mucci et al., 2000). On the 

other hand, microbial degradation of organic matter in marine sediments also generates soluble 

reactive phosphate (SRP) and dissolved organic matter (DOC), both of which can impede the 

dissolution of CaCO3.  

 

 

 

 

 



1.32 - Oxic Degradation of Organic Matter 

 

 1.321 - Aerobic Respiration 

 

The first and most efficient oxidant used during microbial catabolism of sedimentary 

organic matter is oxygen (O2). In an oxygenated water column, the zone of aerobic respiration is 

located in the uppermost layers of the sediment and typically ranges from a few mm to <10 cm in 

depth in the coastal ocean (Cai and Reimers, 1995; Cai and Sayles, 1996) to 100s of meters in the 

abyssal plains of the deep oceans (Burdige, 2006). The thickness of this zone, the oxygen 

penetration depth in the sediment, depends on several factors (Cai and Sayles, 1996). The first, the 

sediment oxygen demand, a measure of the bacterial activity, is a function of the amount and 

reactivity of organic matter delivered to the seafloor as well as temperature. The second, the rate 

of dissolved oxygen (DO) delivery to the sediment, is a function of the overlying water oxygen 

concentration, the sediment tortuosity, itself a function of the permeability and porosity of the 

sediment.  The tortuosity affects the diffusion rate of oxygen through the sediment by increasing 

the diffusional path length (Silverberg et al., 1987; Mouret et al., 2010). Aerobic degradation of 

organic matter releases metabolic CO2 to the pore waters, resulting in a drop in pH, and their 

saturation state with respect to calcite and aragonite (ΩC and ΩA) (Froelich et al., 1979; Mucci et 

al., 2000; Mouret et al., 2010; see Equation 19).  

 

       (19) 

 

     

 

 1.322 - Denitrification  

 

The reduction of nitrate is the next most energy efficient pathway for the oxidation of 

organic matter in marine sediments and leads to a drop in pH, carbonate alkalinity (AC), and 

saturation state. The abundance of nitrate in marine pore waters (~30 µM), however, is limited 

relative to oxygen (~350 µM), making for a limited contribution to the overall aerobic oxidation 



and a minor impact on the acidification of the pore waters (Froelich et al., 1979; Mucci et al., 2000; 

see Equation 20). 

 

      (20) 

 

 

 

1.33 - Suboxic Degradation of Organic Matter 

 

 1.331 - Manganese and Iron Oxide Reduction 

 

Manganese(II) and iron(II) accumulate in sediment pore waters following the microbially-

mediated reduction of manganese(III) and iron(III) oxides during suboxic degradation of organic 

matter (Froelich et al., 1979; Mucci et al., 2000; Thamdrup, 2000; see Equations 21 and 22). The 

reduction of these metal oxides typically starts below the oxic zone in the sediment profile (Cai 

and Sayles, 1996). Manganese(III) oxide reduction occurs preferentially over iron(III) oxide due 

to the higher free energy yield of the oxidation reaction. The extent of both reactions, however, 

depends on the abundance and reactivity of the various oxides (Froelich et al., 1979). These 

reactions consume protons from pore waters thus lowering pH, increasing carbonate alkalinity 

(AC) and saturation state of pore waters with respect to carbonate minerals, and can, on rare 

occasions, such as in the Baltic Sea (Sternbeck and Sohlenius, 1997), lead to the precipitation of 

authigenic carbonates at depth (Mucci et al., 2000). Fe(III) and Mn(III) oxide surfaces have a 

strong affinity for other ions, particularly oxyanions in solution, leading to a reduced concentration 

of components such as soluble reactive phosphate, molybdate and arsenate in pore waters 

(Manning and Goldberg, 1996). Mn(II) accumulating in sediment pore waters can also act as a 

CaCO3 dissolution inhibitor through adsorption to the mineral surface, thus promoting the 

preservation of CaCO3 minerals (Arvidson et al., 2003).  

 

    (21) 

 

 



   (22) 

  

 

 

 1.332 - Sulfate Reduction 

 

Organic matter oxidation by sulfate occurs when the accumulation rate of organic matter 

surpasses the oxidation potential of oxygen, nitrate and Mn(III)/Fe(III) oxides delivered to the 

sediment (Froelich et al., 1979; Mucci et al., 2000; see Equation 23). The generation of sulfide can 

lead to the precipitation of iron monosulfides (FeS) and pyrite (FeS2). Sulfate itself, however, is a 

strong inhibitor of CaCO3 dissolution and precipitation, and its presence may result in an increase 

in the preservation of carbonate minerals (Sjoberg, 1978; Mucci et al., 1989). The reduction of 

seawater sulfate leads to a minor decrease in pH, but net carbonate alkalinity (AC) production that 

will lead to an increase of the saturation state (ΩC and ΩA) of the pore waters. Therefore, in the 

sulfate reduction zone, the precipitation of authigenic carbonate minerals may occur (Froelich et 

al., 1979; Boudreau and Canfield, 1988; Mucci et al., 2000).  

 

      (23) 

 

 

 

1.4 - The St. Lawrence Marine System and Anticosti Island  

 

1.41 - The St. Lawrence Estuary and Gulf 

 

The St. Lawrence Estuary (SLE) is the largest enclosed estuary in the world. It is located 

in Eastern Canada and links the Great Lakes through the St. Lawrence River to the North Atlantic 

Ocean (see Figure 1.5).  The true estuary starts at the eastern tip of Ile d’Orléans (i.e., first intrusion 

of seawater), a few kilometers east of Quebec City, and is typically described by three major 

components; the Upper St. Lawrence Estuary (USLE), from Ile d’Orléans to Tadoussac, the Lower 

St. Lawrence Estuary (LSLE), from Tadoussac to Pointe-des-Monts, and the Gulf of St. Lawrence 



(GSL). The Gulf of St. Lawrence is a partially closed sea, which is connected to the North Atlantic 

Ocean through the Cabot Strait and the Strait of Belle Isle. The dominant morphological feature 

of the estuary is the Laurentian Trough, a 1240km long, <500 m deep, submarine canyon, that 

extends from the continental shelf break to the head of the Lower Estuary at Tadoussac.  

 

 The water column within the Laurentian Trough is stratified and defined by three layers 

during the ice-free season (Dickie and Trites, 1983; Mucci et al., 2011): (1) 25-50 m deep, brackish 

(SP ~27-32), surface layer that flows seaward, (2) a saline (SP ~ 31.5-33), cold (-1 to 2°C), 

intermediate layer to a depth of ~150 m that forms in the Gulf in the winter and flows landward, 

(3) a more saline (SP ~34-35), warm (4 to 7°C), bottom layer below 150 m that originates in the 

northwestern Atlantic and flows landward at an average rate of ~0.5 cm sec-1 (El-Sabh and 

Silverberg 1990; Bugden, 1991; Gilbert, 2004). The thickness of the surface and intermediate 

layers vary over the course of the year, combining in the winter due to cooling and separating in 

the summer (Galbraith, 2006). The composition of the deep waters is the product of mixing, 

between the Labrador Current (LCW) and the North Atlantic Central Waters (NACW), at the edge 

of the continental shelf before entering the Gulf of St. Lawrence through the Cabot Strait (Bugden, 

1991; Gilbert et al., 2005). The LCW is cooler and oxygen-rich compared to the NACW. In the 

early 1930’s, the LCW accounted for ~72% of the deep-water mixture entering the Gulf of St. 

Lawrence, but the mixing ratios have changed over time. In 2005, the mixing ratio was estimated 

at 53% LCW to 47% of the warmer, oxygen-depleted NACW, leading to a progressive decrease 

in the amount of oxygen supplied to the deep waters entering the GSL (Gilbert et al., 2005). The 

dissolved oxygen of these deep waters is gradually consumed as they flow landward as a result of 

the microbial degradation of organic matter (Benoit et al., 2006; Thibodeau et al., 2006; Genovesi 

et al., 2011). Due to the permanently stratified structure of the water column in the SLE, 

replenishment of dissolved oxygen in the bottom waters occurs by slow diffusion and turbulent 

mixing from the surface waters (Bugden, 1991). Over the past century, the combination of changes 

in the mixing ratio of the source waters at depth and increased microbial respiration rates has led 

to the depletion of oxygen in the GSL and the development of persistent hypoxia in the LSLE 

(Gilbert et al., 2005; Genovesi et al., 2011; Lefort et al., 2012; see Figure 1.6). The accumulation 

of metabolic CO2 in the bottom waters of the LSLE and GSL has led to their acidification, 

mimicking conditions predicted for the surface ocean by the end of this century (Mucci et al., 



2011). Hence, the recruitment, growth, metabolism and survival of calcifying invertebrates and 

other benthic organisms exposed to these waters could be deleteriously affected (Kuhihara, 2008; 

Gazeau et al., 2010; Talmage et al., 2010; Parker et al. 2012). Biogenic carbonate minerals, 

however, are almost absent within the Laurentian Trough sediments, except for detrital carbonates 

being eroded from Anticosti Island and episodic coccolithophore blooms in the vicinity of the 

Belle Isle Strait (Levasseur et al., 1994; Fuentes-Yaco et al., 1997; Levasseur et al., 1997). 

 

1.42 - Anticosti Island 

 

Anticosti Island is located off the coast of Quebec, Canada in the Gulf of St. Lawrence. It 

is 222 km long and 56 km wide (James et al., 2015). The island is composed of a well preserved, 

900 m thick, package of Upper Ordovician and Lower Silurian sedimentary rocks and is considered 

to be the best representation of the Ordovician-Silurian Boundary in the world (Orth et al., 1986; 

Desrochers, 2006; Desrochers et al., 2010; James et al., 2015). The stratigraphy of Anticosti Island 

describes a south-westward dipping, shallow, carbonate ramp that was originally deposited in a 

tropical environment in the northern Iapetus Ocean (Long et al., 1987; Long, 1993; Desrochers, 

2006; James et al., 2015). The Ordovician and Silurian periods were much different than the 

modern environment, and are considered to be in a phase known a “Calcite Sea” where the 

seawater Mg:Ca ratio was ~1:1, in contrast to 5:1 today, and low magnesium calcite (LMC) was 

the readily precipitated carbonate mineral. Any aragonite or high magnesium calcites (HMC) 

would presumably have been subsequently recrystallized or dissolved (Stanley and Hardie, 1998; 

James et al., 2015). Atmospheric pCO2 levels are estimated to have been as much as 10 times 

higher than present day values (Berner, 2004). 

 

1.5 - Research Objectives and Rationale 

 

 Over the past century, minimum dissolved oxygen concentrations (DO) in the bottom 

waters of the Lower St. Lawrence Estuary (LSLE) and the Gulf have decreased dramatically from 

125 μmol/L in the 1930’s, to values as low as 60 μmol/L in the early 1980’s, 51.2 μmol/L in 2003 

and the lowest value recorded of 49.4 μmol/L in 2017 (Gilbert et al., 2005; Mucci et al., 2011). 

Oxygen depletion has been attributed primarily to changes in the mixing ratios, on the eastern 



Canadian continental margin at the entrance to the Gulf of St. Lawrence, of the two major source-

water masses: the Labrador Current Water (LCW) and the North Atlantic Central Water (NACW). 

These two water masses make up the deep water that enters the Gulf of St. Lawrence and St. 

Lawrence Estuary through the Cabot Strait (Gilbert et al., 2005). The remaining depletion of 

oxygen is caused by the microbially-mediated oxidation of organic matter settling from the 

surface, coupled with a poorly ventilated, heavily stratified water column. This has led to the 

accumulation of metabolic CO2 in the bottom waters, their acidification and a decrease in pH (0.3-

0.4 pH unit). The latter is commensurate to the variation expected for average oceanic surface 

waters by the end of this century, making this setting an analogue for ocean acidification and its 

future impacts (Mucci et al., 2011). The decrease in pH is accompanied by a decrease in the 

carbonate ion concentration and the saturation state of the waters with respect to both calcite and 

aragonite (ΩC and ΩA). Although the Laurentian Trough sediments are mostly devoid of calcium 

carbonate fossils, detrital (Ordovician/Silurian) carbonates originating from Anticosti Island 

accumulate on the neighboring seafloor. 

 

 Though aragonite is absent from these sediments, the fate of the detrital calcite has yet to 

be documented. Therefore, the main objective of this thesis is to determine if and how the 

development of oxygen-depleted bottom waters of the St. Lawrence Estuary and Gulf, and the 

concomitant acidification as a result of metabolic CO2 accumulation, is affecting the preservation 

of detrital carbonates that have accumulated off the coast of Anticosti Island. This overarching 

objective has led to the formulation of three primary research questions:  

 

(1) Can evidence of carbonate dissolution be observed in solid-phase and pore water 

profiles of the neighboring sediments? 

(2) Has preservation of carbonate minerals in the Gulf of the St. Lawrence sediment 

decreased over time?  

(3) How does the preservation of calcium carbonate vary spatially within the Gulf of the 

St. Lawrence?  

 

The results and methodology of this thesis are compiled in the form of an academic 

manuscript in Chapter 2. The manuscript, titled “The Impact of Oxygen Depletion and the 



Concomitant Acidification of Bottom Waters on the Preservation of Detrital Carbonates in the 

Gulf of St. Lawrence”, explores and answers the above questions in detail. The final section of this 

thesis (Chapter 3) includes a set of general conclusions, a summary of the work and 

recommendations for future research.  

 

 

 

 

 

 

 

 

 

  

 

  

 

 



Figure 1.1: Bjerrum/speciation diagram of DIC under varying environmental conditions (Bold 
lines are for SP =35, T=25ºC, P = 1 bar, thin lines are for S=35, T=0ºC, P= 1 bar, dashed lines are 
for SP=35, T=0ºC and P=300 bar) The shaded region represents the current, annual range of ocean 
surface pHT (Average=8.1, total proton concentration scale defined under the constant ionic 
medium convention). The hashed region represents the projected range for the year 2100 (Barker 
and Ridgwell, 2012). 



Figure 1.2: Air-sea exchange of carbon dioxide along with the biological and physical pump 
systems (Hannes Grobe, Alfred Wegener Institute for Polar and Marine Research, taken from 
https://commons.wikimedia.org/wiki/File:CO2_pump_hg.png). 



Figure 1.3: The thermodynamic solubility of aragonite, calcite and magnesian calcites at 25°C 
(Dickson, 2010). 



Figure 1.4: Surface ocean pCO2, pHT, and [CO3
2-] as recorded at the Bermuda Atlantic Time-

Series Station (BATS; red), the Hawaii Ocean Time-series (ALOHA; green), and the European 
Station for Time-series Observations in the Ocean (ESTOC; blue) over the past few decades. 
Atmospheric pCO2 is shown in lockstep with pCO2 in the ocean by the black line (Mackenzie and 
Andersson, 2013). 



Figure 1.5: Map of the St. Lawrence Marine System, including the Great Lakes, St. Lawrence 
River, Upper St. Lawrence Estuary (USLE), Lower St. Lawrence Estuary (LSLE) and Gulf 
of St. Lawrence (GSL) (Overview of the state of the St. Lawrence River, 2014).



Figure 1.6: Map of the Lower St. Lawrence Estuary (LSLE) and the Gulf of St. Lawrence (GSL), 
showing the Laurentian Channel and the oxygen saturation of the bottom waters (Gilbert et al., 
2007).
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Chapter 2: The Impact of Oxygen Depletion and the 

Concomitant Acidification of Bottom Waters on the 

Preservation of Detrital Carbonates in the Gulf of St. 

Lawrence 
 

Abstract: 

 

Over the past century, dissolved oxygen concentrations (DO) in the bottom waters of the 

Lower St. Lawrence Estuary (LSLE) and the Gulf have decreased dramatically and led to the 

development of persistent hypoxia ([O2] = <62.5μmol/L) in the LSLE. Oxygen depletion has been 

attributed primarily to changes in ocean circulation in the northwest Atlantic Ocean and an increase 

in the flux of organic matter to the seafloor. Accumulation of metabolic CO2 in these waters has 

also resulted in their acidification and a decrease in pH (0.3-0.4 pH unit), commensurate to the 

variation expected for oceanic surface waters by the end of this century, thus, making this setting 

an excellent analogue for studies of ocean acidification and its ecological impacts. The decrease 

in bottom-water pH is accompanied by a decrease in the carbonate ion concentration and the 

saturation state of the waters with respect to both calcite and aragonite (ΩC and ΩA). Although the 

Laurentian Trough sediments are mostly devoid of modern calcium carbonate fossils, detrital 

(Ordovician/Silurian) carbonates originating from Anticosti Island accumulate on the neighboring 

seafloor. This study examines the impact of oxygen depletion and the concomitant acidification of 

bottom waters on the preservation of these detrital carbonates in the Laurentian Trough. Evidence 

of carbonate mineral dissolution is supported by an analysis of the inorganic carbon content of the 

sediments and their pore water chemistry. Historical data are used to determine the temporal 

evolution of the solid phase profiles as well as document spatial variations of preservation is 

examined. Finally, the mineralogy, chemical (Mg/Ca) and stable isotopic composition (δ13C and 

δ18O) of carbonates in sediment cores recovered in the Trough were compared to the source 

material eroded from Anticosti Island.  

  



2.1 – Introduction  

 

 Over the past 180 years, carbon dioxide (CO2) concentrations in the atmosphere have 

increased exponentially, surpassing the 400 ppm mark at the end of 2014. These concentrations 

exceed pre-industrial levels by nearly 40% and surpass all levels recorded in the past 800,000 years 

(Feely et al., 2004; Doney et al., 2009; Feely et al., 2009; Le Quéré et al., 2009; Tans and Keeling, 

2016). Since the onset of industrialization, the ocean, the largest CO2 reservoir on Earth, has taken 

up just over a quarter of all anthropogenic emissions to the atmosphere making it the largest sink 

of anthropogenic CO2 (Feely et al., 2004; Sabine and Feely, 2007; Feely et al., 2009; Gattuso and 

Hansson, 2011). The sequestration of anthropogenic CO2 by the ocean prompts a decrease in pH, 

or ocean acidification (OA), which, over the past century has led to a decrease of ~0.1 in the pH 

of the surface ocean (Caldeira and Wickett, 2005). The Intergovernmental Panel on Climate 

Change (IPCC) “business as usual” scenario (IS592a) predicts that CO2 concentrations will exceed 

700 ppm by 2100 (IPCC, 2007). This, ultimately, will cause the pH of the surface ocean to decrease 

by another 0.3-0.4 unit by 2100, further lowering the saturation state of seawater with respect to 

calcium carbonate minerals (CaCO3) (Orr et al., 2005; Orr, 2011). The saturation state is defined 

as:  

 

          (1) 

 

where [i] are total ion concentrations and K*
sp is the stoichiometric solubility constant of calcite 

(C) or aragonite (A) under in-situ conditions (Mucci, 1983; Millero et al., 1995). Most of the 

surface ocean is currently supersaturated with respect to calcite and aragonite (ΩC,A>1) whereas 

the deep ocean is not. This is largely due to both calcium carbonate polymorphs displaying 

retrograde solubility (i.e., increasing solubility with decreasing temperature) and greater solubility 

with increasing pressure or, in this case, increasing depth in the water column. OA has raised the 

aragonite and calcite saturation depths (depth at which ΩA and ΩC are respectively equal to 1) and 

their respective compensation depths (depths at which no net accumulation of calcite or aragonite 

occurs) by 30-200 m from the pre-industrial to present (Feely et al., 2004; Doney et al., 2009; 

Feely et al., 2009) triggering the dissolution of CaCO3 minerals and neutralizing some the 

anthropogenic CO2 that has reached the deep ocean (Archer et al., 1998, Sulpis et al., 2018), 



making carbonate-rich sediments the ultimate short-term sink of anthropogenic CO2. The overall 

reaction describing the neutralization of anthropogenic CO2 is: 

 

      (2) 

 

 Coastal regions are especially vulnerable to acidification, making them the first 

environments to show the most profound consequences of this phenomena (Gattuso et al., 1998; 

Orr et al., 2005; Gattuso and Hansson, 2011).  The coastal ocean is the most productive marine 

environment on Earth, accounting for almost 30% of all primary productivity in the ocean, despite 

comprising only 10% of its surface area (Gattuso et al., 1998; Gattuso and Hansson, 2011; Bauer 

et al., 2013). These highly productive environments are also commonly susceptible to 

eutrophication in response to the increased flux of nutrients from human activities and the 

consequent increase in organic matter (OM) production through photosynthesis and its export at 

depth (Berner and Berner, 1996; Gattuso and Hansson, 2011; Mackenzie et al., 2011). In a strongly 

stratified water column, where oxygen is not readily replenished at depth through advective 

mixing, the increased flux of particulate organic matter can lead to oxygen (O2) depletion at depth 

upon the microbial degradation of the OM and the accumulation of metabolic CO2. The latter 

greatly intensifies the effects of OA, beyond the contribution from the atmosphere (Cai et al., 2011; 

Gehlen et al., 2011; Mucci et al., 2011).  

  

 Most of the OM produced in the surface ocean undergoes microbial degradation as it settles 

through the water column and is remineralized back into CO2. A fraction, however, makes it to the 

seafloor where it will sustain a suite of microbially-mediated diagenetic reactions that will alter 

the pore water chemistry, including their saturation state with respect to CaCO3 minerals and 

preservation of the latter (Froelich et al., 1979; Mucci et al., 2000). Whereas CaCO3 delivered to 

the seafloor may be dissolved during aerobic respiration of sedimentary organic matter, suboxic 

(Mn and Fe oxide reduction) and anoxic diagenesis (sulfate reduction and fermentation) may lead 

to authigenic carbonate mineral precipitation (Froelich et al., 1979; Gaillard et al., 1989; Boudreau 

et al., 1992; Mucci et al., 2000). Microbial degradation of organic matter (aerobic and anaerobic) 

in marine sediments also generates soluble reactive phosphate (SRP) and dissolved organic matter 



(DOC), both of which can inhibit CaCO3 dissolution and precipitation reactions and, thus, affect 

their preservation (Morse et al., 2007). 

 

In this paper, we investigate the impacts of oxygen depletion and the concomitant 

acidification of bottom waters in the Laurentian Trough on the preservation of CaCO3 minerals in 

Gulf of St. Lawrence sediments. We address these objectives from interpretations of the chemical 

and isotopic analyses of sediments and pore waters from box cores taken over the past ~15 years 

at three stations (17 (2010, 2014, 2016), 18 (2003, 2013, 2016) and Anticosti (2017)) in the Gulf 

of St. Lawrence, in proximity to Anticosti Island. 

 

2.2 – Geological Setting 

 

The St. Lawrence Estuary (SLE) is the largest enclosed estuary in the world. It is located 

in Eastern Canada and links the Great Lakes through the St. Lawrence River to the North Atlantic 

Ocean (see Figure 2.1). The true estuary starts at the eastern tip of Ile d’Orléans (i.e., first intrusion 

of seawater), a few kilometers east of Quebec City, and is typically described by three major 

segments: the Upper St. Lawrence Estuary (USLE), from Ile d’Orléans to Tadoussac, the Lower 

St. Lawrence Estuary (LSLE), from Tadoussac to Pointe-des-Monts and the Gulf of St. Lawrence 

(GSL). The Gulf of St. Lawrence is a partially enclosed sea, which is connected to the North 

Atlantic Ocean through the Cabot Strait and the Strait of Belle Isle. The dominant morphological 

feature of the estuary is the Laurentian Trough, a 1240 km long, 300-600 m deep, submarine 

canyon, that extends from the continental shelf break westward to the head of the LSLE at 

Tadoussac. The sediments within the Trough are composed of, on average, 60% clay, 35% silt, 

and 5% sand. They are primarily derived from the mechanical weathering of Precambrian silicate 

shield rocks to the north and the Early Palaeozoic sedimentary rocks of the Appalachians to the 

south (Nota and Loring, 1964; Piper et al., 1990; Jaegle, 2015). These sediments are almost 

completely devoid of CaCO3 minerals, apart from the accumulation of detrital CaCO3 on the 

seafloor around Anticosti Island - a 222 km long and 56 km wide Ordovician-Silurian Carbonate 

Platform (Desrochers, 2006; Desrochers et al., 2010; James et al., 2015). Over the past century, 

the combination of warmer bottom waters, changes in the mixing ratio of source-water masses at 

the shelf edge and microbial degradation of organic matter settling from the surface has led to the 



depletion of oxygen and the accumulation of metabolic CO2 within the bottom waters of the GSL 

and LSLE, their acidification and the development of hypoxia in the LSLE (Gilbert et al., 2005; 

Mucci et al., 2011).  

 

2.3 – Methods  

 

2.31 – Sampling  

 

In May 2016, sediment and pore water samples were recovered onboard the R/V Coriolis 

II at Stations 17 and 18 in the Laurentian Trough within the Gulf of the St. Lawrence (see Figure 

2.1). These two stations were cored in previous years (17 - 2010 and 2014 and 18 -  2003 and 

2013), providing historical data and additional material for analysis. In June 2017, additional 

sediment and pore water samples were retrieved, this time from Station Anticosti, ~40 kilometers 

south of Anticosti Island (see Table 2.1). On the same occasion, a sediment grab was taken from 

the delta of the Jupiter River on Anticosti Island (49°28’42”N 63°37’00”W) to retrieve carbonate 

samples from one of the tributary sources of the detrital material. 

 

Undisturbed sediment cores were retrieved with an Ocean Instrument Mark II box corer. 

Immediately after a core (0.12 m2 x 50 cm long) was recovered, it was transferred into a specially-

designed Plexiglas glove box (Edenborn et al., 1986) where the atmosphere was purged and 

replaced by a steady flow of N2 to limit redox reactions during sampling. Once in place, each core 

was sub-sampled at specific depth intervals; at 0.5-cm increments for the first centimeter, at 1-cm 

increments to 5 cm, at 2-cm increments to 15 cm, at 3-cm increments to 24 cm, and finally at 4-

cm increments to 36 cm. At each depth interval, as the sediment was exposed by step-wise 

lowering of the front plate, sediment samples were transferred and stored in pre-weighed plastic 

vials. The vials were later weighed, freeze-dried, and re-weighed to determine the sediment water 

content. Sediment porosity was calculated (see Table 2.2a-g) from the water content and the 

salinity of the overlying seawater, as recorded by a SeaBird SBE-911 conductivity-temperature-

depth (CTD) probe mounted on a rosette sampler that was lowered to within 5 meters of the 

bottom, using a dry sediment density of 2.65 g/cc. The water samples collected by Niskin bottles 

mounted on the rosette were analyzed for various parameters (pHT, Total Alkalinity (TA), 



Dissolved Silica (DSi), Soluble Reactive Phosphate (SRP)) allowing for the chemical 

characterization of the overlying waters (OLW) at each station. The analytical protocols are 

described in detail below. The freeze-dried sediments were then ground and homogenized with an 

agate pestle and mortar in preparation for later analyses. In addition, at each depth interval within 

the core, a portion of the sediment was transferred into Reeburgh-type squeezers (Reeburgh, 1967) 

and pore waters extracted (250-400 kPa N2) as they were filtered through a 1 µm nominal pore 

size microfiber glass filter and 0.45 µm Millipore HA mixed cellulose filter into pre-washed 

polyethylene syringes. The collected pore waters were then rationed into two different bottles. A 

first portion was transferred into 30 mL, acid-washed, polyethylene bottles, and subsequently 

acidified with 1% by volume of concentrated trace metal-free HNO3. A second portion was 

transferred into 30 mL amber glass bottles and poisoned with a few crystals of HgCl2. All pore 

waters were kept refrigerated until analysis.  

 

2.32 – Analyses 

 

2.321 – Pore water and Overlying Waters 

 

 The total dissolved Ca, Fe and Mn concentrations of the acidified pore water samples were 

determined by flame atomic absorption spectrophotometry (AAS). Calibration curves were 

constructed using commercial, aqueous 1000 mg/L certified standard solutions. The detection 

limits for both Mn and Fe were 0.1 mg/L and 0.01mg/L for Ca. Reproducibility for these analyses 

was better than ±5%. pH, on the total proton concentration scale (pHT), was determined onboard 

spectrophotometrically at 25.0°C using a m-cresol purple indicator solution with a precision of 

±0.005 (Clayton and Byrne, 1993; Mucci et al., 2011). Total alkalinity was determined at the land-

based laboratory by open-cell automated potentiometric titration (Titrilab 865, Radiometer®) with 

a pH combination electrode (pHC2001, Red Rod®) and a dilute (~0.01 N) HCl titrant. The latter 

was calibrated against Certified Reference Materials (CRM Batch#94, provided by A. G. Dickson, 

Scripps Institute of Oceanography, La Jolla, USA). Samples were drawn from the 30 mL HgCl2-

poisoned sample bottles and weighed on an analytical balance to ± 0.1 mg. The average relative 

error, based on the average relative standard deviation on replicate standard and sample analyses, 

was better than 0.15%. 



 The Dissolved Inorganic Carbon (DIC) concentration of the pore waters, extracted from 

the 2017 Anticosti core and stored in HgCl2-poisoned bottles, was measured at the Laboratoire des 

Sciences du Climat et de l'Environnement in Gif-sur-Yvette (France) using a SciTech Apollo DIC 

analyzer. Once thermally equilibrated at 25°C, 1-1.5 mL of the sample was acidified with 10% 

H3PO4 after being injected into the instrument’s reactor. The evolved CO2 was carried to a LI-

COR infrared analyzer by a stream of pure nitrogen. A calibration curve was constructed using 

gravimetrically prepared Na2CO3 solutions, and the accuracy of the measurements was verified 

using a CRM. Reproducibility was typically on the order of 0.2%.  

 

Soluble Reactive Phosphate (SRP) and Dissolved Silica (DSi) concentrations were 

determined spectrophotometrically using, respectively, the phospho-molybdate and molybdate 

blue methods described in Grasshoff et al. (1999) in 10-cm and 1-cm pathlength cells. Calibration 

curves were constructed using dilutions of an in-house concentrated stock solution prepared 

gravimetrically with dried, anhydrous potassium dihydrogen and dilution of a commercial (Fisher 

Scientific), 1000 ppm Si atomic absorption standard solution. The detection limit was 0.01 µmol/L 

for both SRP and DSi while the precision was ~±5%.  

 

The ∂13C (DIC) of the pore waters extracted from sediments recovered at Station 18 (2016) 

and Anticosti (2017) were determined at the GEOTOP Stable Isotope Laboratory (Université du 

Québec à Montréal). Twelve drops of 100% phosphoric acid (H3PO4) were transferred to 3 mL 

glass vials and purged with helium. A few milliliters of the pore waters were injected with a syringe 

through the septum. The evolved, headspace CO2 was sampled using a Micromass MicroGasTM 

system and analyzed in continuous flow mode using an Isoprime 100TM Isotope Ratio Mass 

Spectrometer (IRMS). Carbon isotopic values are reported in per mil (‰) with respect to Vienna 

PeeDee Belemnite (VPDB) referenced to the NBS19-LSVEC scale. Results were normalized on 

the NBS19-LSVEC scale using two internal reference materials (δ13C=-3.41‰ and -19.51‰ vs 

VPDB). Replicate δ13CDIC measurements of the same samples yielded a combined uncertainty of 

better than ±0.2‰ (1σ). 

 

 

 



2.322 – Sediment  

 

 The Total Inorganic Carbon (TIC) content of the sediments was determined using a  

UIC CoulometricsTM coulometer following acidification of a weighed aliquot of the freeze-dried, 

ground and homogenized samples and CO2 extraction. The detection range is between 1µg and 

10,000 µg of carbon with a precision of ±2%. Contribution to TIC from pore water DIC 

precipitated during freeze drying was calculated and found to be negligible (<0.01%). Total 

Carbon (TC) was determined on the freeze-dried sediment samples using a Carlo ErbaTM NC 2500 

elemental analyzer (NC2500TM). Total Organic Carbon (TOC) was determined by subtracting 

TIC from TC (TOC=TC-TIC).  

 

The stable carbon (∂13C) and oxygen (∂18O) isotope composition of the sedimentary CaCO3 

were analyzed on a gas-source mass spectrometer (Nu Instruments Perspective with NuCarb at 

McGill University). Phosphoric acid was added to sediment samples at 70°C, and the isotopic 

composition of the evolved CO2 was used to determine the stable isotope signature, which was 

corrected with an acid fractionation factor of 1.00871, as calculated from Kim et al. (2007). 

Precision for ∂13C and ∂18O were <0.06‰ and <0.08‰ respectively. Carbon and oxygen isotopic 

values are reported in per mil (‰) with respect to Vienna PeeDee Belemnite (VPDB).  

 

The carbonate mineralogy of sediment samples was determined by X-Ray diffraction 

spectrometry (Rigaku SmartlabTM X-Ray Diffractometer). Diffractograms were obtained using a 

copper cathode at 60kV and scanned over a 2ø range of 10º-60º at a scan rate of 1.5 º/minute. The 

cell volume value at the (104) peak was plotted against a calibration curve constructed with 

parameters taken from Bischoff et al. (1983) for biogenic calcites to determine the MgCO3 modal 

content of the solid carbonate. The lower detection limit of this method is 0.4 MgCO3% with an 

accuracy of 0.8 mol % (Titschack et al., 2011). 

 

2.33 – Calculation of Carbonate Parameters 

 

 The calcite saturation state (ΩCalcite; see Equation 1) and DIC speciation of the overlying 

and pore waters were calculated using two of the three measured carbonate parameters: pHT, DIC 



and TA. According to Orr et al. (2018), the combined propagated uncertainty of pairing TA-DIC 

parameters is the lowest when attempting to calculate the carbonate ion concentration and therefore 

the saturation state. The carbonic acid dissociation constants of Mehrbach et al. (1973), refit by 

Dickson and Millero (1987), and the HSO4
- constant of Dickson (1990) were used along with 

measured input variables, including SRP and DSi, in CO2SYS for the calculation of the in-situ 

pHT and saturation state (Lewis and Wallace, 1998).  

 

2.4 – Results  

 

Location of sampling sites, their respective sampling month/year and selected bottom- 

water characteristics/properties (depth (m), T (ºC), S, pHT and ΩCalcite) are presented in Table 2.1. 

All sediments retrieved from the trough are composed of fine silt-sized particles.  Sedimentation 

rates in the Gulf of St. Lawrence to the south-west of Anticosti Island and the central Laurentian 

Channel/Trough were estimated by Smith and Schafer (1999) and later confirmed by Genovesi et 

al. (2011), using 210Pb radiometric dating, to be 0.13 cm/year at Station 17 and 0.18 cm/year at 

Station 18.  

 

The inorganic carbon (IC) content of the sediments at Station 18 (2013 and 2016) is 

relatively constant at depth but decreases sharply towards the sediment-water interface (SWI) (see 

Figure 2.2). Assuming that the rate of detrital carbonate delivery to the seafloor has been invariant 

over the time interval represented by at least the first 15 cm of our cores (~83 years at Station 18 

and 115 years at Station 17), we estimated the amount of CaCO3 dissolution, by integrating the 

loss of IC over the first 8 cm (1x1x8 cm) of the sediment, using the average, historical IC content 

at depth as the baseline. The integration was carried out over the first 8 cm since the IC content of 

the sediment is nearly constant below this depth, marking the vertical extent of dissolution. A dry 

sediment density of 2.65g/cm3 and the calculated porosity were used in conjunction with the 

integrated area to calculate the amount of CaCO3 dissolved, yielding 4.07, 4.36 and 5.72 µmol/cm2 

for 2003, 2013 and 2016, respectively. At Station Anticosti (2017), the vertical profile is similar 

and shows a gradual decrease in IC towards the SWI (see Table 2.2a-g). Using the same integration 

technique over the first 8 cm of sediment, we determined that 19.4 µmol/cm2 has dissolved relative 

to the baseline IC content at depth. At Station 17 (2010, 2014 and 2016), the vertical IC profiles 



are relatively uniform throughout the core, with the exception of positive excursions/anomalies 

within the 2014 and 2016 cores (see Table 2.2a-g).  

 

X-ray diffraction (XRD) was used to determine the mineralogy of the sedimentary 

carbonates and differentiate between CaCO3 polymorphs. Results indicate that calcite was the only 

calcium carbonate polymorph present in all cores. XRD analysis also confirmed that all carbonate 

minerals within the studied cores and from source rock were low magnesian calcites (<2.2 

%MgCO3) (Bischoff et al., 1983; Titschack et al., 2011). The median MgCO3 content of the calcite 

in the source material and at Stations 18 (2016), 17 (2016), and Anticosti (2017) were 0.88%, 

0.80%, 0.50%, and 1.13% respectively. The organic carbon content (1.44-1.73 weight % at Station 

18 (2016), 0.61-1.72 weight % at Station 17 (2016) and 0.33-1.61 weight % at Station Anticosti 

(2017)) of the sediments generally decreases smoothly with depth at all sampling sites (see Table 

2.2a-g).  

 

 Pore water pHT decreases abruptly below the SWI but recovers and eventually stabilizes 

with depth. This pattern mirrors that of the calcite saturation state (ΩCalcite), which also sharply 

decreases below the SWI but increases with depth (see Table 2.2a-g). Pore water calcium 

concentrations at Station 18 (2016) and Station Anticosti (2017) increase below the SWI before 

decreasing steadily with depth. In contrast, at Station 17 (2014), pore water calcium concentrations 

gradually decrease below the SWI (see Table 2.2a-g). The dissimilatory reduction of metal oxides 

(Mn(III) and Fe(III)) occurs immediately below the oxic zone where increased concentrations of 

pore water Mn(II) and Fe(II) are observed (see Table 2.2a-g). Total alkalinity (TA) and Dissolved 

Inorganic Carbon (DIC) concentrations generally increase consistently with depth in each core. 

Soluble Reactive Phosphate (SRP) concentrations increase with depth at Station 18 (2016) but, at 

Station Anticosti (2017), after an initial increase with depth, they sharply decrease below 15 cm 

depth (see Table 2.2a-g). Dissolved Silica (DSi) concentrations increased substantially 

immediately below the SWI and were relatively invariant for the remainder of the profile. 

 

 

 

 



2.5 – Discussion  

 

 The accumulation and preservation of detrital CaCO3 in the sediments of the Gulf of St. 

Lawrence varies both spatially and temporally. Accumulation of Inorganic Carbon varies with 

proximity to Anticosti Island, with the highest concentrations at Station Anticosti (the closest 

station to the island) and accumulation decreasing into the trough (see Figure 2.3). The fate of 

detrital CaCO3 and evidence of its dissolution in response to bottom-water acidification in the Gulf 

of St. Lawrence sediments is explored by examining the temporal evolution of solid-phase and 

pore water profiles at the three stations near Anticosti Island. Sedimentation rates are quite low 

within the central Gulf and Laurentian Trough and were estimated at 0.13 cm/year at Station 17 

and 0.18 cm/year at Station 18 (Smith and Schafer, 1999; Genovesi et al., 2011). Despite the 

progressive oxygen depletion and concomitant acidification of the overlying waters over the past 

century, unlike the LSLE, the water column and overlying waters in the study area remain 

supersaturated  with respect to calcite (ΩC>1). Therefore, we can expect most of the detrital CaCO3 

supplied from Anticosti Island to survive the journey through the water column to the seafloor, 

allowing us to assume a constant supply of CaCO3 to the sediment over time (i.e., steady state), at 

least over the period represented by the recovered cores. Available historical data of the OLW 

carbonate chemistry at Station 18 suggest that ΩCalcite has decreased substantially from 2006 to 

2016 at Station 18 (1.83 to 1.36) but has remained relatively stable from 2013 to 2016, fluctuating 

only slightly in response to the expansion and contraction of the O2/pH minimum zone (Gilbert et 

al., 2005). In contrast, the ΩCalcite at Station 17 has remained stable between 2010 and 2016 (see 

Table 2.1). Ultimately, as acidification amplifies and these bottom waters become less saturated 

with respect to calcite, less metabolic CO2 production, resulting from oxic diagenesis of 

sedimentary organic matter, will be required to generate an undersaturation in the pore waters and 

trigger CaCO3 dissolution in the oxic layer of the sediment. 

 

 The most compelling evidence of CaCO3 dissolution in the sediment can be seen from the 

Inorganic Carbon (IC) profiles at Stations 18 (2016) and Anticosti (2017). The IC content of the 

sediment is constant (steady state) at depth but decreases progressively as the sediment-water 

interface (SWI) is approached (see Figure 2.2). At Station 18 (2016), this equates to a 24% 

decrease in IC abundance within the first centimeter. Likewise, at Station Anticosti (2017), the IC 



content is nearly invariant at depth, with the exception of a couple deviations (likely due to the 

presence of shells), but increases towards the SWI, indicating loss of IC at or close to the SWI (see 

Figure 2.4). Dissolution was quantified through the integration of the amount of CaCO3 lost to 

dissolution in relation to the steady-state concentration at depth. Results indicate that at Station 18 

(2016), 5.72 µmol/cm2 of CaCO3 dissolved over the first 8 cm (1x1x8cm). Likewise, 19.4 

µmol/cm2 has been dissolved at Station Anticosti (2017) over the same depth interval.  

 

Evidence of sedimentary CaCO3 dissolution can also be observed in the pore waters within 

the top 1 cm at Station 18 (2016), which coincides with the Oxygen Penetration Depth (OPD) in 

these sediments (Silverberg et al., 2000), as further supported by the initiation of Mn(III)/Fe(III) 

oxide reduction and the accumulation of pore water Mn(II)/Fe(II) below this depth (see Table 2.2a-

g). The oxic degradation of organic matter leads to the accumulation of metabolic CO2 in sediment 

pore waters, which in turn, leads to the release of protons (H+) and ultimately a decrease in pH 

(Mucci et al., 2000). Assuming that the composition of organic matter can be represented by the 

Redfield stoichiometry (Redfield et al., 1963), the suite of diagenetic reactions in marine sediments 

and their effects on AC, pH and Ω are outlined in Table 2.3. 

  

Accordingly, the outcome of oxic degradation of organic matter can be observed by a 

sudden drop in pH immediately (within the first centimeter) below the sediment-water interface 

(SWI). Pore water pH, however, increases with depth below the oxic layer as the remineralization 

of OM proceeds by Mn(III)/Fe(III) oxide reduction (see Table 2.2a-g and Table 2.3). The overlying 

waters (OLW) at Station 18 are supersaturated with respect to calcite (ΩC = 1.36; see Table 2.2a-

g), but the pH decrease induced by the oxic respiration of OM drives the ΩCalcite below saturation 

(ΩC =0.86) (see Figure 2.5; see Table 2.2a-g). The drop in ΩCalcite below saturation within the first 

centimeter of the sediment should trigger the dissolution of the detrital carbonates reaching the 

seafloor and buried immediately below the sediment-water interface (see Table 2.2a-g). Clear 

evidence of CaCO3 dissolution is observed from the increased pore water calcium concentration 

immediately below the SWI (relative to the OLW whose [Ca2+] can be calculated from their 

salinity to be 10.21 mmol/kg; see Table 2.1). At Station 18 (2016), pore water calcium 

concentrations increase by ~3.4% within the first cm below the SWI, (10.21 to 10.56 mmol/kg; 

see Figure 2.5; see Table 2.2a-g) but gradually decrease with depth as authigenic CaCO3 



precipitation occurs in response to alkalinity production following suboxic and anoxic degradation 

of sedimentary organic matter. The pore water calcium concentration is positively correlated to 

the IC content and negatively to ΩCalcite below the SWI (p=0.00559), strongly suggesting that 

CaCO3 dissolution is occurring just below the SWI.  

 

Although significant detrital calcite dissolution occurs at Station 18, a comparison of the 

IC profiles from 2003, 2013 and 2016 reveals that diagenetically-driven dissolution of sedimentary 

IC in the oxic zone at this station has increased over at least the past decade (see Figure 2.2). 

Dissolution is evident in 2013 and 2016 from the presence of a negative spike in IC content 

(relative to the surface) immediately below the SWI, but this excursion is not observed in 2003. 

The lack of evidence of calcite dissolution at the surface of the core recovered in 2003 may be due 

to the loss of the first few millimeters of the core during sampling. To determine the amount of 

detrital CaCO3 lost through dissolution in each core, we integrated to a depth of 8 cm (the vertical 

extent of dissolution), using the historical record at depth of the steady-state CaCO3 accumulation 

rate. The results (2003 - 4.07 µmol/cm2, 2013 - 4.36 µmol/cm2; 2016 - 5.72 µmol/cm2) clearly 

show the progressive dissolution of CaCO3 over the last 13 years. This phenomenon is even more 

striking when we limit the integration to the first centimeter (oxic layer): 1.66 µmol/cm2 in 2003 

and 3.19 µmol/cm2 in 2016. These values also reflect an increase in dissolution rate from 0.30 

µmol/cm2/year in 2003 to 0.58 µmol/cm2/year in 2016. The overall increase (~93%) between 2003 

and 2016 in dissolution rate translates into a significant decrease in the preservation of CaCO3 

during this time. This confirms that active dissolution at this station has increased in magnitude 

and rate over the span of 13 years. Evidence of CaCO3 dissolution in these sediments was present 

in 2003, but by 2013 it had further developed and by 2016 it had greatly intensified (p=0.00296). 

Hence, CaCO3 dissolution (burn-down) at Station 18 has accelerated between 2003 and 2016. 

 

 Evidence of CaCO3 dissolution in the first 1.5 cm centimeters of sediment can also be 

observed from the pore water profile at Station Anticosti (2017), but unlike at Station 18, active 

CaCO3 dissolution appears to extend to 1.5 cm depth, as the OPD appears to be deeper. This is to 

be expected because of the lower OC content (0.33-1.61 wt%) of the sediment at this station. 

Below the SWI, pH decreases but recovers quickly with depth as Mn(III)/Fe(III) oxide reduction 

intensifies. The overlying waters (OLW) at Station Anticosti are also supersaturated with respect 



to calcite (ΩC = 1.29; see Table 2.2a-g), but oxic respiration of OM drives down the pH and the 

ΩCalcite well below saturation (ΩC =0.81) by 1.5 cm depth (see Figure 2.4; see Table 2.2a-g) and 

triggers the dissolution of the detrital carbonates buried below the sediment-water interface at this 

site (see Table 2.2a-g). Like at Station 18, a pore water calcium gradient provides evidence of 

active CaCO3 dissolution, as calcium concentrations increase by ~11.1% relative to the OLW 

within the first 1.5 cm of the core below the SWI (10.20 to 11.33 mmol/kg see Figure 2.4; see 

Table 2.2a-g) but gradually decrease with depth as authigenic CaCO3 precipitates during suboxic 

and anoxic diagenesis. Like at Station 18, the pore water calcium concentrations at Station 

Anticosti are positively correlated to ΩCalcite and negatively correlated to the IC content below the 

SWI (p=0.0220), evidence that CaCO3 dissolution occurs below the SWI. Curiously, pore water 

Soluble Reactive Phosphate (SRP) concentrations do not increase throughout this core as they do 

at Station 18. Instead, SRP steadily increases to a depth of ~15 cm then its concentration decreases 

sharply, suggesting that it is adsorbing to the surface of sedimentary carbonates, which are three 

times more abundant at Station Anticosti than at the two other stations investigated in this study 

(Berner and Morse, 1974; Reddy, 1977; Millero et al., 2001). The lower range of SRP 

concentrations could also be attributed to the lower OM content of these sediments, the source of 

pore water SRP, at Station Anticosti (0.33-1.61 weight % OC) in comparison to Station 18 (1.44-

1.73 weight % OC). 

 

 Even though there is clear evidence of CaCO3 dissolution in the oxic layer of the sediments 

at Stations 18 and Anticosti, it is undiscernible at Station 17. Box cores taken at Station 17 in 2010, 

2014 and 2016 and the IC profiles show no evidence of ongoing dissolution (see Figure 2.6), as 

the IC content of the sediment is relatively uniform throughout the cores except for positive 

deviations in 2014 and 2016 which are likely attributable to adventitious CaCO3 hard parts 

(mollusk shells). Located closer to the Cabot Strait, the OLW at Station 17 are slightly more 

supersaturated than at the other sampled stations (ΩCalcite = 1.48 (2016), 1.62 (2014) and 1.46 

(2010)), thus requiring the production of more metabolic CO2 to generate a pore water 

undersaturation in the oxic layer of the sediment. The OC content of the sediment at Station 17 is 

also slightly less (0.61-1.72 weight % OC) than at Station 18 (1.44-1.73 weight % OC), as is the 

sedimentation rate (0.13 vs 0.18 cm/year). This likely decreases the sediment oxidant demand and 

rate of oxic diagenesis and metabolic CO2 production relative to the two other stations. On the 



basis of the IC profiles alone, we cannot discern dissolution of CaCO3 in the sediments at Station 

17 yet, but it should develop in the future upon further acidification of the OLW. 

 

No significant variation was found (18 - p=0.9151, 17 - p=0.8765, Anticosti - p=0.9368) 

between the MgCO3 content of the source material and the carbonate minerals preserved in the 

sediments (see Figure 2.7). The stable oxygen and carbon isotope compositions (∂13C & ∂18O 

VPDB) of the source rocks and sedimentary carbonate minerals recovered at the three study sites 

were also compared and significant differences were found (all p<0.00001; see Figure 2.8). 

However, the ∂13C (VPDB) signatures are generally more stable than the ∂18O, as they are expected 

to alter or reset long after the latter and only upon recrystallization of the original material (Ahm 

et al., 2018).  The ∂18O (VPDB) signature of the source material is notably depleted in 18O (relative 

to modern seawater), likely because they were precipitated during a global greenhouse period 

(Ordovician and Silurian) when the ocean had a large glacial meltwater component (Desrochers, 

2006; James et al., 2015). Carbonate minerals preserved in the sediments recovered at the three 

stations within the Laurentian Trough are enriched in 18O relative to the source material. The 

enrichment may reflect the preferential dissolution of the light isotope (16O) and enrichment in the 

heavier isotope (18O) detrital material during early diagenesis (Bickert, 2006). More likely, the 

stable oxygen isotopic composition of these carbonates was reset to near modern values by isotope 

exchange as the fine grained material settled through the water column and accumulated in the 

sediment (Ahm et al., 2018). Even though it is not as pronounced, there is a significant difference 

in the ∂13C signature of the source rock and the carbonate minerals in sediments recovered from 

the Trough. Given that the ∂13C signature of the source rock is not expected to be reset as fast as 

the ∂18O signature (Ahm et al., 2018), this discrepancy likely reflects remineralization of CaCO3 

below the SWI from pore waters in which lighter DIC has accumulated upon the microbial 

degradation of organic matter (Bickert, 2006).  

 

2.6 – Summary and Conclusions 

 

 With the exception of Station 17, the seaward-most station visited in this study, the 

preservation of detrital carbonates within the Gulf of St. Lawrence sediments has been greatly 

affected by the recent oxygen depletion and its concomitant acidification of the bottom waters. 



The acidification of the bottom waters within the Trough to the south-west of Anticosti Island has 

caused their saturation state (ΩCalcite) to decrease enough that the production of metabolic CO2 

within the oxic zone of the sediment, immediately below the sediment-water interface (SWI), is 

now sufficient to generate calcite-undersaturated pore waters and trigger the dissolution of CaCO3 

particles that reach the seafloor. This is clearly reflected in variations of the IC content of the 

sediments below the SWI at Station 18 and Station Anticosti where the lost CaCO3 through 

dissolution over the first 8 cm (1x1x8cm) amounts to 5.72 µmol/cm2 and 19.4 µmol/cm2 

respectively. Likewise, pore water calcium concentrations increase significantly at both stations 

immediately below the SWI, complementing the sharp decrease in IC below the surface. Based on 

the available multi-year data, we can conclude that the amount and rate (+93%) of dissolution of 

CaCO3 minerals has intensified at Station 18 between 2003 and 2016. The increased dissolution 

rate is the result of a notable drop in the ΩCalcite (1.83 to 1.36) of the OLW between 2005 to 2016, 

allowing the production of metabolic CO2 in the pore waters to further amplify the undersaturation 

that develops within the oxic layer of the sediment and drive greater calcite dissolution. Finally, 

seaward of the latter two stations, at Station 17, evidence of CaCO3 dissolution could not yet be 

discerned, as the saturation state of the OLW at this station (ΩCalcite = 1.46-1.62) is higher and the 

production of metabolic CO2 in the oxic zone of the sediment is lower given the slightly lower 

organic carbon accumulation rate. 
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Figure 2.1: Map of the St. Lawrence Estuary and Gulf, Upper St. Lawrence Estuary (USLE), 
Lower St. Lawrence Estuary (LSLE) and Gulf of St. Lawrence (GSL). Stations 17, 18 and
Anticosti are also indicated. 



Figure 2.2: Inorganic carbon (IC) vertical profiles at Station 18 for the years 2003, 2013 and 2016.
The amount of CaCO3 lost to dissolution was calculated (to 8 cm depth, 1 cm x1 cm x 8 cm) to be:
2003 - 4.07 µmol/cm2, 2013 - 4.36 µmol/cm2, 2016 - 5.72 µmol/cm2. 



 

Figure 2.3: Inorganic carbon (IC) vertical profiles showing variations in CaCO3 accumulation 
within the Gulf of St. Lawrence sediments. Concentrations decrease with distance from the island.



Figure 2.4: Inorganic carbon (IC) content and pore water calcite saturation state and [Ca2+] vertical 
profiles at Station Anticosti (2017). The amount of CaCO3 lost to dissolution was calculated from
the IC profile (to 8cm depth, 1x1x8cm) to be 19.4 µmol/cm2. 



Figure 2.5: Inorganic carbon (IC) content and pore water calcite saturation state and [Ca2+] vertical 
profiles at Station 18 (2016). 

 



Figure 2.6: Inorganic carbon (IC) vertical profiles of Station 17 for the years 2010, 2014 and 2016.
Large subsurface deviations in the 2014 and 2016 cores are likely due to the presence of 
adventitious shells (molluscs) or large CaCO3 hard parts. 



  
Figure 2.7: Box plots comparing the range of mol% MgCO3 of the source carbonate rock and the 
detrital carbonates within the Laurentian Trough sediments near Anticosti Island. 
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Figure 2.8: Box plots showing the difference between the stable carbon and oxygen isotope 
signatures of the source carbonate rock and the detrital carbonates within the Laurentian Trough 
sediments near Anticosti Island. 
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Chapter 3: Summary and Conclusions 

 
3.1 – Summary of Research 

 

Since the onset of industrialization, the oceans have absorbed just over a quarter of the 

anthropogenic CO2 emitted to the atmosphere (Feely et al., 2004; Sabine et al., 2004; Sabine and 

Feely, 2007; Feely et al., 2009). This has led to a decrease in the surface ocean pH by an estimated 

0.1 unit, corresponding to a 30% increase in proton concentration in solution (Caldeira and 

Wickett, 2005). Assuming the “business-as-usual” scenario (IS92a), CO2 concentrations will 

exceed 700 ppm by the end of this century, leading to a further decrease in surface ocean pH by 

an additional 0.3-0.4 unit. A decrease in pH of this magnitude will drastically change the speciation 

of Dissolved Inorganic Carbon (DIC) in seawater, lowering the carbonate ion concentration by 

~50%. Consequently, this will greatly lower the saturation state of the surface ocean with respect 

to calcite and aragonite, reducing the capacity of calcifying organisms to precipitate their shells or 

exoskeletons as well as affect their preservation on the seafloor.  

 

Since the early 1930’s, the minimum dissolved oxygen (DO) concentrations in the bottom 

waters of the Lower St. Lawrence Estuary (LSLE) and the Gulf have decreased dramatically from 

125 μmol/L in the 1930’s, to values as low as 49.4 μmol/L in 2017 (Gilbert et al., 2005; Mucci et 

al., 2011). Gilbert et al. (2005) concluded that depleted DO concentrations are primarily the result 

of changing mixing ratios, on the eastern Canadian continental margin, of the two major source-

water masses, the Labrador Current Water (LCW) and the North Atlantic Central Water (NACW), 

that flow landward along the Laurentian Channel/Trough through Cabot Strait into the Gulf of St. 

Lawrence and ultimately into the Lower St. Lawrence Estuary. Further depletion of the bottom-

water oxygen concentration is caused by the microbially-mediated oxidation of organic matter 

settling from the surface through the poorly ventilated, strongly stratified water column of the Gulf 

and Estuary. This has led to the accumulation of metabolic CO2 in the bottom waters, their 

acidification and a decrease in pH of as much as 0.3-0.4 pH unit, mimicking conditions expected 

for the average surface ocean by 2100.  

 



Sediments of the Laurentian Trough a nearly devoid of CaCO3, except from the seafloor 

around Anticosti Island where detrital carbonates accumulate. This area of the Laurentian Trough 

is an ideal site to study the impacts of ocean acidification on the preservation of sedimentary 

CaCO3 minerals. To the best of our knowledge, the preservation and dissolution of carbonate 

minerals in these sediments has not been documented. Accordingly, this research project had three 

major objectives to address: (1) Determine if dissolution of detrital carbonates occurs in the 

Laurentian Trough sediments in response to the recent acidification of the bottom waters in the 

Gulf, (2) Determine if preservation of these detrital carbonates has varied over time and (3) 

Investigate if preservation varies spatially within the Gulf. To address these objectives, box cores 

were taken over the past ~15 years at three stations (17 (2010, 2014, 2016), 18 (2003, 2013, 2016) 

and Anticosti (2017)) in the Gulf of St. Lawrence, in the vicinity of Anticosti Island. Significant 

CaCO3 dissolution was observed at Station 18 (2016) and Station Anticosti (2017) as the inorganic 

carbon content was depleted in the top 8 cm of each core. Pore water profiles confirm the active 

dissolution of carbonate minerals within the oxic layer of the sediment as they become 

undersaturated with respect to calcite (1>ΩCalcite) and calcium concentrations increase immediately 

below the sediment-water interface (SWI). The evolution of CaCO3 dissolution over time was 

documented at Station 18 over the years 2003, 2013 and 2016. The results revealed an acceleration 

in the rate of dissolution within the first centimeter (oxic layer - 1x1x1cm) starting with 0.30 

µmol/cm2/year in 2003 and intensifying to 0.58 µmol/cm2/year in 2016, equivalent to a ~93% 

increase in the dissolution rate over the span of 13 years. This increase in dissolution is attributed 

to a notable decrease in ΩCalcite (1.83 to 1.36) of the Overlying Waters (OLW) at Station 18 between 

2006 and 2016. Although these waters are still supersaturated with respect to calcite, the 

accumulation of metabolic CO2 during oxic diagenesis generates calcite-undersaturated pore 

waters and triggers dissolution. The progressive acidification of the bottom waters over this time 

span (2006 to 2016) means that less metabolic CO2 is required to generate undersaturated pore 

waters in the oxic layer of the sediment and leads to a decreased preservation of carbonate minerals 

at this station. Finally, we observed that preservation of CaCO3 varies spatially within the Gulf. 

Whereas significant dissolution is observed at both Stations 18 and Anticosti, it was undetectable 

at Station 17. This discrepancy likely reflects the higher saturation state of the OLW at Station 17 

(ΩCalcite =1.48) than at the other stations (18; ΩCalcite = 1.36, Anticosti; ΩCalcite = 1.29), requiring 

more metabolic CO2 production to generate undersaturated pore waters. Furthermore, the 



sedimentation rate at Station 17 is slightly lower (0.13 cm/year) than at the other stations (18; 

0.18cm/year) which, when accompanied with an overall lower sedimentary organic carbon 

content, accounts for a lower sediment oxidant demand and rate of oxic diagenesis and metabolic 

CO2 production. 

 

3.2 – Implications to Ocean Acidification Research  

 

 The calcium carbonate minerals that accumulate in deep-sea sediments can potentially 

neutralize all of the anthropogenic CO2 transferred to the deep ocean making them its ultimate 

short-term sink (100-1000 years) (Archer et al., 1998). Currently, most of the surface ocean is 

supersaturated (Ω>1) with respect to both aragonite and calcite. The anticipated drop in surface-

ocean pH of 0.3-0.4 unit by the end of this century, based on the IPCC “business-as-usual” 

scenario, will have a profound effect on the saturation state (Ω) of the surface ocean with respect 

to calcium carbonate minerals. By then, most of the ocean will be undersaturated with respect to 

aragonite and slightly supersaturated with respect to calcite. Hence, aragonite secreting organisms 

such as pteropods and corals may no longer be able to grow and may become extinct. 

Coincidentally, these environmental conditions are mirrored by those found in the bottom waters 

of the Lower St. Lawrence Estuary (Mucci et al., 2011). Therefore, the most powerful implications 

that can be drawn from this project is its use as a natural analogue for projected surface ocean 

conditions by 2100 and the fate of fossils carbonates that accumulate on shallow platforms. At a 

pHT of 7.7 (ΩC = 1.29), which correspond to the carbonate chemistry of the OLW in this study, 

the preservation of low magnesium calcite in sediments is greatly diminished as significant 

dissolution was observed in the sediments at two of the three sites investigated in this study. The 

time series at Station 18 displayed a large decrease in the saturation state of the OLW between 

2006 and 2016, from ΩC =1.83 to 1.36.  This has caused a significant decrease in CaCO3 

preservation in the oxic layer (first cm) of the sediment as well as an increase in its rate of 

dissolution. Given that low magnesium calcite is the least soluble (i.e., most stable) calcium 

carbonate polymorph, high magnesium calcites and aragonite would be more susceptible to 

dissolution. Morse et al. (2006) dubbed high magnesium calcites (>12 mol% MgCO3) that 

accumulate in shallow-water deposits (e.g., carbonate platforms) as the “first responders” to ocean 

acidification due to their higher solubility, which even exceeds that of aragonite. Thus, high 



magnesium calcites will dissolve first in a sequence of decreasing MgCO3 content (until 12 mol%), 

followed by aragonite and lastly by low magnesium calcites. Furthermore, a decrease in the 

surface-ocean pH, of the magnitude anticipated by the end of this century, would lower the average 

MgCO3 content of calcites accumulating on shelves and decrease the overall abundance of 

aragonite (Morse et al., 2006). This, ultimately, would be detrimental to a variety of marine 

calcifiers (pteropods, foraminifera, gastropods, etc.) (Fabry et al., 2008; Doney et al., 2009). Many 

of these organisms are keystone species, lying at the base of the marine food web or play an integral 

role in its function, making this an issue of grave ecological importance. The fate of these 

biocalcifiers, however, is highly species dependent, as some organisms may adapt while others 

perish (Doney et al., 2009). 

 

3.3 – Future Directions and Final Remarks 

  

 The results of this project have provided a framework for future studies of the CO2-H2O-

CaCO3 system in the Gulf of St. Lawrence and other marine environments subjected to intensified 

acidification by characterizing the extent of carbonate dissolution on both a spatial and temporal 

scale. Future work should include data collection (pH, pCO2, DIC, TA) on a decadal scale to 

characterize the evolution of the carbonate system. This provide future researchers with a record 

of the evolution of acidification within the Gulf, as was done by Mucci et al. (2011) in the Lower 

St. Lawrence Estuary. Dissolution of detrital carbonates accumulating in sediments at Station 17 

is not yet detectable, but will likely develop within the near future as pH decreases further in the 

bottom waters of the Gulf. Therefore, Station 17 is a site of particular interest for which both 

sediment and pore water chemistry should be monitored in time. Another interesting direction 

would be to core along a transect between Station 18 and Station 17 to determine the extent of 

CaCO3 dissolution as one moves seaward in the Gulf and bottom-water saturation states 

progressively decrease. Monitoring of Stations 18 and Anticosti should be continued, as over the 

past decade the preservation of CaCO3 has decreased notably and accelerated. Variation of ∂13C 

between pore water DIC and the solid phase IC were observed in this study, suggesting that 

contributions to pore water DIC originate from both OM degradation and IC dissolution. However, 

without the elaboration of a diagenetic model, such as presented in Gehlen et al. (1999), the relative 

contributions of these two processes to the pore water DIC pool cannot be differentiated.  An 



estimate of the DIC contributed from CaCO3 dissolution, in conjunction with pore water calcium 

concentration profiles could further constrain the magnitude of dissolution within the core.  
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